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Abstract 
I investigate postseismic and interseismic deformation using two-dimensional models of a ver- 
tical strike-slip fault in an elastic layer over a viscoelastic region. Central to  this, I derive an 
analytic framework to  include general linear viscoelastic rheologies into models of interseis- 
mic deformation. Models with multi-viscous viscoelastic rheologies predict multiple phases 
of postseismic and interseismic deformation. For instance, with bi-viscous Burgers rheolo- 
gies there is transient deformation early in the seismic cycle, while the deformation is steady 
later in the cycle. Only layered models with multi-viscous rheologies predict multiphase 
postseismic deformation. Fault models containing a steady component of relaxation, evolve 
to  mature states after a sufficient number of fault ruptures. The mature surface deformation 
is unrelated to  the steady deformation at depth and depends only on the rupture history 
and locking depth of the fault and the rheologies of the model. With periodic ruptures, the 
mature deformation is cycle invariant. If the recurrence time or magnitude of the ruptures 
then change, the interseismic velocities vary significantly from cycle to cycle as they evolve 
toward new cycle invariant velocities. The time for a model to equilibrate to  an invariant 
state is proportional to  the time scale of the steady component of viscoelastic relaxation, 
and the effect of prior fault activity is only negligible in models with weak rheologies. The 
interseismic deformation observed both before and after the 2004 Parkfield, CA, and 1999 
Izmit, Turkey, earthquakes can be approximated by a model with multi-viscous viscoelastic 
rheologies. The deformation at Parkfield is approximated using a rheology with possibly two 
transient viscous phases (relaxation times about one and 3-12 months) and a steady viscous 
phase with a time scale much longer than 20 years. The deformation at 1zmit is described by 
a model with a Burgers rheology with transient and steady relaxation times of three years 
and about 500 years or more. 
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Chapter 1 
Introduction 
There have been many studies of geodetically observed interseismic deformation [e.g., Savage 
and Burford, 1973; Bourne et al., 1998; Peltzer et al., 2001; Pollitz, 2003; Johnson and Segall, 
2004; Meade and Huger, 2005; Pollitz and Nyst; 20051. Except for deformation following large 
earthquakes, interseismic deformation is almost always relatively steady and comprises strain 
concentrated within a few locking depths of faults [e.g., Smith and Wyss, 1968; Sauber et al., 
1994; McCluslq et al., 2000; Peltzer et al., 2001; Freymueller, 20041. The observed steady 
deformation is interpreted as due to  either the steady velocities a t  depth [e.g., Bourne et 
al., 19981, transient deformation due to  the most recent earthquakes [e.g., Pollitz and Nyst, 
20051, or the cumulative effects of all previous earthquakes [e.g., Savage and Prescott, 19781. 
Researchers frequently interpret localized interseismic strain observed across faults to 
imply that strain is also localized at  depth, and that the deformation at the surface is a 
replica of the deformation at depth [e.g., Bourne et al., 1998; Flesch et al., 2000; Jackson, 
20021. The implicit assumption that the deformation at the surface is a replica of that at 
depth is that elastic strains are unimportant in the geodetic data and the lithosphere behaves 
viscously over seismic cycle time scales [e.g., Bourne et al., 19981. In addition to several 
previous studies [Li and Rice, 1987; Savage, 1990; Roy and Royden, 2000; Zatman, 20001, 
throughout this thesis I demonstrate that the elastic component of the lithosphere's rheology 
is in fact important and that deformation at the surface is a record of strain accumulation 
on active faults. 
A second interpretation of interseisniic deformation assumes that localized strain is solely 
due to postseisniic transients fionl recent ea,rthquakes, while siniple and/or pure shear loads 
the fault [e.g., Vergnolle et al., 2003; Freed and Burgmann, 2004; Pollitz and Nyst, 20051. 
Along this same vein, most models of postseismic deformation ignore all but the last earth- 
quake [e.g., Hearn et al., 2002; Hetland and Huger, 2003; Pollitz, 2003; Freed and Biirgmann, 
20041. In the event that the steady relaxation times of the lithosphere are much shorter than 
the rupture recurrence times, this interpretation is actually a subset of the third, although 
it is rarely recognized as such. In this thesis I argue that this interpretation is only valid in 
this rheological limit. 
A third interpretation of interseisniic deformation derives from a model, which I refer to 
as the standard model of interseismic deformation, developed in a series of seminal papers 
by J. Savage and colleagues at the United States Geological Survey, PllIenlo Park [e.g., Savage 
and Prescott, 1978; Savage and Lisowski, 1998; Savage, 20001. Their model is of an infinite 
length strike-slip fault in an elastic layer overlying a Maxwell viscoelastic half-space, and 
represents interseismic deformation as the cumulative effects of all previous earthquakes. 
When the Maxwell viscosity of the lower half-space is small, the int erseismic deformation 
long after the previous fault rupture is simple shear, and p~st~seismic deformation after an 
earthquake is due solely to that earthquake. Alternatively, as the viscosity of the lower 
half-space becomes large, the interseismic deformation becomes that of the elastic model of 
Savage and Burford [1973]. The st,andard model is based on t,he the classic elastic half-space 
model (CEHM) of Savage and Burford [1973], in which the fault is loaded by steady sliding 
on the down-dip extension of the fault. It is commonly thought that the standard model 
only holds for this, rather implausible, fault loa,ding model; however, as I demonstrate in this 
thesis, the fault loading condit,ions are not crucial to the predictions of the standard model. 
In this thesis, I argue that the standard model is the correct model for the int,erpretation 
CHAPTER 1: INTRODUCTION 13 
of interseismic deformation; however, it makes several assumptions that probably are not 
applicable to the lithosphere. For instance, the standard model assumes that the fault 
ruptures with constant repeat time and constant coseismic displacement, but fault ruptures 
rarely occur regularly through time [e.g., Sharp, 1981; Wallace, 1987; Grant and Sieh, 1994; 
Murray and Segall, 2002; Bennett et al., 2004; Weldon et al., 20041. Additionally, the 
standard model assumes that the shear modulus is uniform throughout the model, and many 
researchers have demonstrated that it is important to  account for variations in shear moduli 
in both kinematic and dynamic models [e.g., Rybicki, 1971; Chinnery and Jovanovich, 1972; 
Savage, 1987; Huger et al., 19991. Finally, the most crucial assumption is that the lithosphere 
can be approximated with a Maxwell viscoelastic rheology, while in fact, the inelastic region 
of the Earth has a much richer time dependence than that predicted by models with Maxwell 
viscoelastic rheologies [e.g., Carter and Awe 'Lallemant, 1970; Sabadini et al., 1987; Ivins, 
1996; Hearn et al., 2002; Jackson et al., 2002; Pollitz, 2003; Freed and Burgmann, 20041. 
It is precisely because the standard model is limited to  Maxwell viscoelastic rheologies, 
that it fails to describe many observations of interseismic deformation. For instance, the 
standard model predicts that if strain is concentrated across a fault immediately before 
an earthquake, then there will be little to no postseismic transient deformation following 
a rupture on the fault. On the other hand, if there is significant postseismic deformation, 
then the velocities across the fault prior to the rupture should have been close to  simple 
shear. Large postseismic transients were observed following the 1992 Landers and 1999 Hec- 
tor Mine earthquakes in the eastern California shear zone (ECSZ) in southern California 
[e.g., Savage et al., 20031, the 1999 1zmit and Diizce earthquakes on the North Anatolian 
fault (NAF) in Turkey [e.g., Ergintav et al., 20021, the 2002 Denali earthquake on the Denali 
fault system (DFS) in Alaska [e.g., Freymueller, 20041, and the 1966 and 2004 Parkfield 
earthquakes on the San Andreas fault (SAF) in central California [e.g., Smith and Wyss, 
1968; http: //sopac .ucsd.edu/projects/parkfield] . However, prior to  all of these earthquakes, 
the surface deformation showed large concentrations of strain on the faults that ruptured: 
ECSZ [e.g., Sauber et al., 1994], NAF [e.g., McClusky et al., 20001, DFS [e.g., Freymueller, 
20041 , and SAF [e.g., Harris and Segall, 19871. Moreover, observed post,seismic deformation 
following these earthquakes cannot be adequately described using the single phase of relax- 
a'tion predicted by models with hiaxwell rheologies [e.g., Ivins 1996; Pollitz, 2003; Freed and 
Burgmann, 2004 Monte'si, 2004; Pollitz, 20051. To explain these postseismic observations, 
researchers have proposed models that incorporate rheologies with more than one compo- 
nent of viscoelastic relaxation, where each viscosity is assumed to correspond to a distinct 
phase of surface deformation. These multi-viscous rheologies range from linear viscoelastic 
rheologies containing two viscous relaxation times [e.g., Ivins, 1996; Pollitz, 2003; Pollitz, 
20051 to  non-linear rheologies with a continuous spectrum of relaxation times [e.g., Freed and 
Burgmann, 2004; Monte'si, 20041. 
In this thesis I only consider models with linear viscoelastic rheologies. It is convenient to 
consider viscoelastic rheologies by mechanical analogue models composed of springs, accom- 
modating elastic deformation, and dash-pots, acc~mmodat~ing deformation due to  creep and 
relaxation (Figure 1-1) [e.g., Burgers, 1939; Fliigge, 1967; Fzndley et al., 19761. A spring in 
series with a dash-pot is a Maxwell viscoelastic element, the conceptual model of a Maxwell 
rheology, representing initial elasticity followed by a creep or a relaxation phase of defor- 
mation (Figure 1-1). Due to the creep/relaxation of the dash-pot, the deformation of the 
Maxwell element is non-recoverable with time. A spring in parallel with a dash-pot is a 
Kelvin element (Figure 1-1); the Kelvin element is sometimes referred to as a Kelvin-Voight 
or Kelvin-Voigt element, but in this thesis I follow Fzndley et nl. 119761 and refer to it 
as a Kelvin element. With an applied stress, the dash-pot in the Kelvin element creeps, 
leading to a delayed elasticity, arid is fully recoverable. The Kelvin element is incapable 
of instantaneous elasticity; however. combining a Kelvin element in series with a spring is 
the mechanical analogue model of a Standard Linear Solid (SLS) rheology, often referred to 
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elastic viscous Maxwell Kelvin 
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Figure 1- 1 : Mechanical analogue models of viscoelastic materials. 
as a three parameter solid (Figure 1-1). Multi-viscous rheologies can be conceptualized by 
combining a Maxwell element in series with one or more Kelvin elements [e.g., Flugge, 19671. 
For example, a Maxwell element in series with one Kelvin element is the analogue model of 
the Burgers viscoelastic rheology (Figure 1-1) [Burgers, 19391. The Burgers rheology is often 
referred to as a Burgers' Body, but in this thesis I follow Fzndley et al. [I9761 and refer to 
it as a Burgers rheology, or, more simply, a Burgers model. A Burgers rheology is capable 
of two phases of relaxation (one recoverable and one non-recoverable), hence the Burgers 
rheology can be said to be biviscous. 
The Maxwell viscoelastic rheology is ubiquitous in models of crustal deformation and is 
implemented in a variety of finite element modeling programs used in studies of crustal de- 
formation [e.g., Rundle and Jackson, 1977; Lyzenga et al., 1991; Hager et al., 1999; Hetland 
and Hager, 2003; Smith and Sandwell, 20041. The SLS is probably the second most common 
viscoelastic rheology in models of interseismic deformation [e.g., Nur and Mauko, 1974; Co- 
hen, 1982; Pollitz et al., 20001. The Burgers rheology has only been used in a few models 
of crustal deformation [e.g., Pollitz, 2003; Pollitz, 20051; however, Burgers rheologies have 
been proposed to  explain geophysical phenomena on vastly different time scales, from seismic 
wave attenuation [e.g., Jackson et al., 20021 to post-glacial rebound [e.g., Peltier, 1985; Yuen 
et al., 1986; Sabadini et al., 19871, as well as to describe experimental deformation of Eart,h 
materials [e.g., Carter and Awe -Lallemant. 1970; Mackwell et al., 1985: Chopra, 1997; Smith 
and Carpenter. 19871. 
In this thesis I focus on two-dimensional models of infinit,e length, strike-slip faults and I 
kinematically prescribe all fault ruptures. Infinite length faults are obviously not appropriate 
for Earth, and three-dimensional effects are important in models of interseismic deformation 
[e.g., Chkry et al., 2001; Lynch et al., 2003; Smith and Sandwell, 20041. By neglecting the 
frictional response to  fault loading [e.g., Scholz, 19981, I do not address issues pertaining to 
rupture occurrence [e.g., Bonafede et al., 1986; Kenner and Szmons, 20051, instead I only 
consider the viscoelastic response to given ruptures. Nevertheless, appreciable insight into 
interseismic deformation is gained from these simple, kinematic two-dimensional models. 
This thesis is divided into six main chapters, in addition to brief Introduction and Con- 
clusions chapters. In Chapter 2, I derive an analytic theory of postseismic and interseismic 
deformation in models of infinite length, vertical strike-slip faults in an elastic layer over a lin- 
ear viscoelastic half-space. In Chapter 3, I examine interseismic deformation as a fault model 
evolves to a mat'ure state, as well as when the slip-rate of the fault is not constant through 
time. In Chapter 4, I demonstrate that, for a Maxwell rheology, mature interseismic defor- 
mation at the surface does not depend on the steady velocities at depth, and only depends 
on faulting and the rheologies of the model. In Chapter 5, I extend the theory presented in 
Chapter 2 to geometries of two layers over a half-space, and I examine the effects of rheolog- 
ical layering and model dimensions on postseismic deformation. In the final two chapters, 
I apply t,hese models to  the observed interseismic deformation near the 2004 Parkfield, CA, 
earthquake (Chapter 6) and the 1999 ~zmi t ,  Turkey; eart'hquake (Chapter 7). All chapters 
are self-contained, with an abstract, introduction and conclusions sections, as well as a list of 
references, and have been published, are under review, or are being prepared for publication. 
Chapter 2 has been published in the .Jour~ial of Geophysical Research? Chapter 3 is in review 
at Geochmlistry, Geophysics and Geos.ystenas, C h ~ p t e r  4 has been published in Geophysical 
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Research Letters, Chapter 5 is being submitted to Geophysical Journal International, and 
Chapters 6 and 7 are in preparation. 
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Chapter 2 
Post seismic and Int erseismic 
Displacements Near a Strike-Slip 
Fault: a 2D Theory for General 
Linear Viscoelast ic Rheologies 
Abstract 
We present an analytic solution for the deformation near an infinite strike-slip fault in an 
elastic layer overlying a linear viscoelastic half-space. The theory is valid for any linear vis- 
coelastic rheology and any earthquake sequence. This is a generalization of the work of J.C. 
Savage and colleagues, which only holds for models with uniform shear modulus, Maxwell 
viscoelastic lower half-space and periodic rupture recurrence. We demonstrate the theory 
for models of an elastic layer over a Maxwell, standard linear solid, Burgers and triviscous 
half-space. For each of these models, we calculate example postseismic displacements, in- 
terseismic displacements in a periodic earthquake sequence, and interseismic displacements 
for a non-periodic earthquake sequence. Our solution is for a simple geometry; however, 
the model presents an elegant tool to  explore the evolution of displacements for relatively 
complex rheologies and rupture recurrence histories. 
2 ~ h i s  chapter was published as: Hetland, E.A., and B.H. Hager (2005), Postseismic and interseismic 
displacements near a strike-slip fault: A two-dimensional theory for general linear viscoelastic rheologies, J. 
Geophys. Res., 110, B10401, doi:10.1029/2005JB003689. 
2.1 Introduction 
The two dimensional, time-dependent solution of the interseismic displacements near a strike- 
slip fault, proposed by Savage and Prescott [1978], has been widely used to guide intuition 
about interseismic displacements and the earthquake cycle [e. g., Savage, 1990; Lisowskz et 
al., 1991; Meade and Huger. 2004; Wernzcke et al., 20041 as well as to model geodetic data 
[e.g., Dzxon et al., 2002; Segall, 2002; Dzxon et al.. 20031. While this model is an elegant tool 
for building intuition. it makes several assumptions that probably are not applicable to the 
lithosphere. In this paper, we present a more general form of the model. 
Nur and Mavko [I9741 demonstrated that the time-dependent displacements following a 
dislocation in an elastic layer overlying a viscoelastic media could be obtained from an elastic 
solution by using the Correspondence Principle of viscoelasticity. Using the image solution 
of Rybickz [1971], and following Nur and Mavko [1974], Savage and Prescott [I9781 used the 
Correspondence Principle to solve for the surface displacements throughout a seismic cycle 
from a fault breaking an upper elastic layer overlying a h~laxwell viscoelastic half-space. 
Savage and Prescott [I9781 assumed that the shear modulus in the upper layer and half- 
space was identical, and that successive ruptures occurred with constant repeat time and 
constant coseismic displacement. Savage and Lzsowskz [I9981 reformulated the solution of 
Savage and Prescott 119781 and Savage [2000] extended the model to the displacements at 
depth, as well as at the surface: most modern calculations of the seismic cycle model are 
done using one of these later fornlulations. The transformation Savage and Prescott [I9781 
used to account for the time dependence due to Maxwell viscoelastic relaxation has been 
used in geometrically more complex models [e.g., Savage, 2000; Pollitz, 20011. 
The main prediction of the model of Savage and Prescott [I9781 is that when the seismic 
repeat time is smaller than twice the relaxation time scale of the hlaxwell half-space, the 
velocities throughout a seisrnic cycle will be approximately const ant and roughly equal to  the 
deformation predicted by an elastic half-space model. Only when the seismic repeat time is 
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long compared to  the Maxwell relaxation time will the surface velocities vary appreciably. A 
consequence of this behavior is that if the velocities before an earthquake can be described 
by an elastic half-space model with parameters appropriate for the fault, then there will 
be little to no postseismic transient deformation. On the other hand, if there is significant 
postseismic deformation, then the velocities across the fault should be close to  simple shear 
and slower than those predicted by an elastic half-space model. Geodetic observations before 
and after large strike-slip ruptures are often contrary to these predictions. For instance, 
large postseismic transients were observed following the 1999 Izmit and Diizce earthquakes 
on the North Anatolian fault [Ergintav et al., 20021; however, before the earthquakes the 
velocities across the fault were described using an elastic half-space model appropriate for 
the North Anatolian fault [Meade et al., 20021. We show below that a model with a biviscous 
rheology, in contrast to the univiscous Maxwell rheology, may be able to  explain both of these 
preseismic and postseismic observations. 
In this paper, we generalize the solution of Savage and Prescott [I9781 to  hold for any 
linear viscoelastic rheology and a non-periodic fault rupture history, or earthquake sequence. 
In the lithosphere, the variation in shear modulus with depth has been shown to be signif- 
icant on surface displacements [e.g., Hearn et al., 20021, and recent studies of postseismic 
deformation have indicated that the inelastic region of the Earth has a much richer time de- 
pendence than the single exponential decay predicted by models with Maxwell viscoelastic 
rheologies [e.g., Iuins, 1996; Hearn et al., 2002; Pollit4 2003; Freed and Biirgmann, 20041. 
Additionally, recent paleoseismic studies have indicated that rarely do earthquakes occur 
periodically [e.g., Grant and Sieh, 1994; Bennett et al., 2004; Weldon et al., 20041. Since 
the surface displacements are of principle interest to  modeling of geodetic data, we present 
the analytic derivation of only the surface displacements. However, the solution for the 
displacements at depth can be achieved directly using the derivation presented here, as the 
geometry factors are not dependent on the rheologies. 
For illustrative purposes, we apply the general linear viscoelastic theory to four viscoelas- 
tic rheologies of the lower half-space: 1) Maxwell, 2) standard linea,r solid (SLS)7 3) Burgers, 
and 4) a triviscous rheology. For brevity. we refer to the model of an ela,stic crust over a 
h?axwell half-space as the Maxwell model, and similarly for a SLS, Burgers and triviscous 
half-space. The Maxwell linea,r viscoelastic material is the most widely used rheology in 
models of crustal deformation [e.g. , Freed and Lin, 2001; Pollitz et al., 2001; Hearn et al., 
2002; Kenner and Segall, 2003; Johnson and Segall, 20041. The Maxwell rheology is an- 
alytically simple, parameterized by one number, and is implemented in a variety of finite 
element modeling programs used in studies of crustal deformation. The SLS is probably the 
second most popular viscoelastic medium in postseismic deformation studies [e.g., Nur and 
Mavko, 1974; Cohen, 1982; Pollitz et al., 20001. SLS rheologies, which are often referred to 
as three parameter solids, are analytically as simple as Maxwell; however, compared to the 
non-recoverable Maxwell rheologies, SLS rheologies are fully recoverable. Pol litt et al. [2000] 
noted that the Maxwell rheology is contained in the SLS rheology, and used the SLS as a 
semi-general rheology. Researchers have also proposed that the inelastic lithosphere should 
be modeled with a biviscous rheology, using either a heterogeneous model [Iuins, 19961 or a 
Burgers rheology [Pollitz, 20031. The Burgers viscoelastic rheology is often referred to as a 
"Burgers' Body". In this paper we follow Fzndley et al. [I9761 and refer to it as a "Burgers 
rheology", or more simply a "Burgers model". Burgers rheologies have been proposed to  ex- 
plain post-glacial rebound [e.g., Peltier. 1985: Yuen et al., 1986; Sabadznz et al.: 19871, as well 
as deformation experiments of mantle [e.g., Mackwell et al., 1985; Chopra, 19971 and crustal 
[Carter and Awe Zallemant, 1970; Srnzth and Carpenter, 19871 material. A Burgers rheology 
is capable of two phases of rela~a~tion (one recoverable and one non-recoverable), hence the 
Burgers rheology can be said to be biviscous. There have not been any st'udies that have 
proposed that a triviscous rheology is appropriate for the lithosphere; however, we include it 
for demonstrative purposes. The triviscous rheology is composed of two recoverable phases 
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of relaxation and one non-recoverable phase. 
In this paper, we derive the time-dependent solution for the postseismic and interseismic 
surface displacements. Typically, when referring to displacements within a seismic cycle, re- 
searchers distinguish between the postseismic displacements (early transient displacements) 
and interseismic displacements (displacements later in the cycle, considered secular); in this 
paper we refer to all displacements during a seismic cycle as interseismic, and we refer to the 
transient displacements after an earthquake ignoring the reloading of the fault as post seismic. 
For completeness, we review the Correspondence Principle and the image solution of Rybicki 
[I9711 under correspondence. We present the derivations of the analytic solutions for general 
linear viscoelastic rheologies and non-periodic earthquake sequences. We demonstrate the 
solution applied to the four example viscoelastic rheologies, and apply the models to post- 
seismic and interseismic displacements for both a periodic and a non-periodic earthquake 
sequence. We construct our non-periodic sequence by periodically repeating a non-periodic, 
finite sequence of earthquakes. As the model is anti-symmetric, we only present one-half of 
the model throughout this paper 
2.2 Background and Theory 
2.2.1 Correspondence principle of viscoelasticity 
In two-dimensional models of strike-slip faults, only the shear stresses and strains are non- 
zero. Only considering shear, the equation of motion for a linear viscoelastic media is 
where o and E are sliear stress a,nd engineering shear st,rain, respectively. @ and \Ilr are t,he 
differential operat,ors 
dk q, d k  
@=Eqk-- and \Ilr=Eqk-- 
k=O dtk k=O dtk 
where 4,+ and are constants determined from t,he rheological properties of the media 
[e.g., Flugge, 1967; Findley et al., 19761. Throughout this paper we refer to qbk and y5k 
as stress and strain coefficients, respectively, and collectively as material coefficients. The 
material coefficients are not defined uniquely with respect to  the rheological properties and 
different authors use different definitions, a.chieved by redistributing rheological properties 
in equation (2.1). Taking the Laplace transform of equation (2.1) (46 = @2; where we 
denote ,C { f ( t ) ]  = f ( s )  to be the Laplace t,ransform of function f (t) and L-' {f(s)) = f (t)  
to be the inverse Laplace transform of f (s), and we specify functions of t and s as f and f ,  
respectively) the differential operators become polynomials in s 
4 = &(s) = C $ k s k  and @ = @ ( s )  = Cgkskl  
and the transform of the equation of motion can be rewritten a,s 
where h(s) = @/&, a ratio of two polynomials in s .  This illustrates the well known Cor- 
respondence Principle of viscoelasticity [e.g., Hugge, 19671, which states that the Laplace 
transform of the equations of motion of all linear viscoelastic materials are identical to  the 
equation of motion of an elastic media (0 = p , ~ ) .  Therefore, an ela,stic solution can be used 
to construct a time-dependent viscoelastic solution by replacing p, with b(s) in the Laplace 
domain: hence we refer to ,G(s) as the equivalent shear modulus of a viscoelastic material. 
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2.2.2 Image solution under correspondence 
R ybicki [I9711 gave the solution for the displacements at the surface due to a fault rupturing 
with displacement b from depth 0 - D in an elastic layer of thickness H > D and shear 
modulus pc overlying an elastic half-space of shear modulus p. In the notation of Savage 
and Prescott [1978], the displacements are given by 
where I' is a coupling or reflection coefficient given by 
and 
Wn = Wn(x, D,  H) = tan-' (4n2H2 2Dx - D2 + x2 > 
where the + and - signs are for x > 0 and x < 0, respectively. For the remainder of this paper 
we only consider x > 0. Wn and I? contribute to the perturbations on the half-space solution 
due to the image dislocations [Rybicki, 19711. We choose to non-dimensionalize equation 
(2.7) by D, so that the non-dimensional distance is x* = x lD,  which when substituted into 
equation (2.7) gives 
2x* W,* = W i  (x*, 6) = tan-' ( 2 ~ ~ 6 ) ~  - 1 + xk2 
where 6 = H I D  > 1. We show W; for three values of 6 and n in Figure 2-1. 
Following Nur and Mavko [1974], Savage and Prescott 119781 demonstrated that the time- 
dependent displacements due to viscoelastic relaxation in the lower half-space could be found 
via the Correspondence Principle, where the fault rupture history is imposed by replacing 
Figure 2-1: W,* (x*, 6 = H I D )  for n = 1, 4 and 10. 
the scalar b by the function b(t) .  The Laplace transform of the image solution is 
x 
G(x, s) = - . 
1 O0 
tan-' -) + - C G(s)Fn(s) wn 
7r D n 
n=l 
and 
where b,(s) and b(s) are the equivalent shear moduli of the upper layer and lower half-space, 
respectively. ?(s) completely describes the rheologies of the upper layer and the half-space, 
hence its inverse transform describes the time dependence of the displacements for particular 
rheologies due to the coupling between the upper layer and the lower half-space. The inverse 
transform of F(s) is complicated by the multiplication by &(s), which in the time domain is 
the convolution 
Taking the inverse Laplace transform of equation (2.9), the time-dependent displacements 
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are given by 
while the velocities are given by the time derivative, v ( x ,  t )  = u(x, t )  . Since the summation 
in n is infinite, we need to truncate the summation at some nfi,,l, the particular value of 
nfi,,] depends on the time and distance ranges desired, as will be described below. 
2.2.3 rn ( t )  for general viscoelastic rheologies 
Savage and Prescott [I9781 recognized that for the case of an elastic layer (of shear modulus 
p) overlying a Maxwell linear viscoelastic half-space (of shear modulus and viscosity p and 7,  
respectively), equation (2.10) reduces to  in(s)  = (-) whose inverse Laplace transform 
is known. For the general problem of a linear viscoelastic layer (jic(s) = @,(s)/&,(s)) 
overlying a linear viscoelastic half-space (ji(s) = @ (s) /& (s)) , equation (2.10) is 
which is a ratio of two polynomials, the order of which is the product of the largest orders of 
the differential operators of the upper layer and the half-space. We restrict this study to the 
specific problem of an elastic layer (@,(s) = p,, &,(s) = 1) overlying a linear viscoelastic 
half-space, so rn ( s )  reduces to 
where q = max(q$, q4), and @i = 0 and 4, = 0 for i > q+ and j > qo, respectively, and 
q+ and q4 are defined in equation (2.2). When the denominator and numerator of equation 
(2.14) are factorable, with roots a k  and ,Ok, respectively, r n ( s )  simplifies to 
where q, and qg are the number of roots and y = pc+clp -@up pc&a +@qa is the ratio of the leading 
coefficients of the polynomials of equation (2.14). The units of s, C Y ~ ,  and ,Ok are inverse 
time, and the units of y are time(qo-qa). 
The inverse Laplace transform of equation (2.15) can be identified directly by using the 
Laplace transform relation 
where 
q(s) = (s - (s - aZ)rn2 - (s - aq)rn' , 
ai # ~ l j  for i # j are real, x is a polynomial of degree 5 ml + - . + m, and 
dl-1 
x(s) l i d s )  = {yo (S - a*)mk ) I 
which is found by the method of partial fractions [e.g., Churchill. 1944; Roberts and Kaufman, 
19661. The order of the polynomial in the numerator of equat,ion (2.15) is always less than 
or equal to the order of the polynomial in the denominator (since the denominator always 
involves addition of positive numbers), thus q, 2 qg and we assume (for now) that all a k  are 
distinct and that a k  and ,tIk are real. Using the transformation relation above, substituting 
mk = n, V k E [1,q = q,]; we find 
Q(Y n 
m ( t )  = . C C ( 0; tn-leakt 
k = l  1=1 
(n - l)! (1 - I)! 
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with 
were a, and p, are the set of roots in equation (2.15) (e.g., a, = {ai / i E [I ,  q , ] } )  and {. . .Is 
signifies evaluation at s. 
Noting that the inverse of the roots a k  are natural time scales in rn ( t ) ,  we non-dimensionalize 
time by the absolute value of one of the roots, say la, 1 ,  so that t la,l is the non-dimensional 
time. Since the choice of time scale is not unique for q, > 1, we represent the non-dimensional 
time as T, = tlcu,l. We order the set of roots with 1cull-' < /a,,/-', so that v = 1 and v = q, 
refer to the time scales of the fastest and slowest relaxation phases, respectively. To deter- 
mine rn(r,) from equation (2.19), we first non-dimensionalize the dual of time (s, = slla, 1 )  
in equation (2.20), yielding the relation 
so that 
The non-dimensional form of I?" is then 
where y, = yla,l"-9,. Given two half-space rheologies with sets of roots {a,, DL} and 
{a:, PI}, we non-dimensionalize time by a, and a; for each of the models. If = 
I a v l  IQII' 
Pi - 
- @J and yv =y:, then r;(la,lt) = r ; ( l~ ; l t ) .  
We define Pse to  denote the product over the set of indices S,, 
where el = {ei I i E S,}, and we adopt the shorthand notation Pse 3 PsQ(s, eL;p),  where for 
Q = a (P), S, = {i 1 i E [1, q,]} (Sg = {i 1 i E [I, q D ] } )  and p = -n (fn) .  We define 
to denote the exclusion of the indices in set E from the product, where (S, - E) is a set 
subtraction. By Leibniz' rule of differentiation of products [e.g., Boas, 19831 we find 
- where ~ ( j )  = -$P and p !  - (p-lc)!lc! are the binomial coefficients. Noting that for 
Gi = (s - pi), &G: = &LG' ds d~~ = d G p  ~~ 2 7 the derivatives of P are found by application of 
the chain rule, which leads to the recursion relation 
for m 2 0,  where 
R(P, k) = P(P - l ) (p  - 2) - - .  (p - Ic). 
Note that R(p, k) = 0 for k 2 p, which reflects that once p = n all derivatives of ( s  - Qi)n-n = 
1 are zero. The exclusion not.ation introduced above holds for derivatives of P over the 
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summation and product, i.e. 
We implicitly assume that niEO ( -  . .) = 1 and xi,@ (. -) = 0, where 0 denotes the empty-set. 
In all of the applications presented in this paper, all roots of the denominator of equation 
(2.14) (ak) are distinct; however, when the roots are not all distinct, the above solution holds 
for mk = nkn in equation (2.16), where nk is the number of times the root a k  is repeated. 
For a particular choice of a viscoelastic half-space, we need to identify the operators @ and 
!P for the media, and after verifying that the roots of equation (2.14) are real we directly 
use equation (2.19) to determine rn (t). 
2.2.4 b( t )  * Fn( t )  for an earthquake sequence 
Savage and Prescott 119781 noted that the fault history function for a periodic earthquake 
sequence can be represented as the summation of steady-sliding of two quarter spaces, back- 
slip on the fault, and episodic fault displacement during the earthquake. In steady-sliding, 
each side of the fault has block-like motion at the far-field velocity, where the displacements 
on either side of the fault are constant with distance away from the fault (Figure 2-2). Steady- 
sliding ensures that the far-field moves at the long term fault slip rate, and in this model we 
do not impose far-field velocity boundary conditions. The back slip model is such that the 
fault slips constantly with a velocity equal to the negative of the far-field velocity, while in 
the episodic fault rupture model the fault instantaneously slips forward at the desired fault 
rupture times. In the back-slip and episodic rupture models, the interseismic displacements 
with respect to the distance away from the fault are given by equation (2.12) (Figure 2-2). 
The superposition of steady-sliding, back-slip and episodic fault ruptures results in a 
model in which, from 0-D, the fault slips forward instantaneously during the earthquake 
steady-sliding back-slip 
interseismic 
deformation 
Figure 2-2: Cartoon representation of the steady-sliding and back-slip models, as well as the 
total deformation during an interseismic period. 
and is locked at other times. At depths greater than D the fault slips steadily at the far-field 
velocity, while the coseismic stresses diffuse in the viscoelast ic half-space. In this model, 
steady-sliding of the downward continuation of the fault loads the locked portion of the fault 
and drives the far-field. At depths greater than the maximum depth of viscoelastic stress 
diffusion, shear is entirely localized on the downward continuation of the fault. Whereas in 
a model that was driven by far-field velocity conditions, at sufficient depths the deformation 
is simple shear, assuming there are no lower boundary conditions. For a periodic earthquake 
sequence, after a sufficient number of ruptures the displacements do not depend on the num- 
ber of prior ruptures, and the surface displacements do not depend on the steady deformation 
at depth [e.g., Li and Rice, 1987; Savage, 1990; Hetland and Huger, 20041. During the first 
several cycles, the displacements predicted by the deepslip model will be larger than those 
after many ruptures, since the initial displacements are the postseismic relaxation from the 
first earthquake plus the steady-slip at depth. In a model driven by far-field velocity con- 
ditions, the displacements following the first few earthquakes will be smaller than those at 
steady-state, since the displacements will be the postseismic plus those of simple shear due 
to the far-field velocities. We discuss the dependence on the steady displacements at depth, 
for both periodic and non-periodic sequences, below. 
Savage and Prescott [I9781 only considered the back-slip of an elementary earthquake 
cycle, and they constructed a complete periodic earthquake sequence by superposing a series 
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of elementary cycles shifted in time by the period of the cycle. We modify the episodic back- 
slip model of Savage and Prescott [I9781 so that it is valid for general non-periodic earthquake 
sequences, as well as periodic ones. Savage and Prescott 119781 expressed b(t) * rn ( t )  in terms 
of incomplete gamma functions. In this paper, we choose to follow a different approach, 
avoiding the incomplete gamma functions and using the Laplace transform relation given in 
equation (2.16). 
For a sequence of earthquakes, where the pth rupture occurs at time Tp with magnitude 
Ap, the rupture history function is 
where 'H(t - Tp) is the Heaviside step function, centered at Tp: 'H(t - Tp) = 1 for t > Tp, and 
zero when t < Tp, and L{'H(t - T,)} = e-sTp/s [e.g., Boas, 19831. For a periodic earthquake 
sequence Ai = and Ti+l -Ti is constant. The episodic rupture model plus the back-slip 
model is 
where v is the average slip-rate of the fault (v = A/T, where A and 7 are the average 
rupture offset and recurrence time, respectively), which is also the far-field velocity. The 
Laplace transform of equation (2.31) is 
and L{b(t) * rn( t ) )  is 
Since L-' {g (~)e -~ ' )  = g(t - a)'H(t - a) [e.g., Boas, 19831, the inverse transform of equation 
(2.33) is 
where 
with nol given by equation (2.26) with a0 = 0, 
and i2k(l-h) (aL,  PL; n) is defined in equation (2.26). 
To non-dimensionalize b(t) by the time scale Ia,l-l, we replace Tp with Tup = la,lTp in 
equation (2.31) and divide through by some characteristic rupture offset, A (A; = APIA), 
SO that v: = C A;/ (T,,, - T,) , yielding 
For a periodic earthquake sequence, defining the period of a seismic cycle to be 7 = Tp+l -Tp, 
we find the non-dimensional period Tla,l. For a model with a Maxwell half-space, with p, = 
p,, the non-dimensional period is 7-/2rM (see section 2.2.5.1), which is the parameter 7, as 
defined by Savage and Prescott [1978], sometimes referred to as the "Savage parameter." We 
extend the definition of the Savage parameter to  7, = 71al 1, which is the ratio of the seismic 
recurrence time to the relaxation time scale associated with the time scale of the fastest 
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phase of relaxation. The Savage parameter is important in controlling the amount velocities 
vary with time in both periodic [Savage and Prescott, 19781 and non-periodic [Meade and 
Huger, 20041 earthquake cycles. Since r0 is related to the Wallace number, r0 gives the 
stability of non-periodic rupture sequences, [e.g., Kenner and Szmons, 20051. Following the 
non-dimensionalization approach in Section 2.2.3, we find that for an earthquake sequence, 
b(r,) * rn(rV)/A is given by equations (2.34)-(2.36)) making the substitutions y -+ y,, 
Tp -+ TY,, A -+ A;, v -+ v:, a, a,/la,l, P, -+ /?,/la,l, and t -+ T,. Given two models 
with sets of roots {a,, P,) and {a:, PI), coefficients y and y', and rupture displacements A 
and A', b(r,) * rn(rU)/A = b(r;) * rn(r;)/A'. 
To compute only the postseismic displacements from a single earthquake of rupture mag- 
nitude A, ignoring the far-field velocity, we use the fault rupture history in equation (2.30) 
with To = 0, A. = A, and Ai = 0 V i > 0. Thus, for only the postseismic response from a 
single earthquake, the convolution in equation (2.12) is 
and b(r,) * r;(r,)/A is found by substituting y -+ y,, A -+ 1, ai -+ a i / I a u l ,  pi -+ Pi/lavl, 
and t -+ T, in equation (2.38) and its dependencies. 
2.2.5 Applications to specific media 
The theory we presented in the preceding section is valid for models with a half-space com- 
posed of any linear viscoelastic rheology, given that the roots of equation (2.14) exist and 
are real. For illustration, we apply the theory applied to four models: an elastic layer over 
Maxwell, standard linear solid (SLS) , Burgers (a biviscous material), and triviscous vis- 
coelastic half-spaces. For brevity, we refer to these models as the Maxwell, SLS, Burgers, 
and triviscous model. For any model, we only need to determine the material coefficients (q& 
and q!+) of the half-space material, after which all calculations can be performed numerically. 
However, in this section we determine the roots analytically in order to highlight the method, 
as well as establish the time scales for each of the models. We simplify and plot rn(t) for a 
few simple cases. 
In models of viscoelasticity, it is convenient to  consider mechanical analogue models 
composed of a configuration of springs (accommodating elastic deformation) and dash-pots 
(accommodating deformation due to creep and relaxation) [e.g., Fliigge, 19671. A spring 
in series with a dash-pot is a Maxwell viscoelastic element, representing initial elasticity 
followed by a creep or a relaxation phase of deformation. Due to the creep/relaxation of the 
dash-pot, the deformation of the Maxwell element is non-recoverable with time. A spring in 
parallel with a dash-pot is a Kelvin element; the Kelvin element is sometimes referred to as 
a Kelvin-Voight or Kelvin-Voigt element; in this paper we follow Findley  e t  al. [I9761 and 
refer to it as a Kelvin element. The Kelvin element is incapable of instantaneous elasticity; 
however, with an applied stress the dash-pot will creep leading to a delayed elasticity. The 
deformation of the Kelvin element is fully recoverable. 
2.2.5.1 Maxwell half-space 
A Maxwell element is the conceptual model of a Maxwell linear viscoelastic material, where 
the dash-pot has a viscosity of 7, and the spring has a shear modulus pm (Figure 2-3a). 
The equation of motion for a linear Maxwell viscoelastic media is first-order (q+ = qq = 1) 
and the material coefficients are 
where TM is the Maxwell relaxation time. 
To find the roots in equation (2.15) we simplify equation (2.14) for a linear Maxwell 
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Figure 2-3: Mechanical analogue models of Maxwell (a), standard linear solid (b), Burgers 
(c) , and triviscous (d) viscoelastic materials. 
viscoelastic half-space. When p, # pm equation (2.14) reduces to 
where q, = qg = 1 and 
where a and ,8 are the addition and subtraction, respectively, and la1l-' is the time scale 
associated with the Maxwell model, which is always real. When p, = p, = p, 
so that q, = 1, a1 = -p/2q, and qg = 0. We then obtain rn( t )  directly from equation 
(2.19). When p, = pm = p, the time scale given in equation (2.41) reduces to 1/2rM and 
Figure 2-4: (rl) (left) and r?(r l )  W,* (1,l) (center) for n = 1-40 using a Maxwell model 
with p, = p,, rl = t/2rM, and H I D  = 1. We show the square root of r;(rl) . W,' to  amplify 
the low magnitudes, and the power = lr;(r1) W,'(l, 1) ldrl for each n is shown (right). 
because Sp = S, - {1) = 0, Ol1 = 1 and Oil = 0 for 1 > 1 (i.e., all derivatives are zero). We 
can non-dimensionalize rn( t )  by lal 1 = 4 2 7  
where = t/2rM is dimensionless time when p, = p,. When p, = Xp,, time scales as 
1 X 
--
TM l+x'  and a/lall = (1-X) / (X+l)  and y, = (X-1)/X for p, # p,, and when p, = p,, 
Dl/ lal 1 = 1 and y, = 1, hence I'; (71) is constant for constant X .  Equation (2.45) is identical 
to the result obtained by Savage and Prescott [I9781 using the specific Laplace transform 
pair of Erddlyz et al. [1954]. 
rn ( t )  entirely describes the time response of the deformation in the upper layer due to 
relaxation in the half-space following faulting in the upper layer. The diffusional nature of 
the Maxwell material is apparent in rn ( t )  where increasing values of n describe relaxation 
at longer times. Fn(t) is modulated by Wn in equation (2.12), and for increasing n, Wn + 0, 
so the contributions of higher modes of Fn(t) are small. We show Fn(t) for p, = p, and 
n = 1-40 in Figure 2-4. 
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2.2.5.2 Standard linear solid half-space 
The standard linear solid (SLS) is conceptually composed of a Kelvin element in series with a 
spring (Figure 2-3b). Hence, the SLS is capable of instantaneous elastic deformation followed 
by a delayed elasticity. The equation of motion for a SLS material is first-order (q4 = q+ = 1) 
and the material coefficients are 
where pe is the elastic shear modulus, pv and 17, are the shear modulus and viscosity of the 
Kelvin element (Figure 2-3)) and TK is the Kelvin relaxation time, which is the time scale 
leading to the delayed elasticity. 
For an elastic layer of shear modulus pc overlying a SLS half-space with material prop- 
erties given above, when pc # pe we find Pn(s) from equation (2.14) to be 
so that that q, = qp = 1 and the inverse of the time scale associated with the SLS model is 
which is always real. When p, = p, = p, qp = 0, q, = 1, 
and cul = -=. In the case when all of the shear moduli are equal (p,  = p, = pv = p) 
a1 = - 3 1 2 ~ ~ .  ASdemonstrated in Section 2.2.5.1, when q, = 1 and qp = 0, the only nonzero 
Figure 2-5: r;(r1) (left) and r;(rl) . W,* (center) for n = 1-20 using a standard linear solid 
viscoelastic half space with material p, = pe, r1 = 3t/2rK, and H / D  = 1. We show the 
square root of r;(rl) . W: to amplify the low magnitudes, and the power is shown (right). 
flkl is flll = 1, so that 
When all of the shear moduli are equal, the dimensionless time for the SLS is r1 = 3t/2rK, 
and 
For the SLS half-space, Fn(t) decays much faster with respect to n compared to the Maxwell 
half-space, for the same viscosities. We show rn( t )  for p, = p, and n = 1-20 in Figure 2-5. 
2.2.5.3 Burgers half-space 
A Burgers rheology is capable of both a recoverable and non-recoverable relaxation phase, 
and is considered a biviscous material. The mechanical analogue model of a Burgers rheology 
is a Maxwell element (with shear and viscosity of ,urn and qm) in series with a Kelvin element 
(p,, qv; Figure 2-3c). The equation of motion is second-order (q4 = q+ = 2) and the material 
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coefficients are 
[e.g., Findley et at., 19761. The relaxation time scales of the Maxwell element (rM = v m / p m )  
and the Kelvin element (rK = v v / p v )  appear in the material parameters, along with the 
time scale associated with the transfer of stress between the Kelvin and Maxwell elements 
( q r n / ~ v )  - 
For the case of an elastic layer overlaying a Burgers viscoelastic half-space with p, # pm, 
where 
Ji = pc$i + $ i  and X i  = pC& - $i. 
The roots of the polynomials in equation (2.53) are 
and 
which can be verified to be real. When p, = p,, X 2  = 0 and qp reduces to 1, Dl = -Ao/Xl, 
al,2 are as in equation (2.55), and 
~ I I ( Q L >  D L ;  n, tn-le"lt 021(aL7  n, t " - l e ~ Z t  
n - l ) ! ( l  - l ) !  + (n - l ) ! ( l  - l ) !  1=1 
where 7 = X i / c 2 ,  i = 1 and i = 2 for p, = p, and p, # p,, respectively. For the case when 
Figure 2-6: r;(rl) (left) and r;(rl) . W; (center) for n = 1-25 using a Burgers linear 
viscoelastic half space with p, = pm = p,, 77, = qv, = t (2 + fi)/2rBB, and HID = 1. We 
show the square root of r;(r1) .W; to amplify the low magnitudes, and the power is shown 
(right). 
PC = pm = pu = p and qm = 11, = 17, defining TBB G q/p, alj2 = and a = -1/2rBB. 
~ T B  B 
We can non-dimensionalize time by either lal 1 = (2 + fi)/2rBB or la2 1 = (2 - fi)/2rBB, 
corresponding to the fast and slow relaxation phases following a coseismic rupture. In Figure 
2-6, we show rn ( t )  with shear moduli equal, 11, = q,,, and n = 1-25. For n large, the series 
in equation (2.26) blows up due to computer precision. However, rn( t )  is quite small before 
the numerical instability is encountered and the contribution from rn( t )  at such values of n 
is negligible to the displacements (see below). 
2.2.5.4 triviscous material 
Finally, we consider a triviscous material, which is capable of two phases of recoverable 
relaxation in addition to an unrecoverable phase. The material is conceptually composed of 
a Maxwell element in series with two Kelvin elements, and we refer to the shear moduli and 
viscosities of the Maxwell and two Kelvin elements as p,, pl, and p2 and q,, rll and 772, 
respectively (Figure 2-3d). The equation of motion for this triviscous material is third-order 
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(q4 = q+ = 3) and the material coefficients are: 
Several time scales appear in the material coefficients, the time scales of the Maxwell (rM = 
qm/pm) and two Kelvin elements (ri = v i / b ,  i = 1,2), as well as the cross time scales 
(qm/~i ,  2 = 1 7  2)- 
For the case of an elastic layer (shear modulus pc # pm) overlaying a triviscous viscoelas- 
tic half-space, equation (2.15) becomes 
where ti and Xi  are given in equations (2.54). The roots of the polynomials in equation 
(2.59) can be determined analytically [e.g., Appendix I, Wang and Guo, 19891 or can be 
found numerically; moreover, the roots can be shown to always be real from the realness of 
the relaxation modulus for a triviscous material. When pc = pm7 X 3  = 0 SO qp reduces to 2 
and pi are given by equation (2.56). For the case when p, = pm = p1 = p2 = p, qm = q1 = q 
and q2 = '112, 
for i = 1-3 where u = $ cos-' (% 6) , and = -7$m5. rn(t) is found directly from 
equation (2.19), which we do not reproduce here. 
2.3 Displacements Due to Specific Fault Histories 
We demonstrate the theory using three fault histories: 1) postseismic displacements from 
a single earthquake ignoring the far-field velocity, 2) interseismic displacements for a peri- 
odic earthquake sequence, and 3) interseismic displacements for a non-periodic earthquake 
sequence. 
2.3.1 Displacements from a Single Earthquake 
In this section, we show the displacements and velocities due to postseismic relaxation fol- 
lowing a single earthquake, for an elastic layer overlying a Maxwell, a standard linear solid, a 
Burgers and a triviscous half-space. For each case, the displacements are given by equation 
(2.12), and b(t) * rn( t )  is given by equation (2.38)) where the roots (ai and Pi) and the coef- 
ficients (7) are outlined in the preceding sections. We compare the displacements predicted 
by our analytic solution to those calculated using the finite element package Adina (Adina 
R&D, Inc). For the finite element calculations, we use a relatively low precision model and 
a relatively high precision model. In both finite element models, the fault ruptures with 
a uniform slip from the surface to depth D,  and linearly tapers to zero from 1.0-1.2 . D, 
where the thickness of the elastic layer is 1.20. The models are 2000 by 2000, containing 
11,235 finite elements. We use four node rectangular elements and a time step of one-half the 
shortest relaxation time in the low-precision models, while in the high-precision models we 
used nine node elements and a time step of one tenth of the shortest relaxation time. In the 
finite element calculations, the taper of slip from 1.0-1.20 is exact, whereas in the analytic 
solutions we account for the taper by superposing 40 models with uniform slip extending 
from 0 - 1 + j 0.21400 for j = 0-39. Since H I D  is not constant for the individual slip mod- 
els, the displacements do not scale with D (see equation (2.8))) and we non-dimensionalize 
distance by D purely for convenience. The rheological parameters in both the finite element 
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Figure 2-7: (left) Displacements following a single earthquake in a Maxwell model with 
H I D  = 1 and various nfinal. (right) Displacements following a single earthquake, u,, (solid 
lines) compared to the displacements determined by finite element calculations (dashed lines; 
u, is the high precision model); model geometry is given in the main text. For all models 
pc = pm and 71 = t/2rW 
and analytic models are identical and are given below. 
2.3.1.1 Post seismic relaxat ion for a Maxwell half-space 
For the case of an elastic layer over a Maxwell viscoelastic half-space, the series over n in 
equation (2.12) converges faster in the near-field and at early time than in the far-field and at 
late time. When pc = p,, the displacements converge at n about lor1 (TI is the mechanical 
time scale of the relaxation, see section 2.2.5.1), in the near-field up to 15r1 (30 Maxwell 
times), while at distance 15H from the fault the displacements do not converge until n x 40 
(Figure 2-7). In the near-field the transient response decays quickly, while there is a slower 
decay in the far-field. 
The postseismic displacements predicted by equation (2.12) match the displacements 
from the finite element calculations quite well (Figure 2-7), with the exception of immediately 
after the earthquake, where the finite element model is not able to resolve the stresses at the 
fault tip well. Moreover, the difference between the analytic solution and the high-precision 
Figure 2-8: Displacements (left) and velocities (right) following a single earthquake in a 
Maxwell model with p, = Yp,, TI = TM m+l 7 and H I D  = 1. 
FE calculation is much less than the difference with the low-precision calculation, especially 
during early times. The discrepancy between the analytic solution and a finite element 
calculation with greater element density would be less. 
For each choice of p, and p,, the displacements due to postseismic relaxation are distinct, 
since the relaxation time scales and the y, coefficients are different. In Figure 2-8 we show 
the postseismic displacements and velocities for p, = 3pm/2, p,, and pm/2, so that time 
scales as 3/5rM, 1/2TM and 1 / 3 ~ ~ ,  respectively. The shear modulus of the continental crust 
is approximately 30GPa, while that of the mantle is about 70GPa, so p, = pm/2 is realistic 
for the continents. Assuming p, = pm results in a small, but non-negligible, difference in 
the predicted displacements (Figure 2-8). 
2.3.1.2 Postseismic relaxation for a s tandard  linear solid half-space 
For the case of an elastic layer over a SLS viscoelastic half-space, the series over n in equation 
(2.12) converges at low n~,,l for all times and distances (Figure 2-9). The postseismic 
displacements predicted by the analytic solution match the displacements from the finite 
element calculation quite well (Figure 2-9), again with the exception of immediately after 
the earthquake. 
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Figure 2-9: (left) Displacement following a single earthquake in a SLS model with HID = 1 
and various nfinal, and (right) postseismic displacements compared to the displacements 
determined by finite element calculations. pc = pv and r1 = 3/2rK 
For given moduli (pc,pe,pv), the displacements relax to distinct values. For pc = pe, and 
pv = pe7 2pe/3, and pe/3, time scales as 3/2rK, 7/4rK and 5/2rK, respectively. The dis- 
placements relax to profiles resembling the coseismic profile, exhibiting the delayed elasticity 
of the SLS material, where a weaker pv leads to a larger difference in coseismic and relaxed 
displacements (Figure 2- 10). 
2.3.1.3 Postseismic relaxation for a Burgers half-space 
For the Burgers half-space, at large n, the series in equation (2.26) blows up, however the 
magnitude of rn(t) is quite small before the numerical instability is encountered, and even 
out to 150  away from the fault, the displacements converge at n smaller than that where 
instability arises. The analytic solution matches the finite element calculations quite well, 
except during early times (Figure 2-1 1). 
When the relaxation time-scale of the recoverable Kelvin element is le.ss than that of 
the non-recoverable Maxwell element, the displacements relax rapidly immediately after the 
earthquake, followed by a slower relaxation. The initial relaxation is similar to the response 
Figure 2-10: (left) Displacements with respect to  time (right) and distance (left) following 
a single earthquake in a SLS model with p, = p,, p, = yp,, r1 = -- TK 2 m f 3  2m 7 and H I D  = 1. 
Gray line in the right panel is the coseismic displacements, and black lines are displacements 
at 7-1 = 10, where the line-style is as in the legend in the left panel. 
- numeric (low precision) 
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Figure 2-11: (left) Displacements following a single earthquake in a Burgers model with 
H I D  = 1 and various nfi,,], and (right) postseismic displacements compared to the dis- 
placements determined by finite element calculations. p, = ,urn = p,, 7, = 7, and 
7 1  = (2 f \/2)/2rBB- 
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Figure 2-12: Displacements through non-dimensional time (left) and an instance of re-scaled 
time (right) following a single earthquake in models with Maxwell, SLS, and Burgers vis- 
coelastic half-spaces and D / H  = 1. TI = lallt, where cul is the time scale associated with the 
fastest relaxation of each material. Time was rescaled using p, = 30GPa, the shear moduli 
relations in the left panel, and the indicated viscosities for the Maxwell, SLS, and Burgers 
half-spaces, where for the Burgers model qv is as in the legend in the left panel. 
of the SLS half-space when 7 ,  << q,,, while it is closer to the Maxwell model when 7, >> 17, 
(Figure 2-12). When time is rescaled, the initial Kelvin relaxation phase of the Burgers 
models is similar to appropriately rescaled Maxwell models, and only in later times is the 
relaxation of the hlaxwell element in the Burgers models apparent (Figure 2-12). During 
later times. the second phase of relaxation is similar to the slow relaxation of displacements 
predicted by a hlaxwell half-space with the same qm. 
2.3.1.4 Postseismic relaxation for a triviscous half-space 
For a triviscous half-space the solution again blows up at  large n, and we choose a sufficiently 
low nfi,,] to avoid the instabilities. The postseismic displacements converge at  short distances 
from the fault well before nfi,,,; however at  long distances from the fault and at late times 
the series does not quite converge by nfinal (Figure 2-13). The displacements truncated at 
nfi,,] compare well to the displacements predicted by the finite element calculation, except 
during early times near the fault and at later times far from the fault (Figure 2-13). The 
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Figure 2-13: (left) Displacement following a single earthquake in a triviscous model for var- 
ious nfi,,,, and (right) postseismic displacements compared to the displacements determined 
by a finite element calculation. p, = pm = p1 = p2, 11, = 71 = 2q2, and TI = I al It, where 
lal 1 is given in equation (2.60). 
former is due to mesh inadequacies in the finite element model as discussed above, whereas 
the latter is due to the truncation of the summation in n in equation (2.12). The postseismic 
displacements and velocities predicted by the triviscous half-space are similar to those for 
the Burgers half-space, except the triviscous model predicts a third relaxation phase. When 
the first Kelvin element in the triviscous model is identical to the Kelvin element in the 
Burgers model, while the second Kelvin element in the triviscous model is weaker than the 
first, early in time the displacements relax faster compared to the Burgers model, while later 
in time the rate of relaxation is similar (Figure 2-14). During the intermediate times, the 
tertiary relaxation phase dominates. 
2.3.2 Displacements due to periodic earthquakes 
The displacements through a seismic cycle in a periodic earthquake sequence are given by 
equation (2.12), using the convolution in equation (2.34), superimposed with the steady- 
sliding model. We demonstrate the displacements during a periodic earthquake sequence 
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Figure 2- 14: Displacements through non-dimensional time (left) and an instance of re-scaled 
time (right) following a single earthquake in models with Burgers (biviscous) and triviscous 
viscoelastic half-spaces with H I D  = 1, r1 = lal It, where a1 is the time scale associated with 
the fastest relaxation of each material. Time was rescaled in left panel using pc = 30GPa, 
vm = 10'~Pa-sec, and relations given in the right panel. 
(Figure 2-15) for models of Maxwell, standard linear solid (SLS), Burgers, and triviscous 
half-spaces using ro = 5 = 10lal 1 ,  where lal 1-l is the time scale associated with the fastest 
phase of relaxation (Figure 2-16). We use H I D  = 1 in all models, pc = pm in the Maxwell 
model, pc = p, = p, in the SLS model, pc = pm = p, and = q, in the Burgers 
model, and pc = pm = p1 = p2 and rl, = r]l = 2q2 in the triviscous model. After a 
sufficient number of ruptures, the interseismic displacements are the same in all earthquake 
cycles [e.g., Savage and Prescott, 1978; Li and Rice, 19871. When the displacements do not 
depend on the particular cycle, we say that the displacements (or velocities, etc.) are cycle 
invariant or that the system is at cycle invariance. The displacements following the initial 
fault rupture are larger than the invariant displacements (Figure 2-16) due to the constant 
slip on the continuation of the fault at depth. In the case when the far-field is driven by 
velocity boundary conditions and steady deformation at depth is simple shear, the initial 
displacements will be smaller than the invariant displacements, since the initial displacements 
are the postseismic displacements plus a simple shear profile. However, during invariance, 
the surface displacements do not depend on the steady deformation at depth [e.g., Li and 
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Figure 2-15: Six cycles of a periodic earthquake sequence and an elementary sequence in a 
non-periodic earthquake sequence; b ( ~ )  is the fault history function, A is a reference rupture 
displacement, and the non-dimensional time is T = t l 7 ,  where 7 is the recurrence time in 
the periodic sequence. 
Rice, 1987; Savage, 1990; Hetland and Huger, 20041. 
For the model of the Maxwell half-space, the cycle invariant velocities predicted by equa- 
tion (2.12) match those predicted by the solution of Savage [2000] (Figure 2-17a). The 
velocities throughout an invariant seismic cycle can be characterized as perturbations to the 
average velocity profile, which is identical to the elastic model of interseismic strain accu- 
mulation proposed by Savage and Burford [I9731 (v = tan-' 5 ,  referred to as the elastic 
half-space model; Figures 2-17 and 2-18). In models with weak rheologies, where the relax- 
ation time scale is short compared to the interseismic period (T, = TlcvtI greater than about 
I), the perturbations to the elastic model in the image solution become significant (Figure 
2-17). With sufficiently stiff rheologies, where the relaxation time scale is long compared 
to the interseismic interval (7, small), the velocities throughout the cycle are identical to 
the elastic half-space model (Figure 2-18). The invariant velocities in a periodic sequence 
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Figure 2-16: Displacements throughout cycles within a periodic earthquake sequence with 
T, = 5.0 and non-dimensional period 101all, where a1 for each material is given in section 
2.2.5. Dashed lines are the displacements during the cycle following the first rupture and 
solid lines are displacements during an invariant cycle. Displacements are for models with 
Maxwell (a), SLS (b), Burgers ( c ) ,  and triviscous (d) viscoelastic half-spaces, with H I D  = 1 
and rheological properties given in the text. 
Figure 2-17: Cycle invariant velocities throughout a cycle within a periodic earthquake 
sequence with T, = 5.0 = 101all. Velocities are shown at  t /T = 0.1, 0.4, 0.7 and 0.9 and 
are for models with Maxwell (a), SLS (b), Burgers (c), and triviscous (d) viscoelastic half- 
spaces, with properties as in Figure 2-16. Black dashed lines are the average velocity profile, 
and black dash-dot lines in panel a are velocities calculated using Savage [2000]. v,l is the 
fault slip-rat e. 
are faster than the elastic half-space model early in the cycle and slower than the elastic 
half-space model later in the cycle. When T, is large, the velocities for the SLS half-space 
are large immediately after the rupture, and quickly decay to a near-constant velocity profile 
slightly slower than the elastic half-space velocity profile (Figure 2-17b). In the Burgers and 
triviscous models, the velocities also decay relatively rapidly early in the cycle, while they 
decay at a slower rate late in the cycle (Figure 2-17c-d). 
It is possible to choose the material properties of a Burgers rheology such that early in 
the seismic cycle the velocities are similar to a Maxwell model, while later in the cycle the 
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Figure 2-18: Cycle invariant velocities throughout a cycle within a periodic earthquake 
sequence, with T~ = 0.5 = 10Iall, for Maxwell (a) and Burgers (b) models. Caption is as in 
Figure 2-17. 
velocities decay slowly and are similar to an elastic half-space model with a reasonable locking 
depth. We illustrate such a phenomenon in Figure 2-19, where the velocities in the Burgers 
model throughout the second half of the cycle are close to an elastic strain accumulation 
model with an apparent locking depth of 1.2-1.9 times the actual depth and an apparent s l ip 
rate of 90%-95% of the actual sliprate (Figure 2-19). For the Maxwell model, the velocities 
late in the cycle resemble an elastic half-space model with locking depth and slip rate 10 times 
and 90% of the actual values, respectively. Such a Burgers model may explain the geodetic 
velocities near the North Anat olian fault where the postseismic deformation showed large 
transients [Ergzntav et al., 20021 while the pre-earthquake velocities were described by an 
elastic half-space model appropriate for the North Anatolian fault [Meade et al., 20021. 
2.3.3 Displacements due to a non-periodic earthquake 
Our solution is valid for any earthquake sequence; however, we only demonstrate the solu- 
tion for one particular non-periodic earthquake sequence in this paper. We construct this 
demonstration rupture history function by periodically repeating an elementary rupture se- 
quence, which we refer to as a cluster. The elementary cluster is composed of a group of 
Figure 2-19: Interseismic velocities at  t /T = 0.02, 0.1, 0.4 (left) and at t /T = 0.4, 0.7, 
and 0.98 (right) during an invariant seismic cycle (7" = 2 0 ~ ~ )  for a Maxwell (pc = pm, 
1), = pmTM; thin solid lines) and Burgers (p, = pm = p,, IIM = 10 ~ , T M ,  17, = ~ , T M ;  thin 
dashed lines) model, with H I D  = 1. The average velocity profile for both models (thick 
black line) is equivalent to an elastic half-space model (EHSM) with locking depth D and 
slip-rate v,l. Also shown at right is an EHSM with locking depth 10D and slip rate 0 . 9 0 ~ ~ ~  
(thick black dashed line) and a range of EHSM with locking depths 1.2-1.90 and slip-rates 
0.90-0.95~~~ (shaded region). 
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four ruptures of magnitude A repeated every 712 followed by a group of four ruptures of 
magnitude A/2 repeated every 7 (Figure 2-15). We use 7 = 101al 1, where lal I-' is the time 
scale of the fastest phase of relaxation for each of the materials. As before, we use p, = p, 
in the Maxwell model, p, = p, = pv in the SLS model, p, = pm = pv and qm = qv in the 
Burgers model, and p, = p, = p1 = p2 = q1 = 21)2 in the triviscous model, and 7, = 5.0 
for each model. 
Within the elementary cluster, the displacements vary from cycle to cycle; however, after 
repeating the cluster a sufficient number of times, the variations of displacements throughout 
the cluster are the same in all of the clusters, hence we refer to these displacements as cluster 
invariant (Figure 2-20). At cluster invariance, the variation of displacements within the 
elementary cluster is due to the model tending toward a new, periodic, cycle invariant state 
[Hetland and Huger, 20051. For example, when the recurrence time changes to 712, the 
system adjusts toward a new cycle invariant state, which is the same as that for a periodic 
system of period 712. When the recurrence time changes to 7, the system then evolves 
toward the new cycle invariant state characterized by 7 .  
As in the periodic sequence, before the system achieves cluster invariance, the displace- 
ments in this model will be different than in a model that is driven by far-field velocity 
boundary conditions. However, during cluster invariance, the displacements do not depend 
on the particular distribution of steady deformation at depth. We illustrate this by showing 
that the displacements predicted by this model match those predicted by a finite element 
(FE) solution driven by far-field velocities (Figure 2-21). We use the finite element package 
GeoFEST 4.3 [Lyzenga et al., 20001. GeoFEST does not include higher-order linear vis- 
coelastic rheologies, so we only compare the FE calculation to the analytic Maxwell model. 
In the FE model, the fault uniformly breaks the entire elastic layer of thickness H, and is 
tapered to zero displacement within the viscoelastic region from 1.0-1.1 H. Due to anti- 
symmetry, we only compute the displacements for x 2 0, and we specify that the FE model 
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Figure 2-20: Cluster invariant displacements, 2 0  ( H I D  = 1) from the fault, throughout the 
cycles of the elementary cluster of a non-periodic seismic cycle with r0 = 5.0. Dashed lines 
are the displacements during the short cycles and solid lines are displacements during the 
long cycles (Figure 2-15). Displacements are for models with Maxwell (a), SLS (b), Burgers 
( c ) ,  and triviscous (d) viscoelastic half-spaces; cul for each model is given in Section 2.2.5. 
Cycle number refers to the cycle within the short or long period cycles in the elementary 
cluster (Figure 2-15), u, is the coseismic displacement, and time is relative to the start of 
each cycle. 
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is 1200 x 120D. We apply free slip boundary conditions to the top and bottom of the model, 
a no-displacement condition on the edge of the model containing the fault, and a constant 
velocity condition on the other edge of the model. In the analytic solution, the fault also 
breaks the entire elastic layer. However, we do not account for the taper in the analytic 
solution, so there is a geometrical mismatch between the analytic solution and finite element 
calculations. Furthermore, the finite element model is composed of 5041 four-node elements, 
so the numerical precision is lower than the calculations presented in Section 2.3.1. Our 
purpose for this comparison is only to show that the evolution of displacements throughout 
the elementary cluster during cluster invariance does not depend on the particular model of 
deep deformation (Figure 2-21). 
The variations of velocities during a cycle in a non-periodic sequence do not follow the 
same variation with respect to the elastic half-space model as during cycles of a periodic 
earthquake sequence [Meade and Hager, 2004; Hetland and Hager, 20051. It is not our 
intention to fully characterize the complex behavior of the changes in displacements and 
velocities within this non-periodic earthquake sequence. However, to illustrate the large 
variation possible, we show the cluster invariant velocities 40% through each of the cycles of 
the elementary cluster in Figure 2-22. 
2.4 Discussion 
Our solution for interseismic displacements assumes that the far-field is driven by steady slip 
on the extension of the fault at depth. After Savage and Prescott [1978], we use this model of 
steady slip on the fault below the locking depth to ensure that the far-field moves at the long 
term fault slip rate. Below the depths of viscoelastic diffusion of coseismic stresses, shear 
is entirely concentrated on the downward continuation of the fault. The deep deformation 
initiates at time zero, and is steady through time. Fully localized deformation at depth can 
short cycles long cycles 
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Figure 2-21: Cluster invariant displacements in each cycle for a model with a Maxwell half- 
space (Figure 2-20a). Solid and dashed lines are the displacements from the analytic solution 
and finite element calculation, respectively, and time is relative to the start of each cycle. 
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Figure 2-22: Cluster invariant velocities 40% of the way through the cycles of an elementary 
cluster in a non-periodic earthquake sequence (Figure 2-15). Velocities are for models with 
Maxwell (a), SLS (b), Burgers ( c ) ,  and triviscous (d) viscoelastic half-spaces. Line style and 
color are as in Figure 2-20, and black dash-dot lines are cycle invariant velocities 40% of the 
way through a cycle in a periodic sequence with period 7. 
be considered an end-member model of deep deformation, where simple shear deformation 
would be the other end-member. A method of achieving simple shear deformation at depth 
would be to superimpose a far-field constant velocity with a sequence of repeated earthquakes 
[e.g., Bonafede et al., 1986; Pollztz, 20011 - this is how finite element models are often 
constructed. In this model, after the first earthquake the displacements would be the sum 
of the postseismic displacements and simple shear displacements from the far-field boundary 
conditions, and will be lower than those at invariance. Arguably, it is more geologically 
reasonable that the steady displacement profile across a newly activated fault would be close 
to simple shear, as opposed to an arc-tangent profile predicted when the fault is loaded from 
below. However, once the model spins-up to an invariant st ate the interseismic displacements 
will not depend on the steady deformation at depth. Li and Rice [1987], examining a 
periodic earthquake sequence, concluded that during cycle invariance, the particular model 
of steady, deep deformation does not affect the interseismic surface displacements. Several 
other researchers have demonstrated the same conclusion [e.g., Savage, 1990; Hetland and 
Huger, 20041. When extending the concept of cycle invariance to non-periodic earthquake 
sequences, we assume that the sequence is composed of a non-periodic sequence containing 
a finite number of ruptures, repeated periodically. In essence, it is still a periodic sequence; 
however, the cycle is defined as the elementary cluster instead of the interseismic period. 
Hence, cycle invariance is the same concept as cluster invariance. With this constraint on 
non-periodic earthquake sequences, the particular model of deep deformation is irrelevant. 
We motivated this study, in part, from observations of the time evolution of displacements 
following an earthquake. Other mechanisms have been proposed to explain such observations, 
including poroelastic effects [e.g., Peltter et al., 1998; Jdnsson et al., 2003; Fzalko, 20041, 
after-slip [e.g., Marone et al., 1991; Burgmann et al., 2002; Hearn et al., 2002; Fzalko, 
2004; Johnson and Segall, 2004; Montisz, 20041, and non-linear rheologies [e.g., Freed and 
Burgmann, 20041. Existing models of postseismic poroelastic effects do not account for the 
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time behavior of deformation, the models are simply a subtraction of an initial state from 
a final state [e.g., Peltzer et al., 1998; Fzalko, 20041. Therefore, any multi-phase character 
of relaxation is not addressed by the conventional treatment of poroelasticity. Postseismic 
poroelasticity involves changes in volume [e.g., Booker, 1974; Rice, 19801, and therefore can 
not be considered in this model, which considers shear only. 
Two classes of after-slip models have been proposed to  explain transient displacements 
following an earthquake. The first class of studies is when a given constitutive law is pre- 
scribed to  the the fault below the locking depth, such as rate-state friction [e.g., Marone et 
al., 1991; Hearn et al., 20021 or a viscous relaxation of the fault [e.g., Hearn et al., 2002; 
Johnson and Segall, 2004; Montissi, 20041. Following the rupture, the lower fault slips to 
relax the coseismic stresses, leading to  deformation at the surface. Most of these after-slip 
models predict surface deformation that is not characterized by a single exponential relax- 
ation phase [e.g., Hearn et al., 2002; Montissi, 20041. The second class of after-slip models 
invert each epoch of deformation for a distribution of slip on elastic dislocation patches at 
depth, subject to constraints [e.g., Shen et al., 1994; Burgmann et al., 20021. These models 
of after slip are able to describe the time behavior of postseismic deformation relatively well, 
accounting for multiple relaxation phases, if present. For instance, to describe two phases 
of relaxation, essentially, one would simply require two distributions of after-slip. The Cor- 
respondence Principle shows that in a linear system, postseismic surface deformation due 
to  linear viscoelastic stress relaxation is equivalent to  some distribution of after-slip on the 
downward continuation of the fault [e.g., Savage, 19901. The complete relationship between 
rheology and distributions of slip is not well established, especially for a finite rupture, but 
it is possible that some of the deformation modeled as after-slip may be due to  viscoelastic 
relaxation, and vice versa. 
Postseismic studies using non-linear rheologies describe the effective viscosity as stress- 
dependent [e.g., Hearn et al., 2002; Freed and Burgmann 20041. Freed and Burgmann [2004] 
successfully described the postseismic deformation of the 1992 Landers and 1999 Hector 
Mine ruptures using a model of non-linear rheologies in the mantle, although they assumed 
a very low background stress level. Similarly, Hearn et al. [2002] found that in order to 
describe the postseismic displacements following the 1zmit rupture, the background stress 
level needed to be quite low. Ivins [I9961 and Pollztt [2003] both concluded that some type 
of biviscous rheology was sufficient to  describe the postseismic observations considered by 
Freed and Biirgmann [2004]. The non-linear Andrade rheology has been proposed to  explain 
creep tests of olivine, describing a continuous spectrum of relaxation phases [e.g., Gribb 
and Cooper, 19981. While the Andrade rheology is non-linear in time, it is linear in stress, 
and the theory we present can incorporate an Andrade rheology. However, we are unable 
to  incorporate stress-dependent rheologies into this theory. Moreover, as our solution of 
interseismic displacements relies on the superposition of models, the linearity of rheologies 
with respect to stress is essential. 
We restricted the analysis in this paper to a simple two-dimensional geometry of a fault 
in an elastic layer overlying a viscoelastic half-space. with prescribed dislocations on the 
fault. Inelastic processes of the upper seismogenic layer have been shown to be important 
[e.g., Bonafede et al., 1986; Peltter et al., 1998; Fiallco, 2004; Johnson and Segall, 20041. 
Our analysis can be extended to models of a viscoelastic upper layer over a viscoelastic 
lower half-space, since the Laplace transform relation we present can be applied directly to 
equation (2.13) when all rheologies are linear viscoelastic. It is also possible to include stress 
dependent slip on the fault following the analysis of Johnson and Segall [2004]. Additionally, 
surface displacements from models with depth dependent rheologies are quite different than 
when the lower region is homogeneous [e.g., Rundle, 1982: Piersanti et al., 1995; Savage, 
20001, and in a subsequent paper we extend this theory to layered viscoelastic models. Fault 
ruptures at given shear stress levels can he implemented in our models following existing 
methods [e.g., Bonafede et al., 19861; however, in our nlodels driven by steady-sliding below 
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the locking depth, the stresses on the fault are quite different than in models driven by far- 
field shear. Finally, three dimensional features of faults, such as finite length ruptures and 
fault geometry, strongly affect interseismic deformation, especially far from the fault and 
beyond the ends of the rupture [e.g., Rundle and Jackson, 1977; Smith and Sandwell, 2004; 
Meade and Huger, 20051. The model geometry we consider is not appropriate to model data 
over large spatial scales. 
2.5 Conclusions 
We present a solution of the deformation near an infinite strike-slip fault in an elastic layer 
overlying a linear viscoelastic half-space. The solution is valid for any linear viscoelastic 
rheology and any earthquake sequence. We construct our earthquake sequences such that 
constant slip on the continuation of the fault below the locking depth drives the far-field 
and loads the fault. When the earthquake sequence is periodic or composed of the periodic 
repetition of a non-periodic, finite length earthquake sequence, the interseismic displacements 
do not depend on the mechanism assumed to load the fault [e.g., Li and Rice, 19871. Our 
solution is a generalization of the work of Savage and colleagues [Savage and Prescott, 1978; 
Savage and Lisowski, 1998; Savage, 20001. Our solution compares well to those solutions, 
as well as to finite element calculations. Our analytic model is only valid for a relatively 
simple geometry; however, the model presents an elegant tool to  explore the evolution of 
displacements for relatively complex rheologies and rupture recurrence histories. Finally, 
the method we derived to  describe the time dependence due to viscoelastic relaxation may 
facilitate the inclusion of general viscoelastic rheologies into previously proposed 2D models 
[e.g., Cohen, 1980; Thatcher and Rundle, 1984; Pollitz, 20011 and 3D models [e.g., Rundle 
and Jackson, 1977; Rundle, 1982; Piersanti et al., 1995; Pollitx, 1997; Smith and Sandwell, 
20041. 
List of Symbols 
0,  E shear stress and engineering shear strain, respectively 
a, @ stress and strain different,ial operators, respectively 
Ok, Qk stress and strain coefficients, respectively, together ma,terial coefficients 
p shear modulus 
,u, shear modulus of upper elastic layer 
rl viscosity 
f i  (s) equivalent shear modulus of a viscoelastic material 
u(x, t) ,  v(x, t )  displacements and velocities at the surface 
D, H locking depth and thickness of the elastic layer, respectively. 
6 = H I D  2 1, ratio of thickness of the elastic layer to the locking depth 
b(t) fault rupture history function 
rn (t) time dependent mechanical coupling coefficient 
y ratio of leading factors of the denominator and numerator of P ( s )  
q,, q , ~  number of roots of the denominator and numerator of I'" (s),  respectively 
air ,B2 roots of the denominat,or and numerator of rn(s), respectively 
S, set of indices of roots Q ,  
Ps(s ,  Q,,; p )  product of / s  - Q , ) P  over the indices in set S 
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A, magnitude of the pth earthquake 
Tp time of the pth earthquake 
o t < a  
7-l (t - a) Heaviside function R(t - a)  = 
v, v,] average, long-term slip rate of the fault 
TM, TK time scales of the Maxwell and Kelvin elements, respectively, also referred to  as the 
Maxwell and Kelvin relaxation times 
T, = t la, 1 non-dimensional time, where la, I-' are mechanical times scales of the fastest 
(v = 1) and the slowest (v = q,) relaxation phases; similarly Tvp = TPl~,/  is the 
non-dimensional time of the pth rupture 
T, = T lal 1 the Savage parameter, extended to  general viscoelastic rheologies 
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Chapter 3 
Int erseismic St rain Accumulation: 
Spin-up, Cycle Invariance, and 
Irregular Rupture Sequences 
Abstract 
Using models of infinite length strike-slip faults in an elastic layer above linear Maxwell and 
Burgers viscoelastic regions, we investigate interseismic deformation during the spin-up, as 
well as mature deformation during periodic and non-periodic fault rupture sequences. Inter- 
seismic strain accumulation is the result of the cumulative effects of all previous ruptures. 
The time for a fault to  spin-up depends on the rheologies and the fault-loading conditions. 
After the model has spun-up, the variation of shear stresses are determined by the fault 
slip-rate and model rheologies. The change in stress during spin-up depends on the slip-rate, 
rheologies and fault loading conditions, but is independent of the magnitude of the initial 
stress. Over enough cycles such that the cumulative deformation is block-like, the average 
mature interseismic velocities are equal to the interseismic velocities of the equivalent elastic 
model. In a model that has spun-up with the fault rupturing periodically, the cumulative 
deformation is block-like at  the end of each seismic cycle, and the interseismic deformation 
is cycle invariant (i.e., the same in all cycles). When the fault ruptures randomly, the fault 
spins-up to  a mature state that is the same as if the fault had ruptured with the mean slip- 
3This chapter has been accepted pending minor revision in Geochem. Geophys. Geosyst. (14 October 
2005) as: Hetland, E.A. and B.H. Hager, Interseismic strain accumulation: Spin-up, cycle invariance, and 
irregular rupture sequences. 
rate. When the fault slip-rate within each cycle varies, the interseismic deformation evolves 
towa,rd the cycle invariant deformat.ion determined by the most-recent fault slip-rat'e. Around 
a fault whose slip-rate has been fast,er (slower) tha,n average, int'erseismic velocities are larger 
(smaller) than the cycle invariant velocities and increase (decrease) from cycle to  cycle. 
3.1 Introduction 
There have been many studies of geodetitically observed interseismic deformation [e.g., Sav- 
age and Burford, 1973; Bourne et al., 1998; Peltxer et al., 2001; Pollitx, 2003; Johnson and 
Segall, 2004; Smith and Sandwell, 2004; Meade and Hager, 2005; Pollitx and Nyst; 2005 1 .  
All models of interseismic deformation assume a rheology of the lithosphere. The simplest 
rheologies are either linear elastic or viscous. An elastic or viscous rheology is represented 
by the mechanical analogue models of a spring or a dash-pot, respectively. Combining the 
spring and dash-pot elements in serial, produces a Maxwell rheology, the most common vis- 
coelastic rheology. The Maxwell rheology is capable of instantaneous elastic strain, followed 
by a single phase of non-recoverable viscous creep. Multi-viscous rheologies can be built 
by combining a Maxwell element in serial with one or more Kelvin elements. The Kelvin 
element is formed by combining a spring and dash-pot in parallel, and thus viscous relax- 
ation of the Kelvin element is recoverable in time. The biviscous Burgers rheology is the 
combination of a Maxwell element with one Kelvin element in serial. 
A prominent interpretation of interseismic deformation assumes that elastic strains are 
unimportant in the geodetic data and that the deformation at the surface is a replica of the 
deforrnation at depth [e. g., Bourne et al.. 19981. This approach uses a purely viscous rheology 
for the lithosphere, only considering the dash-pot in a nilaxwell element. Numerous studies 
have shown that the elastic component of the lithosphere's rheology is in fact important and 
that deformation at the surface is a record of strain accumulation on active faults [e.g., Li 
and Rzce, 1987: Savage, 1990: Roy und Royden, 2000; Hetland and Hager, 2004: Hetland and 
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Hager,2005a]. 
The classic model of strain accumulation is that of Savage and Burford [1973], in which 
an infinite length strike-slip fault is loaded by steady sliding on the down-dip extension of 
the fault in an elastic half-space (Figure 3-la). This model, which we refer to  as the classic 
elastic half-space model (CEHM), only considers the elastic response to  the slip on the fault, 
using the spring in a Maxwell element. The velocities a t  the surface in the CEHM are given 
where D is the locking depth and v~ is the rate of sliding of the deep fault. Since the far- 
field is driven by the steady sliding at  depth, v~ is the difference in the far-field velocities 
across the fault. The CEHM is identical to the difference between block-like displacements 
across the fault and the coseismic displacements, divided by the rupture repeat time [Savage 
and Burford, 19731. The CEHM can be extended to  all types of faults and is the basis of 
block models [e.g., Meade and Huger, 20051. Because of the use of the CEHM, block models 
assume that the continent a1 lithosphere behaves elastically over multiple seismic cycle time 
scales and that VT is steady in time. However, inelasticity of the continental lower crust and 
mantle must be considered in order to  describe observations of postseismic deformation [e.g., 
Ivins, 1996; Hearn et al., 2002; Pollztz, 2003; Freed and Burgmann; 20041, and fault slip-rates 
are often non-steady through time [e.g., Sharp, 1981; Wallace, 1987; Grant and Sieh, 1994; 
Bennett et al., 2004; Weldon et al., 20041. 
In a seminal paper, Savage and Prescott [I9781 extended the CEHM to a model of an 
elastic layer overlying a Maxwell viscoelastic half-space (Figure 3- lb )  , including the response 
of both the dash-pot and spring of the Maxwell element to  ruptures in the upper elastic 
layer. Their solution, which we refer to  as the standard model, gives the time dependent 
deformation throughout a mature seismic cycle in a periodic earthquake sequence. A periodic 
earthquake sequence is one in which all fault ruptures occur regularly in time with constant 
elastic 
sliding -: 
I 
viscoelastic : 
I 
? 
i 
8 
@I elastic D o 63 0 
63 @I 
viscoelastic 
Figure 3-1: Cartoons of the models considered in this paper (solid and dashed gray lines 
indicate the interseismically locked and sliding portions of the fault; circles containing dots 
and crosses indicate velocity boundary conditions into and out of t,he page): a) the classic 
elastic half-space model, b) an elastic layer over a viscoelastic half-space (a one-layer model) 
with the fault loaded by steady sliding at depth, c )  a one-layer model driven by far-field 
shear, d) an elastic layer over a vis~oelast~ic layer and lower viscoelastic half-space (a two- 
layer model) driven by far-field shear, and e) and a two-layer model with two faults. The 
height of the bounded models is kept constant at 120D,, where Do is the nominal locking 
depth (see Appendix A. 1). 
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offset, while a mature cycle is such that the deformation within the cycle does not depend on 
the number of previous ruptures (often referred to as steady-state). The standard model is 
based on the image solution of Rybicki [1971], and thus the interseismic deformation through 
time is expressed as perturbations to  the model of Savage and Burford [1973]. The standard 
model was re-derived in Savage and Lisowski [I9981 and Savage [2000], and most modern 
calculations of the standard models are done using one of these later formulations. The 
standard model is widely used to  gain insight into interseismic deformation [e.g., Savage, 
1990; Meade and Hager, 20041, as well as to  interpret geodetic observation [e.g., Segall, 2002; 
Dixon et al., 2003; Hilley et al., 20051. Johnson and Segall 120041 incorporated viscous fault 
slip into the standard model, while Hetland and Hager [2005a; 2005bl generalized the analysis 
of Savage and coworkers in order to  extend the standard model to  general linear viscoelastic 
rheologies and irregular earthquake sequences. Hetland and Hager [2005a] explicitly noted 
that for a model that has spun-up to a mature state with a rupture sequence containing 
periodicity, the interseismic deformation predicted by a model where the fault is loaded by 
sliding on the down-dip extension of the fault is the same as that of a fault loaded by far-field 
boundary conditions with no localized slip at depth (Figure 3-lb and c). The periodicity 
of the rupture sequence can either be the periodic repetition of an individual rupture or a 
finite sequence of ruptures [Hetland and Hager, 2005al. This is a direct implication of the 
findings of Li and Rice [I9871 and Hetland and Hager [2004]. 
The above models of interseismic deformation have occasionally been misunderstood in 
the crustal deformation community. Specifically, interseismic deformation given in terms 
of perturbations to  a CEHM is often assumed to hold only for models in which the fault 
is loaded by steady sliding of the down-dip extension of the fault [e.g., Bowman et al., 
20031. Rejecting steady-sliding of the fault at depth, researchers have interpreted localized 
interseismic strain observed across faults is to imply that strain is also localized at depth 
[e.g., Bourne et al., 1998; Jackson, 2002) or that the lithosphere is weaker near the fault 
compared to  the surrounding regions [e.g., Pollitz, 2001; Pollitz and Nyst, 20051. Localized 
interseismic strain has also been interpreted to  be largely due to postseismic transients from 
recent earthquakes, while simple and/or pure shear loads the fault [e.g., Vergnolle et al., 
2003; Freed and Biirgmann, 2004; Pollitz and Nyst, 20051. Pollitz and Nyst [2005] recently 
proposed a model in which heightened postseismic deformation from recent earthquakes is 
solely responsible for high strain rates across faults. Similarly, the interseismic period is 
often considered to  be composed of a postseismic phase followed by a relaxed phase. In the 
postseismic phase, the relaxation of coseismic stresses dominates the deformation, while in 
the relaxed phase the deformation is only a record of the reloading of the fault. In fact, most 
models of postseismic deformation assume that the postseismic phase is fully separable from 
the reloading phase, and ignore all but the last earthquake [e.g., Hearn et al., 2002; Hetland 
and Hager, 2003; Pollitz, 2003; Freed and Burgmann, 20041. 
In this paper, we examine interseismic deformation around infinite strike-slip faults. Us- 
ing these simple models, we construct a framework for understanding the evolution of in- 
terseismic deformation as a fault model matures, as well as during times of non-periodic 
fault activity. Infinite length faults are obviously not appropriate for Earth, and 3D effects 
are important for models of interseismic deformation [e.g., Chiry et al., 2001; Lynch et al., 
2003; Smith and Sandwell, 20041. Nevertheless, these two-dimensional models give apprecia- 
ble insight into models of strain accumulation. We specify the time and magnitude of fault 
ruptures in order to construct specific fault rupture sequences, an approach similar to  that 
of Meade and Hager [2004]. Meade and Hager 120041 considered the effect on interseismic 
velocities for only one non-periodic fault history function, and we consider the evolution of 
interseismic velocities and stresses during more general non-periodic sequences. All of the 
faults in our models are right-lateral. Llodels containing one fault are anti-symmetric, and 
we only show the positive displacenlents and velocities. 
CHAPTER 3: STRAIN ACCUMULATION 
3.2 Cycle Invar iance 
At all times, interseismic deformation depends on the model geometries and rheologies. 
The deformation also depends on the fault-loading conditions and the number of previous 
ruptures; however, after a sufficient number of ruptures in a periodic rupture sequence, the 
deformation no longer depends on the loading conditions or the rupture history. This state is 
often referred to as a steady-state or a mature state. The term "steady-state" is misleading, 
as the interseismic deformation is not, in general, steady in time, but often varies rapidly 
throughout a seismic cycle. On the other hand, the term "mature state" does not imply that 
the deformation is steady. When the rupture sequence is periodic, the mature interseismic 
deformation is the same in every cycle, hence we say that the deformation is cycle invariant 
or that the system is in a cycle invariant state. In this paper, we often refer to cycle invariant 
velocities as just invariant velocities (likewise for stresses), and we refer to a cycle invariant 
state as cycle invariance. 
Hetland and Hager [2005a] extended the concept of cycle invariance to non-periodic rup- 
ture sequences composed of a periodic repetition of a finite length, non-periodic rupture 
sequence. After repeating the elementary sequence a sufficient number of times, the system 
becomes mature and the deformation throughout each cycle in the elementary sequence is 
the same in all elementary sequences and no longer depends on the fault loading conditions 
[Hetland and Hager, 2005al. In the case when the elementary sequence is composed of clus- 
ters of identical ruptures, the mature deformation throughout each cluster is the same in 
all identical clusters and we say that the deformation is cluster invariant. We only con- 
sider periodic rupture sequences throughout the remainder of this section, and we address 
non-periodic rupturing in later sections. 
3.2.1 Invariant interseismic deformation 
During cycle invariance, t,hat the velocities at the surface do not depend on the fault loading 
conditions implies that the surface velocities are independent of the secular deformat ion at 
depth [e.g., Li and Rice, 1987; Savage, 1990; Hetland and Hager. 20041. Models where strain 
at depth is localized or is distributed are two end-member models of deep deformation driven 
by two configurations of fault loading conditions. 
When the fault is loaded by steady-sliding on the extension of the fault below the inter- 
seismically locked portion, at depths greater than the region of viscoelastic coseismic stress 
relaxation, strain will be localized only on the fault (Figure 3-lb). We use the analytic model 
of Hetland and Hager [2005a] to calculate the deformation of all models driven purely by 
steady-sliding on the fault below the locking depth. When loaded from below, the initial 
surface displacements are given by an inverse tangent function [Rybicki, 19711. After a suf- 
ficient number of ruptures the amount. of stress relaxation equals the loading rate, and due 
to  the construction of this model with the back-slip method, the cycle invariant velocities 
are lower than those proceeding the first several ruptures (Figure 3-2) [Hetland and Hager, 
2005al. 
A more realistic model is that of a fault loaded by far-field shear boundary conditions, 
where the deformation at great depth is that of simple shear (Figure 3-lc, d,  and e) [e.g., 
Bonafede et al., 1986; Lyzenga et al., 1991; Pollztz, 2001; Hetland and Hager, 20041. We 
compute the deformation of all fault models driven by far-field shear using the finite element 
program GeoFEST [Lyzenga et al.. 20001 (see Appendix A.l  for the finite element model 
details). In the case of a fault loaded by far-field shear, before the fault ruptures, the velocities 
across the fault are those of simple shear, a replica of the velocities at depth. After the first 
several ruptures, the velocities are composed of the post-seismic transients from the previous 
ruptures plus the simple shear due to the far-field boundary conditions (Figures 3-3 and 3- 
4). As in the first end-member model, after a sufficient number of ruptures the interseismic 
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Figure 3-2: a) Cycle invariant displacements (green) one locking depth from a fault rupturing 
periodically in an elastic layer over a Maxwell viscoelastic half-space (7, = lo), and the 
displacements after the initial rupture of the fault loaded by simple shear (blue) and from 
- - -  below (red). b) The primary velocities (black-yellow dashed line), cycle invariant velocities 
(green), the velocities following the first rupture for the two fault loading models (blue and 
red) at times 0.1T (dashed lines), 0.4T (solid lines) and O.9T (dash-dot lines). 
. . . . . . -  . . . . 
. . . . . , , , . . . . . . .- - . .. . . 
. . 
defornlatiori is cycle invariant, with the invariant velocities larger than the initial (Figures 
3-2-3-4). In both end member models, during cycle invariance the interseisrnic velocities can 
be characterized as perturbations to the CEHM [e.g., Savage and Prescott, 1978; Hetland 
and Huger, 2005al. 
In a viscoelastic model with uniform elastic shear moduli and periodic fault ruptures, 
the average mature, interseismic velocities across the fault are identical to those of the 
classic elastic half-space model (CEHM) of Savage and Burford [1973]. The CEHM is a 
fault in an elast'ic half-space loaded by steady sliding on the extension of the fault at depths 
below the seismic locking depth (Figure 3-la). When the shear modulus is not uniform, the 
interseismic velocities are slightly different than those of the CEHM [Rybicki, 1971; Chinnery 
and Jovanovich, 19721. For an elastic model with a depth dependent shear modulus, the 
velocities resemble those of a CEHM, and we refer to D and v~ of the best fit CEHM as the 
apparent lockirlg depth and velocity, respectively. When the shear niodulus increases with 
depth, the stains of are larger across the fault, resulting in a lower apparent locking depth 
(Figure 3-5).  Alternatively a model with decreasing shear modulus yields a higher apparent 
locking dept, h. 
In a general viscoelastic model, the average cycle invariant velocities are equal to those 
of an elastic model with the same elastic shear modulus structure as the viscoelastic model 
(i.e., the equivalent elastic model). We refer to the average interseismic velocities as the 
primary velocities, and thus the velocities of the equivalent elastic model are the primary 
velocities. The degree of perturbation to the primary velocities throughout a seismic cycle 
is determined by the rheologies and the rupture history. As the relaxation time scales of the 
model become much larger than the rupture repeat time, the perturbations to the primary 
velocities become negligible and the deformat ion is close to that of the equivalent elastic 
model at all times throughout the seismic cycle (Figures 3-3 and 3-4); hence, the primary 
velocities can be thought of as the limit of a viscoelastic model as the Maxwell viscosity 
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Figure 3-3: a) Shear stress on the fault (cyan) as an initially unstressed, two-layer model 
with Maxwell viscoelastic rheologies (7, = 10, a2/a1 = 1.5, and rhs/rd = 5; Section 3.2.3) 
spins-up; also shown is the average stress through each cycle (red) and Ni (green dashed 
line). b) Average interseismic velocities for each seismic cycle (line color indicates cycle 
number) up to cycle Ni, the initial velocities (green), and the primary velocities (green-black 
dashed line). c-e) Interseismic velocities in each seismic cycle up to cycle Ni at times 0.075T 
(c), 0.425T (d), and 0.925T (e); yellow-black and green-black dashed lines are the cycle 
invariant and primary velocities, respectively, and green lines are the initial velocities. 
Figure 3-4: Shear stress on the fault and interseismic velocities as a two-layer model with 
Maxwell viscoelastic rheologies (7, = 1, az/crl = 1.5, and rhs/rm1 = 5; Section 3.2.3) spins- 
up. Caption is as in Figure 3-3. 
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3.2.2 Fault Spin-up and Evolution of Stresses 
The time for a fault t,o spin-up to a mature, cycle invariant state is the time that it takes 
to change the average interseismic velocities over one seismic cycle to the primary velocities 
(Figures 3-3b and 3-4b). In general, the number of cycles it takes to reach invariance scales 
inversely with the parameter r,, often referred to as the Savage parameter. The Savage 
parameter was first introduced by Savage and Prescott [I9781 as r0 = T/2rkI, where T is the 
seismic repeat time and 7121 = 7lW/ph1 is the material relaxation time of the lower Maxwell 
viscoelastic half-space with viscosity v h ~  and shear modulus p ~ .  Elsewhere we have extended 
the definition of the Savage parameter from the standard model to models with general linear 
viscoelastic rheologies and clarified its definition as the ratio of the seismic repeat time to a 
mechanical t ime-scale associated with the coupling of the uppermost layer to the viscoelastic 
region below [Hetland and Hager, 2005a; Hetland and Hager, 2005bl. In general the Savage 
parameter is given by ro = Toloiil, where To is the nominal repeat time and loil-' is a 
mechanical relaxation time [Hetland and Hager, 2005aI. For models of a fault in an upper 
elastic layer overlying a lower Maxwell viscoelastic region, there is only one time-scale. When 
either the upper layer is viscoelastic or the lower region has more than one viscous phases, 
there are multiple mechanical time-scales [Hetland and Hager, 2005bl. As a result, ro is 
defined uniquely only for models of ax1 elastic layer over a Maxwell region. For all other 
models, we specify the mechanical relaxation time used in the definition of 7,. When the 
relaxation time of the model is much longer than the nominal repeat time, r0 is low, whereas 
when the relaxation time is shorter than the repeat time, ro is high. 
During the time that a model spins up to a cycle invariant state, the stresses on the 
fault evolve from cycle to cycle (Figure 3-6). During each mature cycle the shear stresses 
vary, and the average mature shear stresses depend on the fault sliyrate, rheologies, fault 
loading, and the magnitudes of the initial stresses. For linear rheologies, the change in stress 
during spin-up is independent of the initial stresses (Figure 3-6b). We define af  to be the 
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total change in the shear stress on the fault near the surface. If we assume that the model 
is initially unstressed, of is the average mature shear stress. The amount that the stress 
changes during spin-up scales with 7;') as well as with the rupture magnitude. The stresses 
on the fault asymptotically approach of ,  and we take the time when the average stress 
throughout a seismic cycle reaches 0.90~ to be the spin-up time, ti. We non-dimensionalize 
time by the rupture repeat time, T, so that Ni = t i /T  is the number of ruptures necessary for 
the deformation to become nearly cycle invariant (Figures 3-3a and 3-4a). During cycle Ni 
the interseismic velocities are close to the invariant velocities near the fault; however, farther 
from the fault the velocities are not the invariant velocities until later when the average 
interseismic stress on the fault is closer to of (Figures 3-3 and 3-4) 
The time that it takes a model to reach a mature state depends not only on the model 
rheologies, but on fault loading conditions. We demonstrate the dependence on the fault 
loading by spinning-up three one-layer models (Figure 56) .  Two of the three models have 
identical rheologies, and in the first model the fault is loaded by far-field boundary condi- 
tions, while in the second the fault is loaded by deep steady-sliding. The third model is a 
modification of the first two by the addition of a viscously weak column extending from two 
locking depths below the surface to the bottom of the model. The weak column accommo- 
dates postseismic stress relaxation and there is secular shear across the column driven by a 
block-like basal boundary condition. In this model, slip across the weak zone is not steady 
in time and the fault is loaded by a combination of slip on the weak zone and far-field shear. 
We use the finite element method to compute the deformation of the third model, which has 
been described in detail by Hetland and Huger [2004]. The model driven by far-field shear 
takes the longest time to reach invariance, whereas the model driven by a combination of 
far-field shear and deep-sliding is the fastest (Figure 3-6a). When the fault is loaded only 
by far-field shear, the spin-up time reflects the time required to diffuse enough post-seismic 
stresses far from the fault, so that the velocities in the far-field increase from those of simple 
shear to the cycle invariant velocities (Figures 3-3 and 3-4). The model driven by steady- 
sliding at depth takes slightly longer than the model driven by both simple shear and slip 
at depth (Figure 3-6a). The model driven by both far-field shear and deep slip reaches an 
invariant state fastest since the far-field velocities build up to the invariant velocities quickly, 
due to the additional component of relaxation on the lower weak zone and the development 
of block-like deformation at depth. Finally, when the fault is loaded purely from below, the 
total change in shear stress on the fault during the spin-up is opposite sign to when the fault 
is loaded by far-field shear, reflecting that the invariant displacements are lower than the 
initial when loaded by steady-sliding at depth (Figure 3-2a). 
3.2.3 Relations of Spin-Up Time and Stress Change 
As stated above, both Ni and of depend on the fault loading conditions and rheologies. 
We determine spin-up relations only for the two end-member fault loading condition models 
in Section 3.2.1. We consider multiple models with both uni- and biviscous viscoelastic 
rheologies, which are classified into two model geometries: an elastic layer over a viscoelastic 
half-space (the one-layer model; Figure 3-lc) and an elastic layer over a viscoelastic middle 
layer and half-space (the two-layer model; Figure 3-ld). 
For the case of an elastic layer over a linear viscoelastic half-space (a one-layer model) 
with the fault loaded by steady sliding on the extension of the fault at depth, 
where A[x] are factors that depend on the rheological parameters and we determine m 
empirically. For a Maxwell viscoelastic lower half-space, we include a dependence on x = 
p,/p because time only scales for constant contrast of shear moduli [Hetland and Huger, 
2005al. For models with a Burgers viscoelastic lower half-space, x = rt,/rSt, where r,, = 
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Figure 3-6: a) Shear stress on the fault near the surface as three one layer, Maxwell vis- 
coelastic models (r, = 0.35) loaded differently spin up to cycle invariant states, Ni for all 
models (black dashed lines), and of for the model driven by simple shear boundary condi- 
tions. b) Shear stress on a fault that is loaded by far-field shear for 210T before the first 
fault rupture (hatched regions indicate time periods not shown). c and d) Mature, cycle 
invariant shear stresses on a fault loaded by far-field shear for an initially unstressed model 
(c)  and the pre-stressed model (d). 
Figure 3-7: Number of ruptures required to approach a cycle invariant state (N,)  for a one- 
layer model with a lower Maxwell viscoelastic half-space in which the fault is loaded by 
steady-sliding on the extension of the fault at depth. 216 model realizations are plotted and 
color indicates the ratio of the upper layer shear modulus (p,) to that of the lower half-space 
(p )  . The left panel shows all model realizations, while the right panel shows the best-fit lines 
for the models with three constant shear moduli ratios. 
1 IcutrlW and rSt = last I-' are the fastest and slowest mechanical time scales associated with a 
Burgers one-layer model [Hetland and Huger, 2005al. We only consider Burgers rheologies in 
which the non-recoverable Kelvin relaxation phase is weaker than the recoverable Maxwell 
phase. We spun-up 216 Maxwell and 1,086 Burgers models, and fit the above scaling relation 
to determine m = 314 for both rheologies (Figures 3-7 and 3-8). The scaling in the Maxwell 
models is slightly dependent on pC1,/p, although the difference in A[x] is within the scatter of 
the model spin-up times (Figure 3-7). When Ni is scaled by latr 1 in a Burgers model, A[T+,~/T~~] 
varies systematically over about one half an order of magnitude, whereas when scaled by 
Icx,I, A is roughly constant with little to no systematic variation with T ~ ~ / T ~ ~ .  Hence, spin- 
up time is roughly constant for a given steady-state relaxation time-scale, regardless of the 
transient t ime-scales, implying that to a large extent the non-recoverable, steady relaxat ion 
phase dominates the spin-up of the fault. 
For a one-layer model with a Maxwell viscoelastic lower half-space, where the fault is 
loaded by far-field boundary conditions, Ni also scales with the distance to the model edges 
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Figure 3-8: Number of ruptures required to approach a cycle invariant state (Ni) for a 
one-layer model with a lower Burgers viscoelastic half-space in which the fault is loaded 
by steady-sliding on the extension of the fault at depth; rtr = 1 c ~ ~ ~ l - l  and rst = last I-' are 
the shortest and longest mechanical relaxation time scales, respectively, and 1,086 model 
realizations are plotted. 
where the boundary conditions are imposed. The extra length scale is because it is necessary 
to diffuse stresses, and hence transient deformation, to the boundaries in order to build up 
the velocities in the far-field to the invariant velocities (Figures 3-3 and 3-4). We spun- 
up 201 models, with various model widths, rheologies, rupture repeat times, and rupture 
magnitudes, to determine the relations 
and 
where L is distance from the fault to the boundaries, and we rounded the power of LID to 
a rational fraction (Figure 3-9). For a model with a fault in an upper elastic layer overlying 
a Maxwell viscoelastic layer and Maxwell viscoelastic half-space (a two-layer model), loaded 
100 
by far-field shear, 
and 
where H is the thickness of the middle viscoelastic layer, cul and a2 are the coupling co- 
efficients between the upper layers and the middle layer to the lower half-space (Appendix 
A.2), and we determined the powers in these relations by considering 359 model realizations 
(Figure 3-10). We define rml and rhs as the material relaxation times of the middle layer and 
lower half-space. 
3.3 Variable Fault Slip-Rate 
The time for a niodel to spin-up to a mature state does not depend on the rupture repeat 
time, T, since Ni = $ -- rOF1 =- As the spin-up time of a model only depends on 
la1 IT ' 
the rheologies and the model geometry, the spin-up time can be considered to be the time 
required for a fault model to adjust to the imposition of fault loading conditions. On the 
other hand, the change in shear stress on the fault during spin-up does depend on T ,  and 
,a$T, of is proportional to the slip-rate of the fault, (us. = A/T. During non- since q / p C  -
periodic fault rupture sequences, the slip-rate of t'he fault changes from cycle to cycle, hence 
of is not constant during the rupture sequence. In this section, we investigate interseismic 
deformation during periods when the fault slip-rate changes, both in unison with the fault 
loading rate and when the loading rate remains constant. We also consider the spin-up of 
a non-periodic rupture sequence in which yl varies randomly from cycle to cycle. We only 
consider models with Maxwell viscoelastic rheologies where the fault is loaded purely by 
far-field shear. 
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Figure 3-9: Number of ruptures required to approach a cycle invariant state (Ni; upper 
panels) and the change in shear stress on the fault during spin-up (of; lower panels) for a 
one-layer model with a lower Maxwell viscoelastic half-space in which the fault is loaded by 
far-field shear. 201 model realizations are plotted and color indicates the ratio of the upper 
layer shear modulus (p,) to that of the lower half-space (p). The left panels show all model 
realizations, while the right panels show the best-fit lines for the models with constant p,/p. 
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Figure 3-10: Number of ruptures required to approach a cycle invariant state (Ni; upper 
panels) and the change in shear stress on the fault during spin-up (of; lower panels) for 
a two-layer model with a Maxwell viscoelastic middle layer and lower half-space in which 
the fault is loaded by far-field shear. 359 model realizations are plotted and color indicates 
the ratio of the time-scales due to the coupling between the upper two layers (lall-l) and 
the middle layer and the half-space (la2 I-'). The left panels show all model realizations, 
while the right panels show the best-fit lines for the models with constant az/al; blue colors 
correspond to rd < r h S ,  while cyan to red colors correspond to rml > rhs. 
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3.3.1 Changes in slip-rate and fault loading 
When a fault with slip-rate vo is at cycle invariance, and both the slip-rate of the fault and 
the far-field velocities change in unison, the shear stresses on the fault evolve to new cycle 
invariant stresses. If of is the change in stress during the initial spin-up, the stresses will 
change by o; - of, where a; is the change in stress during the spin-up of a fault with the 
new slip-rate and fault loading rate (Figure 3-11). The time that it takes to transition from 
of to a; is the same as the time it took to spin-up to the initial state (Figure 3-11). During 
this transition period the velocities vary from cycle to cycle, just as when the model spun up 
to its initial state. When the sliprate and the far-field velocities increase, the velocities are 
always larger than the initial cycle invariant velocities, as the velocities build up to a level 
that averages to the new, larger primary velocities (Figure 3-11). On the other-hand, when 
the slip-rate and far-field velocities decrease, the interseismic velocities decrease from cycle 
to cycle as the velocities change to the new lower velocities. 
3.3.2 Changes in slip-rate with constant fault loading 
When the fault sliprate changes while the fault loading conditions are steady in time, the 
shear stresses on the fault will again deviate from the initial mature stresses. For instance, 
when the slip-rate of a fault, initially slipping at u,, decreases (i.e., longer repeat times 
and/or smaller ruptures), the stresses on the fault tend toward lower stresses corresponding 
to the new fault slip-rate (Figures 3-12 and 3-13). However, since the far-field velocities do 
not change in unison with the fault sliprate, the model never reaches a new cycle invariant 
state (Figures 3-12 and 3-13). Instead the stresses near the fault continue to decrease from 
cycle to cycle due to the deficit in deformation near the fault compared to the far-field. 
Likewise, if the fault slip-rate increases (i.e., shorter repeat times and/or larger ruptures), 
the stresses on the fault increase toward a new, higher level, but since the far-field velocities 
are const ant, the stresses continue to increase (Figures 3- 12 and 3-13). 
Figure 3-11: a) Shear stress on a fault as a two-layer niodel with Maxwell rheologies (a2/al = 
1.35 and rhS/rml = 50) spins-up to a cycle invariant state, with ro = 50 and slip-rate v, (green; 
state A), r0 = 25 and 4u0 (cyan; state B ) ,  and ro = 100 and vo/4 (magenta; state C); also 
shown is the average shear stress through each cycle (dashed lines) and Ni (black solid lines). 
After the model with ro = 50 (state A) reaches invariance, the sliprate of the fault and the 
boundary conditions are changed to 4v0 (blue; state B) and v,/4 (red; state C ) .  b and c )  
Displacements at the fault and far-field for the transition from state A to B, and state A to 
C. d) Primary velocities corresponding to the sliprates of states A, B, and C. 
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Figure 3-12: a) Shear stresses on a fault in a two-layer model with Maxwell rheologies 
(a2/al = 1.35 and rh/rml = 50) initially at a cycle invariant state, with r0 = Tolal 1 = 5 
and sliprate, v,l = vo. At t = 0, the sliprate alternates between periods of v,l = vo/4 and 
4v0 every fourth (red) or 1 2 ~ ~  (blue) cycle, while the far-field velocities remain constant. 
Also shown is the shear stress on the fault for models where both the sliprate and the far- 
field velocities change from v.1 = v, to v0/4 and 4v0 (gray; Figure 3-11). Inset shows the 
displacements trough time near the fault (red) and in the far-field (green) corresponding to 
the red stress history. b) Average interseismic velocities during each of the four cycles of 
fast slip (dashed colored lines; cyan shaded region in inset) and slow slip (solid colored lines; 
yellow shaded region in inset) clusters; line color corresponds to the cycle within each cluster 
(blue through red is the first through last cycle). c) Average interseismic velocities during 
the 12 cycles of fast and slow slip clusters; line type and color is as in panel b. 
Figure 3-13: Shear stress on a fault and interseismic velocities in a two-layer model with 
Maxwell rheologies (az/cul = 1.35 and rh/rml = 50) initially at a cycle invariant state, with 
ro = 50 and sliprate vsl = vo, and at t = 0 the sliprate alternates between clusters of 
vsl = v,/4 and 4vo every four or lzth cycles while the far-field velocities remain constant; 
caption is as in Figure 3-12. 
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When the far-field velocities are steady in time while the fault sliprate varies, the in- 
terseismic velocities vary from cycle to cycle. To gain some insight into how the velocities 
vary, we consider the periods when vsl is different than the far-field velocities as deviations 
from an initial cycle invariant state with T, = T,Iall and v.1 = v,, where To is the initial 
rupture repeat time and v, is the difference in the far-field velocities across the fault. To 
keep the stresses from growing infinitely, we constrain the long term average sliprate to be 
v,. During times when the fault sliprate is faster (slower) than v,, the velocities are higher 
(lower) than the invariant velocities, as the shear stresses on the fault increase (decrease) 
(Figures 3-12 and 3-13). During periods of non-regular fault activity, the distance at which 
the velocities do not change from the initial invariant velocities is closer to the fault when 
T, is low compared to when T, is high (Figures 3-12 and 3-13). 
Figures 3-12 and 3-13 are for two-layer models with a middle layer weaker than the 
lower region. For models of an elastic layer over a viscoelastic half-space (one layer models) 
with the fault loaded from below by steady-sliding on the downward continuation of the 
fault, the shear stresses do not deviate from the initial cycle invariant stresses as much as 
in the above two-layer models, but the variations in velocities are larger (Figures 3-13a and 
3-14). When the lower half-space of a one layer model has a Burgers viscoelastic rheology, 
with a recoverable Kelvin element weaker than the non-recoverable Maxwell element, the 
variations of the interseismic velocities throughout seismic cycles of non-periodic rupture 
sequences is larger than for models with Maxwell rheologies (Figure 3-14). As the spin- 
up time is dominated by the non-recoverable, steady relaxation, the evolution of the shear 
stresses from cycle to cycle is approximately the same in the Burgers model as in the Maxwell 
model, and the average interseismic velocities during each cycle is nearly identical in both 
models (Figure 3-14c). We refer to the group of seismic cycles over which the cumulative 
deformation is block-like as an elementary rupture sequence. Just as for periodic ruptures, 
the primary velocities are the average interseismic velocities over the elementary sequences. 
The primary velocities are identical in the Maxwell and Burgers models, and are the same 
as the interseismic velocities of the equivalent elastic model (Figure 3-14c). 
If the repeat time and rupture magnitude temporarily change from To and A, to xT, and 
xAo, respectively, the slip-rate remains constant. Since of us,, if the initial state is cycle 
invariant, then the average mature shear stress on the fault will remain at the same level. 
However, when the rupture repeat time becomes longer than To, right after the last regularly 
repeating rupture the interseismic stresses continue to decrease past the lowest stress level 
during a periodic cycle, resulting in a lower average interseismic shear stress (Figure 3-15). 
On the other hand, if the new repeat time is shorter than To, the stresses do not decrease as 
much at the end of the cycle as the preseismic stress in a periodic rupture sequence, resulting 
in a higher average interseismic stress (Figure 515). In both cases, the system will respond 
so that the average interseismic shear stress on the fault evolves back to the mature, cycle 
invariant level (Figure 3-15a). During seismic cycles when the repeat time is longer than To, 
the velocities late in the cycle are lower than those in cycles of a periodic rupture sequence 
(Figure 3-15c). Additionally the velocities increase (decrease) from one cycle to the next 
during periods when the repeat time is longer (shorter) than To (Figure 3-15c). 
When the fault sliprate changes the stresses on the fault evolve toward a new average 
stress. The stress change due to the change in the sliprate is do = 0; - o f ,  where of and 
0; are the changes in stress during the spin-up of a fault with the initial and final slip-rates, 
respectively. We define aq to be the stress change during the initial ruptures, and when 
ao < oeq the change in the stress is negligible, but when do >> a, this change in stress 
is significant. The value of aa/oq depends on the rheologies of the model, as well as the 
slip-rate changes (Figures 3-12 and 3-13). In the case when the fault is relatively dormant 
for long periods of time, followed by periods of high slip-rate, aO/oeq is large during the high 
slip-rate periods, even when T, is large (Figure 516). However, during the quiescent periods, 
ao/oeq is only large for relatively low r0 (Figure 3-16). 
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Figure 3-14: a) Shear stresses on a fault in one-layer models with a Maxwell (roT,IaI I = 5 
and Maxwell relaxation time 7,; dashed lines) and a Burgers (7, = Tolastl = 5, Maxwell 
and Kelvin relaxation times are r~ and r,/2, respectively; solid lines) half-space. b and c) 
interseismic velocities 10% (b) and 90% (c) through each cycle of the non-periodic sequence 
(line color corresponds to background color in panel a) and a periodic sequence with the 
mean sliprate (black lines); dashed and solid lines are the Maxwell and Burgers models. d) 
Average interseismic velocities through each cycle for the Maxwell (dashed lines) and Burgers 
(solid lines) models; black lines are the interseismic velocities of the equivalent elastic model. 
Figure 3-15: a) Shear stress on a fault in a two-layer model with Maxwell rheologies (ct2/ct1 = 
1.35 and rhs/rml = 50) initially at cycle invariance, with ro = 50 and slip-rate v,] = v,. At 
t = 0 the magnitude and recurrence time of the ruptures alternates between clusters of large 
and small ruptures, with repeat times such that v,l = (u0 at all times; red dots indicate the 
average shear stress in each cycle, and black dashed line is the average mature stress for 
vsl = v,. b) Displacements through time next to the fault (red) and in the far-field (green). 
c )  Average interseismic velocities during the small (dashed colored lines; cyan shaded region 
in inset) and large (solid colored lines; yellow shaded region in inset) rupture clusters; line 
color corresponds to the cycle within each cluster (blue through red is the first through last 
cycle). 
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. 'Figure 3-16: a) Displacements next to the fault (purple) and in the far-field (green) for a 
-. . 
two-layer model with Maxwell rheologies (az/al = 1.35 and rhS/rml = 50) initially at cycle 
invariance, with slip-rate v,l = v,. At t = 0 the slip-rate alternates between periods of little 
and heightened fault slip; black dashed lines mark the times of each rupture. b) Shear stress . . . - .  
on the fault, cr, normalized by the size of the rupture, ow, corresponding to the rupture 
history in panel a. 
3.3.3 Spin-up of a non-periodic rupture sequence 
The above examples of non-periodic fault activity assume that the model has initially spun- 
up to a cycle invariant state with the fault rupturing periodically. A model with non-periodic 
ruptures will also spin up to a mature statce. When the fault rupture history is random, with 
mean repeat times arid rupture magnitudes To and A,, respectively, the change in shear 
stress on the fault during spin-up is as if the fault has spun-up while rupturing periodically 
with To and A, (Figure 3-17a). For non-periodic ruptures, of is the difference between the 
initial shear stress and the average stress on the fault over a time window sufficiently long 
such that the variations of T and A average out to To and A,. Over this tinie window, the 
cumulative deformation is block-like and the average interseismic velocities are the primary 
velocities (Figure 3-17b). For instance, in a model with a fault rupture history composed of 
repeating a non-periodic elementary sequence of N ruptures, the change in shear stresses on 
the fault and the average interseismic velocities over the elementary sequence are equal to 
oj arid the primary velocities, respectively. 
We can characterize whether the velocities in each cycle are faster or slower than the 
primary velocities by fitting a CEHM to the average interseismic velocities. The CEHM 
is parameterized by the variables UT and D (equation (3.1)), which can be thought of as 
phase variables of the interseismic velocities. A CEHM fit to the primary velocities will yield 
the actual values of D and 'VT when the shear modulus is uniform throughout the model. 
When the shear modulus is not uniform, D and (UT vary from the niodel locking depth and 
slip-rate due to the difference in elastic structure (Figure 3-5); however, as the rheology does 
not change, the difference in the phase variables is the same in all cycles. Velocities faster 
than the primary velocities are fit by a CEHM with UT larger than the actual, while slower 
velocities will be fit by a CEHM with a lower 'VT. A larger apparent locking depth results in 
smaller predicted strains across the fault, whereas a snialler apparent locking depth results 
in larger strains; hence there is a trade-off between the the locking depth and the velocity of 
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Figure 3- 17: a) Shear stress on a fault in a two-layer model with Maxwell rheologies (az/cul = 
1.3, rhs/rrnl = 50, and To = Tolal 1 = 5 )  and a random repeat time and rupture magnitude 
(T = To f To/IO and A = A, f Ao/lO; green). Shear stresses for the same model but 
rupturing with constant repeat time To and rupture magnitude A, is shown for reference 
(gray, limits shown as dashed gray lines). b) Average interseismic velocities throughout the 
last 200 cycles (blue line) and the primary velocities (red dashed line); the average velocities 
in each cycle are shown to indicate the variation of velocities (gray lines). c) Apparent 
locking depth (D) and velocity (vT) in each of the last 200 cycles as a percent of the phase 
parameters of the primary velocities (6X = (XI - X)/XI, where X is D or VT, and DI and 
UI are the parameters of the CEHM fit to the primary velocities); color-scale denotes the 
average slip-rate of the previous six cycles as a percent of v, = Ao/To. 
the best fit CEHM. 
The interseismic velocities are generally larger than the primary velocities when the 
average slip-rate over the past few seismic cycles has been faster than the long-term average 
(Figure 3- 17c). Alternatively, when the slip-rate has been consistently slower than the long 
term average over the past several cycles, the velocities are generally slower than the primary 
velocities. When the slip-rat,e has varied rapidly over the past several cycles, the apparent 
( u ~  of the average velocities in each cycle varies from the average slip-rate randonlly (Figure 
3- 1 7 ~ ) .  
During rupture sequences with periodicity, either the periodic repetitions of ruptures or an 
elementary rupture sequence, mature interseismic velocities do not depend on the particular 
steady fault loading model [Hetland and Hager, 2005al. Similarly, when the rupture sequence 
is random, the interseismic velocities do not depend on fault loading. We delnonstrate this by 
cornparing the mature interseismic deformation of two fault models, one with a fault loaded 
by far-field shear and the other loaded by steady-sliding on the downward extension of the 
randomly rupturing fault (Figure 3-18). We calculate the deformation in the models driven 
by far-field shear and from below using a finite element model and the analytic solution 
of Hetland and Hager [2005a], respectively. In both models, t,he fault ruptures uniformly 
from the surface to depth D, and in the model loaded by far-field shear the fault slip also 
tapers to zero at depth 1 .20  (see Appendix A.1 for a description of the finite element 
models). We do not account for the slip taper in the analytic calculations, hence there is a 
geometric mismatch between the two models shown in Figure 3-18 (see Hetland and Hager 
[2005a] for a discussion concerning the comparison of the analytic solution with finite element 
models). The additional fault taper in the finite element rmodel results in larger coseisrnic 
displacements and lower interseisrrlic velocities near the fault compared to the analytic model 
(Figure 3-18). 
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2 0  from a fault in a one-layer model with Maxwell rheologies (pc = p, r0 = Tolal 1 = 5) and . ' - 
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- .  the fault loaded by deep steady-slip (red solid line) and by far-field shear (blue dashed line). - . . - . - - 
Also shown are the displacements at x / D  = O+ (gray lines). The cumulative deformation . .  - : . :- 
-over the 18 cycles shown is nearly block-like. b) Average interseismic velocities during the . . 
. ,  0 . 0  
... 18 cycles shown at left when the fault is loaded from below (red solid line) and from the 
0 .  . 
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3.4 Parallel Strike-Slip Faults 
In a model with linear rheologies and two strike-slip faults offset from each other (Figure 3- 
le), the final mature shear stresses on each fault are not the same as if the faults had spun-up 
isolated from each-other. Instead the shear stresses are the superposition of the stresses due 
to the spin-up of that fault and the spin-up of the offset fault. At a distance from the fault, 
the shear stress relative to the stress on the fault depends on the rheologies of the model. 
The stresses near the fault and in the far-field are larger and smaller, respectively, in models 
with strong rheologies compared to models with weaker rheologies (Figure 3-19) [e.g., Roy 
and Royden; 20001. For instance, in a model with strong rheologies, the stresses on a fault 
due to it,s own rupture history are larger than the stresses due to ruptures on the offset fault. 
Hence each fault is less affected by nearby faults when the rheologies are strong compared 
to models with weaker rheologies. Finally, since the interseismic stresses are proportional 
to the slip-rate of the fault, a fast slipping fault will generate larger stresses than a slower 
fault (Figure 3-19 inset). For simplicity, we only consider periodic rupture sequences in this 
sect ion. 
3.4.1 Spin-up of parallel faults 
In a two fault model, the deformation in the far-field is due to post-seismic relaxation of 
both faults, and thus the velocities in the far-field build up to the mature, cycle invariant 
velocities roughly twice as fast as in the one fault models. When the faults are loaded by 
far-field shear, during the spin-up the velocities approach the invariant velocities near the 
fault faster than they do at a distance from the fault (Figures 3-3 and 3-4). Therefore, 
the average stresses thiroughout each seismic cycle level off to a constant value at a slightly 
longer time away from the fault compared to near the fault. Again we define Ni = ti/T to 
be the number of cycles for the average interseismic shear stress on each fault to become 
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Figure 3-19: Average mature shear stress with distance from a strike-slip fault in two-layer 
models with Maxwell rheologies (initially unstressed, az/al = 2.2, and rhs/rml = 5) and 
lal I-' = 3 (blue) and 30 (red) years, and aZ/al = 2.2. Inset plot shows the range of stresses 
near the fault for lall-' = 3 years and sliprates of 10 mm/yr (magenta) and 5 mm/yr 
(cyan). 
0 . 9 0 ~ ~  where of is the difference between the initial and average invariant shear stress on the 
faults and we assume that the fault is initially unstressed. In a two-fault model, where both 
. . 
faults are the same distance from the model boundaries (Figure 3-le), each fault matures at 
different times if the slip-rate of the two faults is different. When one fault has a much lower 
sliprate than the other, the stresses due to the slow fault on the fast fault are negligible, and 
the fast fault spins-up as if the other fault were not there (Figure 3-20). On the other hand, 
the stresses on the slow-fault due to ruptures of the fast-fault are comparable to the stresses 
due to the ruptures of the slow-fault, and thus the slow-fault become invariant at a delayed 
time (Figure 3-20). Additionally, when the rheologies are weak, the spin-up time of each of 
the faults is longer than in single fault models, whereas for stronger rheologies the spin-up 
times are not as lengthened since the faults are more rheologically isolated from each-other 
(Figure 3-21b). In a multiple fault model, Ni and of depend on all of the model parameters 
(e-g., the slip-rates, distance between faults, rheologies). It is not our intention to determine 
the relationships of Ni and of to the model parameters in multi-fault models; however, the 
slow fault fast fault 
Figure 3-20: Shear stresses during the spin-up of faults in two-layer models with Maxwell 
rheologies (aZ/aI = 2.2, T ~ ~ / T ~ ~  = 5, and r, = 3.4) and sliprates (vsl) of 5 mm/yr (slow 
fault; right panels) and 10 mm/yr (fast fault; left panels), both with repeat time To, and 
assuming that the faults are separated by a distance X (top and bottom panels are X = 10D 
and 200,  respectively). Shown are the stresses due to the slow (red) and fast (blue) faults, 
as well as the total stresses (green); Ni is marked for each stress history (dashed lines). 
variations from the single fault models can be understood through the above illustrations. 
Mature velocities on parallel faults 
In a two fault model with linear rheologies, the mature, cycle invariant velocities can be 
described by the phase variables from a CEHM fit to each of the two faults (Figure 3-22). 
Immediately after a rupture on one fault, the apparent D and v~ of that fault are lower and 
higher, respectively, than the actual values due to the large strain across the fault and the 
heightened postseismic velocities. Alternatively, late in the cycle of one of the faults, the 
apparent D of that fault is larger than the actual, reflecting lower strains preceding the next 
rupture (Figure 3-22). When there is appreciable postseismic relaxation, the CEHM does 
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Figure 3-21: a) Shear stresses on faults during the spin-up of a two-layer model with Maxwell 
rheologies (az/al = 1.32 and rhs/rml = 5) containing two faults, with sliprates (vsl) of 15 
mm/yr (cyan) and 5 mm/yr (magenta), separated by a distance of 200. After the models 
spins-up to a cycle invariant state, the sliprates on the faults instantaneously switch; Ni of 
each of the two faults (dashed lines, color corresponds to the stress history) and the transition 
period (black dashed line). b) Spin-up times of each fault in two-layer models containing two 
faults separated by distance X (circles and squares are the fastest and slowest slipping faults 
in each model), transition times (stars) , and spin-up relations for a single fault in a two-layer 
model (dashed lines; Figure 3-10); blue symbols and lines correspond to az/al = 1.32, and 
red to 1.65. N = 2 and L* = L for the spin-up time, while N = 1 and L* = A, the distance 
between the faults for the transition. 
b) I -I 0 
! .,, 1 left fault I 
Figure 3-22: a) Invariant velocities (solid lines) in a two-layer nlodel with Maxwell rheologies 
(a2/al = 2.2, rhs/rml = 5, and ro = T,lal-' = 3.4) and two periodically rupturing faults 
(located at x/D = &lo) and total slip-rate v,. The repeat time of the ruptures on both 
faults is To, the left fault ruptures with offset 3A0/2 at t/To = 0, 1, 2, ... and the right fault 
with offset Ao/2 at t/T, = 0.5, 1.5, 2.5, ... . Dashed lines are the best fit CEHMs to the 
interseismic velocities. b) Phase variables D and v~ of the left fault through time; black 
crosses indicate the velocities shown at left. c )  D and v~ of the right fault, symbol type as 
in panel b. 
not fit the interseismic velocities well at all times; however the variation of the phase variable 
D adequately reflects the variation of strains across the faults throughout the seismic cycles 
(Figure 3-22). 
Repart itioning of sliprates on parallel faults 
As in the single fault examples in Section 3.3, when the sliprates of each fault in a two fault 
model change, the stresses on the faults evolve toward new cycle invariant levels. Unlike the 
single fault examples, when the far-field velocities remain const ant through time there is no 
deficit or excess deformation between the far-field and near the fault as long as the sum of 
the sliyrates of the faults remains constant; hence the fault system will re-equilibrate to a 
new mature, cycle invariant state after the fault slip-rates change (Figure 3-21a). The time 
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Figure 3-23: Shear stresses on faults in two fault, two-layer models with Maxwell rheologies 
(cuz/cul = 1.5, rhs/rm1 = 5, and r0 = T0lal-'), where each fault initially ruptures with 
the same magnitude and repeat times To (red) and TI = 5T0 (blue), and at time zero the 
sliprates on the faults switch. 
- .  
to transition to the new state is roughly given by the relations above, using the fault offset 
' distance as the model's length scale instead of the distance to the model boundaries (Figure 
3-21b). The smaller model length scale reflects that the deformation only changes in the 
near field, and when the total sliprate is conserved, stresses are only transfered over the 
distance between the faults. Thus, the time to transition to the new mature state is much 
less than the time that it took for the faults to initially reach cycle invariance. As in the 
initial spin-up time, when the rheologies are extremely weak, the system re-equilibrates over 
very few cycles, whereas when the rheologies are strong, the transition period lasts many 
cycles (Figure 3-23). Finally, the time to re-equilibrate is sometimes delayed due to the 
effects of the faults on each-other (Figure 3-21b). 
After the sliprates change, the interseismic velocities during the transition period are 
those required to increase or decrease to the new cycle invariant velocities (Figure 3-24). The 
interseismic velocities near the fault whose slip-rate has decreased are consistently slower than 
during the initial cycles, and its apparent locking depth is consistently larger than during 
the initial cycles (Figure 3-24). Alternatively, the interseismic velocities near the fault whose 
slip-rate has increased are larger than the initial velocities as the new, larger cycle invariant 
velocities are built up. During this transition time, the apparent locking depth throughout 
each cycle is smaller than it was before the slip-rate change. Additionally, the phase variables 
of the fault that has slowed down (sped up) vary within each cycle more (less) than in the 
initial invariant cycles (Figure 3-24). Finally, the apparent slip-rate of the faults varies 
rapidly from cycle to cycle immediately after the slip-rates change, and approaches the new 
invariant st ate more slowly later in the transition period (Figure 3-24). 
3.5 Discussion 
3.5.1 Model rheologies 
In these examples we have focused on Maxwell viscoelastic rheologies. The spin-up of a model 
is dominated by the slowest recoverable phase of the rheology. In a mature system, when 
the fault slip-rate differs from the long- term average, the rate of evolution of interseismic 
deformat ion will be affected by the presence of other, weaker relaxation phases; however, the 
trend of the evolution will be the same as for these univiscous examples. For example, in 
a model with multi-viscous rheologies, near a fault whose slip-rate has been faster than the 
long term average, interseismic velocities will be larger than the cycle invariant velocities. 
3.5.2 Models of strain accumulation 
When a fault ruptures repeatedly, the fault will always evolve toward a mature state. In a 
mature st ate, the interseismic velocities throughout the seismic cycle are perturbations to 
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Figure 3-24: a) Shear stresses on each fault in a two fault, two-layer model with Maxwell 
rheologies (a2/al = 2.2, rhs/rml = 5, and r0 = T0lal-' = 3.4). Each fault initially ruptures 
with the sequence described in Figure 3-22, and at t = 0 the sliprates of the faults instan- 
taneously switch. b and c )  Interseismic velocities immediately before each rupture on the 
left (b) and right (c )  fault during part of the transition time highlighted in yellow in panel 
a; green dashed lines are the initial invariant velocities and black-solid lines are the final 
invariant velocities. d and e)  Phase variables D and v~ of the left (d) and right (e)  faults; 
green dots and black circles indicate the phase variables during the initial and final invariant 
cycles, respectively. 
the primary ~elocit~ies, which are t'he average interseismic velocities as well as the velocities 
of the equivalent elastic model. The perturbations through time are determined largely 
by the rheologies of the model. Interseismic deformation is known for Maxwell rheologies 
[e.g., Savage and Prescott, 1978; Savage, 2000; Pollitz, 2001; Smith and Sandwell, 2004], 
Maxwell rheologies with viscous fault slip [Johnson and Segall; 2004], and general linear 
viscoelastic rheologies [Hetland and Huger; 2005al; however, interseismic deformation has 
not been determined for more complex rheologies. 
On established faults, the entire interseismic period is part of one process, resulting from 
the cumulative effect of all previous ruptures. In general, during the interseismic period there 
is no natural division between postseismic and relaxed periods. Naturally, there may be 
times early in the seismic cycle when the deformation is dominated by transient postseismic 
processes, whereas later in the cycle the deformation is relatively steady. Nevertheless, just as 
the postseis~riic deforrnation depends on fault loading [e.g., MonteBi, 20041, the deformation 
late in the cycle depends on the early transients, and can not be considered independent of 
all the rheological processes. 
Researchers sometimes assume that deformation before large strike-slip earthquakes is 
that of simple shear [e.g., Vergnolle et al., 2003; Freed and Biirgmann, 2004; Pollitz and 
Nyst, 20051, and most researchers model postseismic deformation ignoring all but the last 
earthquake [e.g., Hean8 et al., 2002; Hetland and Huger, 2003; Pollitz, 20031. Only when 
all of the relaxation times of the model are much shorter than the rupture repeat times, 
is the deformation late in the cycle close to that of simple shear and can the postseismic 
deformation be considered independently of all previous ruptures. This corresponds to large 
r, in a one-layer model, with only one viscous phase [Savage and Prescott, 19781. In a layered 
model with or without multi-viscous rheologies, all of the relaxation times need to be small 
compared to t'he rupture repeat times for the deformation late in the cycle to be simple 
shear. By ignoring the cumulative effects of all previous ruptures, researchers run the risk 
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Figure 3-25: Velocities (black) of a model composed of the postseismic velocities after a 
single rupture (red) plus those of distributed shear (cyan), and the interseismic velocities for 
a classic elastic half-space model (blue-yellow dashed line). ' . ' ' ' . . 
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of mistaking a relatively strong rheology with a weak rheology by modeling cycle invariant 
velocities using a model of simple shear plus large postseismic deformation (Figure 3-25). In 
order to obtain an accurate understanding of the rheology, the strain accumulation from the 
entire rupture history needs to be considered. 
3.5.3 Stability of non-periodic rupture sequences 
In all of these examples, we have prescribed fault ruptures. In reality, a fault ruptures when 
shear stresses exceed the frictional strength of the fault [e.g., Scholz, 1998]. In our fault 
rupture models, shear stresses decrease during the interseismic period and increase during 
the rupture. If the fault rupture was governed by friction, the variations in stress would 
be expected to be the opposite. However, the stress histories shown here can be converted 
to the frictional fault case by pre-stressing the model. For example, in a model loaded by 
far-field shear, sufficient initial stresses are developed by shearing the model for a period 
of time before the first rupture (Figure 3-6b). Assuming that the fault was initially loaded 
in such a way, when a regularly scheduled rupture in a periodic rupture sequence is missed 
. . . .  
(i.e., the repeat time becomes longer), the stresses on the fault continue to increase past the 
stress level before the last rupture. Alternatively, in the case when the fault r~p t~ures  before a 
regularly scheduled rupture, the stresses on the fault do not reach the same preseisrnic st'ress 
level (e.g., Figures 3- 12-3-17). Several researchers who have proposed models of non-periodic 
rupture sequences have appealed to non-steady friction [e.g., Chiry et al., 2001; Kenn,er and 
Simons, 20051. 
Using a one dimensional slider-block model with a hlaxwell viscoelast'ic rheology, Kenner 
and Simons 120051 deduced a non-dimensional number that typifies the tendency of faults to 
rupture periodically or non-periodically, which they termed the Wallace number after Robert 
E. Wallace, who first documented clustering in the western US [ Wallace, 19871. The Wallace 
number, W ,  is defined as the ratio of t'he stress drop in an earthquake to the reloading 
stress, and is equivalent to 2To/rh1, where To is the average rupture repeat time and r h ~  is 
the effective Maxwell relaxation time [Kenner and Szmons, 20051. For W less than about 
one, Kenner and Simons [2005] showed that periodic fault activity is stable. As W increases, 
rupturing exhibits increasing non-periodic behavior, and when W > 100 the fault ruptures 
tend to cluster in tirne. 
In two-dimensional, linear viscoelast ic models of infinite length frictional faults, the ten- 
dency toward non-periodic rupture sequences is similar to that of the slider-block models 
[DiCaprio et al., 20041. In three-dimensional, linear viscoelastic models with frictional faults, 
To/rhl is also the parameter that controls the tendency of faults to rupture non-regularly 
[Lynch et al., 2003; Chkry et al., 20011, while a difference in strengths of nearby faults ap- 
pears to be required for ruptures to cluster in time [Lynch et al., 20031. The relationships 
of W to all of the model parameters in two and three-dimensional models have yet to be 
published. 
We speculate that in viscoelastic models, the Wallace number is proportional to To la 1.  
In two-dimensional viscoelastic models considered in this paper, W also nust  depend on 
the geometry and rheology terms in the relations given in Section 3.2.3. For the standard 
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model of Savage and Prescott [1978], loll 1 = 1/2rM and ignoring the possible dependence 
on other model parameters, W = 47,. Assuming that the fault is initially unstressed, after 
the fault spins-up to a mature state, the long-term average shear stress on the fault is of.  
If the fault slip-rate changes, the stresses on the fault evolve toward a new average, 0;. 
Assuming that the stress drop in a rupture (oeq) is proportional to p,A/D [e.g., Lay and 
Wallace, 19951, do/aoq = AT:', where do  = of - 4, aoeq = Seq - 04, Ceq is the long-term 
average oeq, and A includes the dependence on the model rheologies and geometries. When 
T, is small, do  >> aoeq and the deviations from a periodic rupture sequences produce large 
stresses. Unless these stresses are absorbed elsewhere in the model or the fault strength 
varies widely, such deviations from non-periodicity are not stable. Alternatively, when T, 
is large, a o  << doeq and deviations from periodicity produce negligible stresses, and thus 
non-periodic rupture sequences are relatively stable. In the case when the fault slip-rate 
alternates between periods with vsl << v, and v.1 >> v,, where v, is the long term slip-rate 
of the fault, the change in stress on the fault during periods of heightened activity is large 
because doeq is large (Figure 3-16); such extremely dense clusters may not be stable except 
for extremely weak rheologies. 
3.5.4 Applications to geodetic studies 
The success of a block model to describe observed interseismic deformation in southern 
California, led Meade and Hager [2005] to suggest that T, < 0.5 and the viscosity of the 
aseismic lithosphere is greater than about 10'' Pa-sec. Studies of postseismic deformation 
following large earthquakes in this region have suggested lower viscosities [e.g., Pollitz et al., 
20011; however, these rapid transients may not reflect the steady viscosity of the lithosphere 
[e.g., Ivins, 1996; Pollitz, 2003; Freed and Burgmann, 20041. Meade and Hager [2005] did not 
use data affected by the postseismic response of these earthquakes, and thus their results 
are not directly affected by rapid rheological phases. The lower viscosity bound obtained 
by Meade and Hager [2005] was based on the relationship between T, and viscosity from 
the standard interseismic model of Savage and Prescott [1978]. Using a one-layer model of 
interseismic deformation with both Maxwell relaxation and viscous fault slip, Johnson and 
Segall [2004] estimated that the steady viscosity under California is 1 0 ' ~ - 1 0 ~ ~  Pa-see. The 
use of layered viscoelastic models will affect the bounds on the rheology [e.g., Savage, 2000; 
Hetland and Hager, 2005bl; however, the conclusion that r0 < 0.5 for the deformation to  
not vary through most of the seismic cycle is largely independent of the particular model 
geometry. 
In southern California, almost all active faults appear to  rupture irregularly, [e.g., Grant 
and Sieh, 1994; Bennett et al., 2004; Weldon et al., 20041. Using the upper bound on r0 of 
Meade and Hager [ZOO51 and assuming that r, maps to  the Wallace number four to  one, in 
southern California W < 2, indicating that non-regular ruptures may be at most slightly 
stable, so deviations from periodic rupture sequences will lead to  the build-up of large residual 
stresses. Three dimensional effects may produce a situation in which irregular rupturing was 
more favored; however, Cht.ry et al. [ZOO 11, albeit using simple three dimensional geometries, 
showed that faults exhibit no clustering of ruptures with r o  = 3. If the ranges of W for 
clustering to be stable in three dimensional models is the same as that for one-dimensional 
models, the mapping from r0 to W would need to increase by an order of magnitude or more 
for non-periodic fault activity to  be stable in southern California. 
Inherent in block models is the assumption that all of the faults are mature and that 
interseismic velocities are everywhere those of an elastic model (i.e., the primary velocities). 
Several researchers have suggested that fault systems in southern California are undergoing 
relatively rapid redistribution of slip-rates [e.g., Sharp, 1981; Peltzer et al., 2001; Bennett et  
al., 20041. For example, paleoseismic evidence indicates that the slip-rate of the San Jacinto 
(SJ) fault has increased over the Holocene [Sharp. 1981], while geodetic estimates of the 
slip-rate of the adjacent San Bernadino segment of the San Andreas (SA) are lower than the 
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Holocene rates [e.g., Meade and Hager, 20051. Assuming that the SJ-SA fault system was at  
a mature state before the slip-rates changed, a model of two faults offset a few locking depths 
from each other should take on the order of 50 seismic cycles (roughly 10 to 25 thousand 
years on the San Andreas fault) to  re-equilibrate to  a new mature state. If the slip-rates of 
the faults have varied within the past tens of seismic cycles, the present interseismic velocities 
are not the primary velocities, and the fault parameters estimated in the block model are 
biased. The mapping of the estimated variables to  the actual fault locking depths and slip- 
rates would require three-dimensional fault geometries to  be considered, and is beyond the 
scope of this paper. 
The fact that except near recent large earthquakes, observed interseismic velocities do 
not vary with time over the past several decades, suggests that the inelastic rheology of the 
continent a1 lithosphere is dominated by a relatively stiff viscosity [e.g . , Johnson and Segall, 
2004; Meade and Hager, 20051. A multi-viscous rheology, with weak viscous phases capable 
of explaining postseismic transient deformation, as well as a viscous phase with a time scale 
much longer than rupture repeat times, may be an appropriate rheology for the aseismic 
continental lithosphere [e.g., Ivins, 1996; Pollztz, 2003; Hetland and Hager, 2005al. With 
such a multi-viscous rheology, interseismic velocities will vary little throughout most of the 
later seismic cycle, resembling those of a CEHM [Hetland and Hager, 2005al; however, these 
relatively steady interseismic velocities are still not the primary velocities. With such a 
multi-viscous rheology, interseismic velocities still vary from the invariant velocities during 
non-periodic rupture sequences [Hetland and Hager, 2005al. The stability of non-regular 
ruptures with multi-viscous rheologies is potentially very important for an understanding of 
continental deformation. 
3.6 Conclusions 
In this paper, we examined models of interseismic deformation near infinite length strike- 
slip faults during the spin-up to a mature state, as well as during non-periodic fault rupture 
sequences. We used models of an elastic layer over a linear viscoelastic half-space and 
an elastic layer over a viscoelastic middle layer and half-space. We concentrated on the 
univiscous Maxwell rheology, although we also used a biviscous Burgers viscoelastic rheology. 
We used two primary fault loading models: a fault driven by steady sliding of the down-dip 
extension of the fault [e.g., Savage and Burford, 1973; Savage and Prescott, 1978; Hetland 
and Hager, 2005a], and a fault loaded by far-field shear boundary conditions [e.g., Bonafede 
et al., 1986; Lyzenga et al., 1991; Pollitz, 20011. 
During the spin-up, the stresses and velocities evolve from the initial to  the mature. Over 
enough cycles such that the cumulative deformation is block-like, the mature shear stresses 
average to a level determined by the fault slip-rate, the model rheologies, the fault loading 
conditions, and the initial stresses. For linear rheologies, the change in shear stress during 
spin-up is independent of the initial stresses. The initial velocities are determined by the 
fault loading model, while over a time window for block-like deformation, the average mature 
interseismic velocities equal the interseismic velocities of the equivalent elastic model, also 
referred to as the primary velocities. During a periodic rupture sequence, the cumulative 
deformation is block-like at  the end of one seismic cycle, and thus the average interseismic 
velocities equal the primary velocities over one seismic cycle. When the elastic shear modulus 
of the model is uniform, the equivalent elastic model is the classic elastic half-space model 
of Savage and Burford [1973]. The time that a fa,ult model takes to reach a mat'ure state 
depends on the fault loading conditions, the presence of other faults, and the rheology, but 
is largely dominated by the non-recoverable viscous phase. 
Once the fault model spins-up, the deformation does not depend on the fault loading 
conditions, as long as t,he loading rate is const,ant in time [e.g., Li and Rice, 1987: Zatrnan, 
CHAPTER 3: STRAIN ACCUMULATION 131 
2000; Hetland and Hager, 20041. When the fault ruptures periodically, the mature interseis- 
mic deformation is cycle invariant (i.e., the same in all cycles) [e.g., Savage and Prescott, 
19781. When the fault rupture sequence is composed of the periodic repetition of clusters 
of similar ruptures, the mature interseismic deformation is cluster invariant (i.e., the same 
in all identical clusters). When the fault ruptures randomly, the fault spins-up to a mature 
state that is the same as if the fault had ruptured periodically with the mean repeat time 
and mean rupture offset. When the rupture sequence deviates from periodicity, the shear 
stresses on the fault and the interseismic velocities evolve toward the mature stresses and 
velocities given for the current slip-rate. Around a fault whose slip-rate is faster than av- 
erage, int erseismic velocities are larger than the invariant velocities and increase from cycle 
to cycle [see also Meade and Hager, 20051. Alternatively, near a fault slipping slower than 
average, the velocities are lower than the invariant, and decrease from cycle to cycle. 
Except in a few isolated rheological cases, heightened strain rates across faults is a con- 
sequence of repeated earthquakes. Only when the relaxation time scales of the lithosphere 
are much shorter than the rupture repeat times, is simple shear the correct preseismic de- 
formation model and can postseismic velocities be considered independent of all previous 
earthquakes [e.g., Savage and Prescott, 19781. When the relaxation times scales are much 
longer than the repeat times, the cycle invariant velocities are those of the equivalent elastic 
model at all times during the seismic cycle [e.g., Savage and Prescott, 19781. During the fault 
spin-up, periods of non-periodic fault ruptures, and when slip-rates repartition on adjacent 
faults, the interseismic velocities are not cycle invariant. Whenever the velocities are not 
cycle invariant, the average interseismic velocities over one seismic cycle are not the primary 
velocities. Researcher must consider the entire rupture history in order to get accurate as- 
sessments on model parameters, whether using dynamic models of postseismic relaxation or 
kinematic block models. 
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Chapter 4 
Relationship of geodetic velocities to 
velocities in the mantle 
Abstract 
We examine the relationship of the velocities at the surface (i.e. geodetic velocities) to the 
velocities in the upper-most mantle throughout a seismic cycle. We model the rheology of 
the lower crust and mantle as linear viscoelastic, and vary the relative viscosities between 
the lower crust and mantle, as well as the distribution of viscosities and secular velocities 
in the mantle. We find that the geodetic velocities are related to the transient velocities 
at  depth; the strength of the relationship decreases as the contrast between the lower crust 
and mantle viscosity increases. In these models we find that the geodetic velocities are not 
related to the secular velocities at  depth. 
4.1 Introduction 
There is a large body of research that uses surface velocities measured with geodetic tech- 
niques to infer the distribution of the rheological properties of the lower crust and mantle 
[e.g. Kaufmann and Amelung) 2000; Kenner and Segall, 2000; Piersanti et al., 2001; Pollitz, 
4This chapter was published as: Hetland, E.A. and B.H. Hager (2004), Relationship of geodetic velocities 
to velocities in the mantle. Geophys. Res. Lett., 31, L17604, doi: 10.1029/2004GL020691. 
20011 and the distribution of secular velocities in the mantle [e.g. Bourne et al., 1998; Flesch 
et al., 2000; Flesch et al., 20011. Most common among the former studies are models of post- 
seismic relaxat,ion, where transient velocities in non-elastic layers at depth are a function of 
the co-seismic st,ress changes, the earthquake rupture geometry, and the rheological struc- 
ture. For a given earthquake, the transient velocities at depth depend on the distribution of 
rheology. Hence, when post-seismic geodetic observations a,re used to  infer the distribution 
of rheology, the implicit assumption is that the surface velocities are related to  the transient 
velocities at depth. 
In addition t,o studies of transient geodetic velocities, researchers have used the thin vis- 
cous sheet (TVS) approximation, where it is assumed that the velocities in the lithosphere 
do not vary with depth, to infer distributions of velocities in the mantle from geodetic ob- 
servations [e.g. Bourne et al., 19981. Bourne et al. [1998] argued for the appropriateness 
of the TVS approximation by showing that fault slip rates calculated from geodetic obser- 
vations using the TVS approximation matched the the geologic slip rates in New Zealand 
and Southern California. Savage et al. [1999], using geodetic data from Northern Cali- 
fornia, demonstrated that the slip rates calculated using a model of viscoelastic relaxation 
from previous earthquakes matched the geologic rat,es as well as rates calculated using the 
TVS approximation, concluding that there is no compelling argument that the TVS approx- 
imation is appropriate for the lithosphere. The TVS approximation assumes a relationship 
between surface velocities and the secular velocities at depth. 
Several papers have argued that the distribution of surface velocities is independent of 
the distribution of secular velocities in the upper-most mantle. Li and Rice [I9871 demon- 
strated that, for an elastic upper crust separated from the mantle by a lower crustal Maxwell 
viscoelastic layer, with a relaxation time smaller than that of the mantle, the surface veloc- 
ities are not dependent on the particular distribution of velocities at the top of the mantle. 
Savage [2000]. using the principle of correspondence, has shown that the geodetic velocities 
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throughout a seismic cycle are identical for models of viscoelastic flow in lower layers and 
creep along the continuation of the fault at depth. Zatrnan [2000] used an analytic solution 
to investigate the relationship between an elastic upper crust and viscous lower stratum, and 
concluded that the velocities at the surface are not dependent on the steady motion of the 
viscous region, but noted that surface velocities could be used to investigate the transient 
velocities in the viscous strata due to post-seismic relaxation. 
In this paper, we investigate the relationship between geodetic velocities and those in a 
linear viscoelastic mantle, separated by a linear viscoelastic lower crust. When discussing this 
relationship, it is prudent to distinguish between the relationship of geodetic observations 
to distributions of transient velocities at depth, and the relationship to secular velocities at 
depth. If the surface velocities are distinct for different transient or secular velocities in the 
mantle, we say that the surface velocities are related to those in the mantle. If the surface 
velocities are identical for different mantle velocities, we say that there is no relationship. 
4.2 Models 
We investigate two-dimensional finite element models composed of a strike-slip fault breaking 
an elastic upper crust overlaying a viscoelastic lower crust and viscoelastic mantle. We use 
the finite element program GeoFEST 2.3 [Lyzenga et al., 20001. The two-dimensionality of 
the model implies that the fault is infinite in extent. In the lower crust and mantle, we 
use linear Maxwell viscoelastic rheologies, where the elastic response is given by the shear 
modulus, and the time-dependent response is specified by the viscosity. While the lower crust 
and mantle viscosities are distinct, we do not vary the viscosities with depth in each of these 
layers. Additionally, we specify that the lower-crust viscosity has no lateral variation. We 
control the lateral variation of viscosities in the mantle by including low-viscosity columns, 
which we refer to as mantle weak zones (MWZ). The viscosity of the columns is of 
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Figure 4-1: Model geometry used in this study, shear moduli of the crust (p,) and mantle 
( p m ) ,  and viscosities of the lower crust (ql,), mantle (qm), and MWZ (qw,). The lower graph 
shows the basal boundary conditions (BC models), and the tables list the viscosities used in 
the lithosphere models, and the presence (check mark) of the MWZ in the mantle models. 
Due to anti-symmetry, only one half of the model is shown, A is the rupture displacement, 
T is the recurrence time, and v is velocity. 
the viscosity of the background mantle, and the MWZ are located directly under the fault 
or offset on both sides of the fault (Figure 4-1). Due to  anti-symmetry, we only model one 
half of the model, specifying a zero velocity boundary condition on the edge of the model 
containing the fault and a constant velocity boundary condition on the opposite edge, while 
the top of the model is free-slip (Figure 4- 1). 
We group the models according to  variations in: 1) the relative strengths between the 
lower crust and mantle, "lithosphere models". 2) the number of MWZ in the mantle, "mantle 
models", and 3) the basal boundary conditions applied to the model, "BC models". We 
consider three lithosphere models: a weak lower crust with a strong mantle (WLC), a strong 
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lower crust with a stronger mantle (SLC), and a weak mantle with a stronger lower crust 
(WM). We consider four mantle models; the first does not contain any MWZ, yielding a 
homogeneous mantle (OMWZ) , and the remaining three contain up to three MWZ, which we 
refer to as nMWZ where n is the number of MWZ in the mantle (Figure 4-1). To control the 
secular velocity distribution in the upper-most mantle, we specify three boundary conditions 
on the bottom of the model (BC models): a simple-shear velocity gradient (shear), a block- 
like velocity (block), and a stepped velocity (step, similar to bookshelf block-like model; 
Figure 4- 1). 
We do not propose that the MWZ in these models are physically appropriate for models 
of the lithosphere; we only use them as means to control the secular velocities along the 
Moho. We use a sufficiently low viscosity contrast between the MWZ and the mantle such 
that the distribution of secular velocities along the Moho is distinct for each of the three 
BC models. We choose viscosities of the lower crust and mantle purely for demonstrative 
purposes. By considering three lithosphere, four mantle and three BC models, there are 36 
possible models. However, in order to illustrate the relationship between surface and mantle 
velocities we present 18 models in this paper, as described below. 
We "spin-up" all of the fault models by cycling over successive fault ruptures until the 
displacements and stresses throughout a seismic cycle do not vary from one cycle to the 
next, reaching a cycle invariant state [e.g. Lytenga et al., 1991; Savage, 20001. The number 
of seismic cycles that is required to attain cycle invariance is a function of the boundary 
conditions, the strength of the system, and the recurrence time of the ruptures, T (we used 
T = 100 years). 
4.3 Results 
We present the results of the models in two sections. First we discuss the influence of the 
distribution of viscosities in the upper-most mantle on the velocities at the surface -- the 
relationship of surface velocities to the transient velocities at depth. Second we discuss 
the influence of the distribution of mantle velocities on the velocities at the surface --- the 
relationship of surface velocities to the secular velocities at depth. 
4.3.1 Relationship to transient velocities 
To examine the relationship of surface velocities to  the distribution of the transient velocities 
that develop for a particular distribution of viscosities in the mantle, we consider all four 
mantle models and the shear BC model. In the WLC, SLC and WM lithosphere models, 
the surface velocities are all distinct for the four mantle models (Figure 4-2). The velocities 
throughout the seismic cycle in the WLC model are essentially indistinguishable for the four 
mantle models, since the co-seismic stresses relax in the lower crust niuch more rapidly than 
in the mantle (Figure 4-2a). The WLC models exhibit a weak relationship between the 
surface velocities and the transient velocities in the mantle. 
In the SLC lithosphere models, the surface velocities in the 3h1WZ and IMWZ models 
are quite distinct from the OMWZ and 2MWZ models (Figure 4-2b). The surface velocities 
throughout most of the later seismic cycle in the lMWZ and 3MWZ models are only slightly 
different than those of the ONIFITZ model, while during the post-seismic period, the veloci- 
ties are much larger, since the relaxation of coseismic stresses in the LIWZ dominates the 
relaxation of stresses in the lower crust. For the SLC model, the OMWZ and 2MWZ mod- 
els show little variation of velocities throughout the seismic cycle. The 2MWZ inodel only 
contains the MWZ offset from the fault, a,nd the co-seismic stresses do not cause significant 
shear across the offset hlkVZ, yielding surface velocities simi1a.r to the homogeneous man- 
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Figure 4-2: Velocities, v, a t  the surface throughout a seismic cycle using the shear BC model, 
varying mantle viscosity models and the WLC (a), SLC (b) and WM (c )  lithosphere models. 
Thin lines in panel a are the velocities for a model with i l l e  and equal to  lo2' and 1017 
Pa-sec, respectively, at time 0.06T. 
tle (OMWZ) . In the 3MWZ model, the post-seismic velocities are constrained between the 
center and off-center MWZ, exhibiting an almost block-like post-seismic motion, whereas in 
the 1M WZ model the post-seismic velocities are more smoothly distributed, decreasing with 
distance away from the fault (Figure 4-2b). The SLC models exhibit a strong relationship 
between the surface velocities and the transient velocities in the mantle, but only in the 
immediate post-seismic period. 
In the WM model, the surface velocities are distinct for the four different mantle models 
(Figure 4-2c). As in the SLC models, in the WM models the post-seismic velocities in 
the OMWZ and 2MWZ viscosity models are virtually identical. In general, post-seismic 
velocities are dominated by relaxation in the MWZ and the weak upper-most mantle. In the 
WM models, the transient velocities in the mantle during the post-seismic period are related 
to the surface velocities. 
As the contrast between the lower crust and mantle viscosities increases, the geodetic 
velocities are less closely related to the transient velocities at depth, regardless of whether 
the mantle is stronger or weaker than the lower crust. For example, for a model with a 
background mantle viscosity the same as the WM model, but with a lower crust viscosity of 
~ O ~ ~ P a - s e c ,  the velocities early in a seismic cycle are virtually indistinguishable for each of the 
viscosity models (Figure 4-2a). As the relationship to transient velocities is most prominent 
in the post-seismic period, it is sufficient to demonstrate the lack of a relationship only in 
the post-seismic period. 
4.3.2 Relationship to secular velocities 
To examine the dependence of the surface velocities on the distribution of secular velocities 
in the mantle, we use the mantle model 3MWZ and control the distribution of velocities in 
the upper-most mantle using varying BC models. The velocities in the upper-most mantle 
develop passively, and the amount of shear which develops across each MWZ depends not 
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block - - - 
step - - 
shear 
Figure 4-3: Cumulative displacements, d, throughout a seismic cycle along the Moho using 
mantle viscosity model 3MWZ, and indicated lithosphere and BC models. 
only on the basal boundary condition but also on the viscosities of the lower crust and 
mantle. We ensure that the distributions of velocities along the Moho are distinct for the 
three BC models. To illustrate the distinctness of the secular velocities in the upper-most 
mantle, we show the total displacements throughout a seismic cycle along the Moho (Figure 
4-3). The displacements convey the degree that the basal boundary conditions propagate 
up to the Moho and lower crust. The propagation is not exact. For instance immediately 
below the Moho in the shear BC model, there is still some strain across the MWZ. However 
it is much less than the amount of strain across the MWZ in the block or step BC models 
(Figure 4-3). 
For all three lithospheric models - weak lower crust, strong lower crust and weak mantle 
- the velocities at the surface throughout the seismic cycle are identical and are the same 
as those shown for the 3MWZ models in Figure 4-2. Hence, the surface velocities are not 
dependent on the distribution of secular velocities in the upper-most mantle, and there is no 
relationship between the surface velocities and the distribution of secular velocities in the 
mantle. 
4.4 Discussion 
The development of the transient velocities in the upper-most mantle depends on the partic- 
ular distribution of viscosities in the lower crust and mantle, and the relationship of geodetic 
observations to transient velocities in the mantle is often exploited to infer rheologies of the 
lower crust and mantle using geodetic data of both post-seismic relaxation [e.g. Kenner and 
Segall, 20001 and viscoelastic rebound [e.g. Kaufmann and Amelung, 20001. Although, in 
this study, the viscosity variations are limited to discrete weak zones in the mantle, the con- 
clusions are likely to hold for other viscosity distributions. For instance, Kenner and Segall 
[2000] and Pollitz [2001] both evaluated velocities throughout the seismic cycle for models 
in which the lower crust contained low-viscosity zones of lateral dimensions comparable to 
the locking depth of the fault. 
Flesch and colleagues used geodetic data to  infer the effective lithospheric viscosity 
throughout the western United States [Flesch et al., 20001 and central Asia [Flesch et al., 
2001j. In this paper, we show that geodetic data may be in fact sensitive to the rheology 
of the sub-seismogenic layers. However, Flesch and coworkers did not use the geodetic data 
directly to infer effective viscosities; instead they used the geodetic data to infer secular 
strain rates using the TVS approximation. Then, calculating stresses from gravitational 
potential and tectonic boundary conditions, they obtained effective viscosities [Flesch et al., 
2000; Flesch et al., 20011. Their studies implicitly assumed that the geodetic observations 
are related to the secular strain rates throughout the lithosphere. We demonstrate that, with 
linear viscosity, this assumption is not valid. Flesch et al. [2000] resolved a large gradient 
in effective viscosity roughly across the Central Nevada Seismic Belt in the western US, a 
region with significant transient velocities due to post-seismic relaxation [e.g. Hetland and 
Huger, 20031. The failure to account for transient velocities leads to an incorrect inference 
of lithospheric strength. 
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4.5 Conclusions 
We evaluate the relationship of geodetic observations to the transient and secular velocities 
in the upper-most mantle. The velocities are related (not related) when surface velocities 
are distinct (identical) for distinct velocities in the mantle. We consider lithospheric models 
characterized by an upper mantle stronger than the lower crust, as well as a lower crust 
stronger than the mantle. We demonstrate that geodetic velocities are always related to the 
transient velocities in the mantle, although the relationship depends on the relative strengths 
of the lower crust and mantle. As the contrast between the lower crust and mantle viscosities 
increases, the relationship becomes weaker. 
We also demonstrate that the geodetic velocities are not related to the secular velocities at 
depth, even when the relaxation time of the lower layers is long compared to the seismic cycle. 
This contributes to the findings of several past studies [e.g. Li and Rice, 1987; Savage, 2000; 
Zatman 20001, illustrating the lack of a relationship between surface velocities and secular 
velocities at depth using linear rheologies. Moreover, our models clarify the distinction 
between the relationship of geodetic data to secular and transient velocities at depth. 
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Chapter 5 
The Effects of Rheological Layering 
on Post seismic Deformat ion 
Abstract 
We examine the effects of rheological layering on postseismic deformation using models of 
an elastic layer over a viscoelastic layer and a viscoelastic half-space. We extend a gen- 
eral linear viscoelastic theory we have previously proposed to models with two layers over 
a half-space, although we only consider univiscous Maxwell and biviscous Burgers rheolo- 
gies. In layered viscoelastic models, there are multiple mechanical time scales of postseismic 
deformation; however, not all of these time scales arise as distinct phases of postseismic 
relaxation observed at the surface. The surface displacements in layered models with only 
univiscous, Maxwell viscoelastic rheologies always exhibit one exponential like phase of re- 
laxation. Layered models containing biviscous rheologies may produce multiple phases of 
relaxation, where the distinctness of the phases depends on the geometry, as well as the 
contrast in strengths between the layers. Postseismic deformation at increasing distances 
from the fault is influenced by rheologies at  increasing depths, and thus the time scales of 
postseismic displacements vary with distance from the fault in layered viscoelastic models. 
The amount of geometric information explicitly included in the solution for the surface dis- 
placements increases with increasing model dimension, and postseismic deformation due to 
a finite length rupture can be described using a 2D model with similar mechanical time 
scales at  all locations relative to the fault, as long as the 2D and 3D models share a common 
geometry. While simplified models of the lithosphere may be used to model geodetic data, 
3 ~ h i s  chapter will be submitted for publication in Geophys. J. Int. as: Hetland, E.A. and B.H. Hager, 
The effects of rheological layering on postseismic deformation. 
the ma.pping between the parameters in these simple models to those in more realistic mod- 
els needs to  be addressed in order to accurately draw inferences of the pa,rameters in more 
conlplex models. 
5.1 Introduction 
Recently, models of multi-phase postseismic relaxation have been proposed to explain obser- 
vations of post-seismic relaxation that are not adequately described using a single exponential 
phase of relaxation [e.g., Ivins 1996; Pollitz, 2003; Freed and Biirgmann, 2004 Montisi, 20041. 
Such models incorporate rheologies with more than one component of viscoelastic relaxation, 
where each distinct phase of surface deformation is assumed to correspond to a different vis- 
cosity. These multiviscous rheologies range from linear viscoelastic rheologies containing 
two viscous relaxation times [e.g., Iwins, 1996; Pollitz, 20031 to non-linear rheologies with a 
continuous spectrum of relaxation times [e.g., Freed and Burgmann, 2004; Montksi, 20041. 
In heterogeneous models containing only univiscous Maxwell rheologies, there are multi- 
ple times scales in the solutions for postglacial rebound [e.g.. Peltier, 1974; Fang and Huger, 
19951, as well as in postseismic deformation [e.g., Piersanti et al., 1995; Ivins and Sammis, 
19961. In fact, the biviscous relaxation model of Iwzns and Sammzs [1996] used a composite 
rheology to represent a random distribution of small regions with a weak Maxwell viscoelastic 
rheology embedded within a stronger 14axwell viscoelastic material. This biviscous model 
described the postseismic deformation observed over six months following the 1992 Landers 
earthquake, where the initial rapid deformation was dominated by stress relaxation in the 
weak regions, while stress relaxation in the stronger surrounding regions dominated the later 
deformation [Iuins, 19961. While lateral distributions of materials with differing rheologies 
are expected in the continental lithosphere 1e.g.. Rutter and Brodze, 19921, variations in the 
strength of the lithosphere with depth are more likely significant over crustal scales than 
lateral variations [e.g.. Kohlsfedt e t  al., 19951. In models of postseismic relaxation, 1inea.r 
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viscoelastic layers of differing strength are commonly used to approximate the depth de- 
pendent strength of the lithosphere [e.g., Lyzenga et al., 1991; Hager et al., 1999; Hetland 
and Hager, 2003; Pollitz, 20031. As in models with biviscous rheologies, one may speculate 
that distinct phases of observed postseismic relaxation are associated with the viscosities at 
varying depths in layered models with only Maxwell viscoelastic rheologies. 
In this paper, we investigate the effect of rheologic layering on postseismic deformation 
at the surface. We consider two-dimensional models composed of one or two layers overlying 
a half-space, with a vertical dislocation in the upper-most layer. For brevity we refer to 
the models with one and two layers over a half-space as one-layer and two-layer models, 
respectively. We assume that the instantaneous elastic shear modulus is uniform in all of 
the models that we present in this paper. Many researchers have demonstrated that it is 
crucial to account for variations in shear moduli in both kinematic and dynamic models 
[e.g., Rybickz, 1971; Chinnery and Jovanovich, 1972; Savage, 1987; Hager et al., 1999; Le 
Pzchon et al., 20051; however, in this paper, we wish to isolate the affects of the viscous 
creep components of the rheologies on the surface deformation. We only consider models 
with an upper elastic layer and either univiscous Maxwell or biviscous Burgers viscoelastic 
lower layers. The Maxwell viscoelastic rheology is common in models of crustal deformation 
[e.g., Rundle and Jackson, 1977; Savage and Prescott, 1978; Lyzenga et al., 1991; Hager et 
al., 1999; Hetland and Hager, 2003; Smith and Sandwell, 20041, the Burgers rheology has 
only been used in few models of crustal deformation [e.g., Pollztz, 2003; Hetland and Hager, 
2005a; Pollztz, 20051; however, the Burgers rheology has been used to describe the transient 
deformation of several geologic materials [e.g., Carter and Ave 'Lallement, 19701. 
Linear viscoelastic media can be represented by combinations of springs (representing 
elastic deformation) and dash-pots (representing viscous creep) [e.g., Burgers, 1939; Fliigge, 
19671. A spring in series (parallel) with a dash-pot is a Maxwell (Kelvin) element (Figure 
5-1). The Maxwell element represents non-recoverable creep, whereas the Kelvin element 
Figure 5-1: Mechanical analogue models of viscoelastic materials: a) a Maxwell element, b) 
a Kelvin element, and c )  a Burgers model. 
is fully recoverable and represents delayed elasticity [e.g., Burgers, 1939; Fliigge, 19671. A 
Maxwell element in series with a Kelvin element is the mechanical analogue of a Burgers 
viscoelastic rheology, capa,ble of two phases of viscous creep (Figure 5-lc) [Burgers, 19391. 
In crustal materials, estimates of the ratio of the Kelvin shear modulus to the Maxwell shear 
modulus is about 113 or less, while the Kelvin viscosity is about 0.4-0.6 times that of the 
Maxwell viscosity [e.g., Carter and Aue 'Lallement, 19701. 
Previously, we incorporated general linear viscoelastic rheologies into the interseismic 
deformation model of Savage and Prescott 119781 [Hetland and Hager, 2005bI. These solutions 
only hold for models of an elastic layer over a viscoelastic half-space, and in this paper we 
extend these one-layer models t'o models of two layers over a half-space. However, as the 
analytic solutions of this three region geometry is intractable t,o calculat>e directly, we use t,he 
finite element method to coniput,e postseismic deformation in two-layer models. Nevertheless, 
the analyt,ic solutions yield grea.t insight into the nature of the postseismic deformation in 
layered models. Finally, we explore the differences of these two-dimensional models from 
three-dimensional models containing a finite length rupt,ure. 
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5.2 Analytic Model 
Displacements due to an infinite length, vertical dislocation extending from z = d to  D 
(d < D)  in an elastic whole-space are given by 
2 - d  
uo(d, D)  = uo(y, Z; d, D)  = tan-' - 
Y 
where b is the dislocation, or rupture, offset [e.g., Chinnery, 1961; Chinnery and Jovanovich, 
19721. The solution for the displacements in layered models (multiple layers over a half- 
space) can be constructed from equation (5.1) using the method of images [e.g., Weertman 
and Weertman, 1964; Rybicki, 1971; Chinnery and Jovanovich, 19721. We define a pair of 
dislocations reflected about a horizon at depth Z ,  a so-called image pair, as 
v ( z )  - v(y , z ;Z )  = uo(Z+  d , Z +  D)  - uo(Z - d , Z  - D).  (5.2) 
The displacements due to  a dislocation in an elastic half-space (Figure 5-2) are given by the 
image pair reflected around Z = 0 
[e.g., Chinnery, 1961; Chinnery and Jovanovich, 19721. In the sign convention for disloca- 
tions, b > 0 corresponds to a left-lateral fault. 
The displacements a t  the surface due to a dislocation in an elastic layer of thickness 
hl overlying an elastic half-space (a one-layer model; Figure 5-2) are given by image pairs 
reflected about horizons at  depths Z = 2nhl, where n is an index of an infinite sum [Rybicki, 
19711. The surface displacements due to a dislocation in the upper layer of an elastic two- 
layer model (two layers over a half-space; Figure 5-2)) are given by image pairs reflected 
about Z = &2(l + m)hz f (1 + n)hl ,  where 1, m,  and n are summation indices, and hl and 
a) 
free surface 
b) c) 
free surface 
4 
Figure 5-2: Two-dimensional model geometries considered in this paper: a) a half-space 
model, b) a one-layer model (one layer over a half-space), and c )  a two-layer model (two 
layers over a half-space). Coordinate system is shown in pa,nel a. 
h2 are the thicknesses of the top and middle layers, respectively [Chinnery and Jouanouich, 
19721. We define 
~ + . - ( l ,  m, n) = v [&2(1+ rn) h2 f 2( l+  n) hl] (5.4) 
to  be the image pairs in both the one- and two-layer models (W+ = W when t = 0). 
The displacements in a layered model depend on these geometric functions as well as the 
mechanical coupling coefficients between the layers. In the terminology of optics, the coupling 
coefficients are often described as reflection and transmission coefficients, and depend on the 
contrast of the shear moduli between the layers [e.g., Chinnery and Jovanouich, 19721. 
The solution for the time dependent, displacements due to the viscoelastic response to a 
dislocation can be found directly from the elastic solution using the Correspondence Principle 
of viscoelasticity [e.g., Fliigge, 19671, a technique first proposed in crustal deformation by Nur 
and Mavko [1974]. Using the Correspondence Principle, the viscoelastic solution is obtained 
by transforming the elastic solution to the Laplace domain, replacing the shear moduli and 
the rupture offset with the equivalent shear moduli and a fault offset history function, and 
then transforming back to the time domain. This transformatmion method has been described 
in several previous papers [e.g., Nur and Mavko, 1974; Savage and Prescott, 1978; Hetland 
and Huger, 2005b1, and we refer readers to those papers for a det'ailed discussion. 
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In the Laplace domain, the reflection and transmission coefficients are 
and 
where hi(s) is the equivalent shear modulus of the material in layer i (g and g denote 
functions of time and the Laplace dual of time, respectively). The equivalent shear moduli 
of the layers is given by bi(s) = @ ~ ( s ) / & ~ ( s ) ,  where @i(s) and &i(s) are Laplace transforms 
of the stress and strain differential operators in the equation of motion. For linear materials 
&(s) and $(s) are polynomials of s, whose coefficients depend on the shear moduli and 
viscosities of the viscoelastic material. Throughout this paper we refer to the instantaneous 
elastic shear modulus and the Maxwell viscosity of layer i as /.LM~ and ql\.3i, respectively, and 
the Kelvin shear modulus and viscosity as /.LKi and q ~ i .  The material relaxation times of 
the Maxwell and Kelvin elements in layer z are then T M ~  = qMi//.LMi and T K ~  = qKi//.LKi, 
respectively. 
The reflection and transmission coefficients can be expressed as 
and 
and we note that Pij = Pji and Qij = -Qji. We drop the hat on P, Q, and R since we do 
not consider them in the time domain, and thus there is no ambiguity over whether they are 
polynomials in s or functions of t .  In the one-layer model of Rybicki [I9711 and the two-layer 
model of Chinnery and Jouanouich [1972], the reflection and transmission coefficients can be 
grouped toget her into 
In the time domain, r ( t ;  I ,  m, n) complet'ely describes the time dependence due to viscoelastic 
relaxation following a dislocation in the upper layer. 
Based on the the elastic solution of R ybicki [1971], the time-dependent surface displace- 
ments ( z  = 0) due to a dislocation in a viscoelastic one-layer model are 
where b(t) is the fault offset history function, and "*" denotes the convolution operation. 
For this one-layer model, r ( t ;  0, 0, n) = A;,, which is referred to as r n ( t )  in Savage and 
Prescott [I9781 and Hetland and Ha,ger [2005b]. Savage and Prescott [I9781 determined 
r n ( t )  analytically for an elastic layer overlying a Maxwell viscoelastic half-space, while we 
recently determined P ( t )  for an elastic layer over any linear viscoelastic half-space [Hetland 
and Huger, 2005bl. Based on the elastic solution of Chinnery and Jovanovich [1972], the 
surface displacements in a viscoelastic two-layer model can be found through the addition 
of a correction term to the one-layer solution: 
? L ~ ( X ,  t )  = u1(x, t )  + UC(X. t ) ,  
CHAPTER 5: POSTSEISMIC RELAXATION IN LAYERED MODELS 
where 
and 
The above equations are slightly different than those given by Chinnery and Jovanouich 
[1972], but can be obtained by algebraic re-ordering of their solution, using the correction 
noted by Savage [2000]. 
We use the method introduced by us in Hetland and Huger [2005b], to determine I? (t ; 1, m,  n) 
from equation (5.9), as well as its convolution with b(t). Our previous paper was restricted 
to an upper elastic layer over a viscoelastic half-space, while in this paper, we allow any 
of the model layers to  be either elastic or linear viscoelastic. Equation (5.9) is a ratio of 
polynomials in s,  which we re-express as 
We assume that the polynomials P, Q, and R can be factored as Pij = yp, n z p ' ( s  - ak) 
and Qij, Rij = yqij, Rij nZFu ( S  - Pie), where ak and ,Bk are real. We define ypij to  be the 
leading coefficient of Pij , while we use the notation N{Pij} and .F{ Pij } to signify the number 
of roots and the set of roots, respectively, of the polynomial Pij. In a few model rheologies, 
the realness of the roots can be proved based on the realness of the relaxation moduli of the 
layers (see Findley et al. 119761 for a discussion of viscoelastic relaxation moduli). In this 
paper we do not attempt a general proof that a k  E R; however, in our experience we have 
not encountered linear viscoela,stic rheologies resulting in non-real roots, and thus we boldly 
assert that the roots will always be real as long as the materials are linear and capable of 
supporting instantaneous shear (i.e., all materials are solids). Factoring equation (5.15) we 
find 
where & and Sp are the sets of indices of a k  and pk, respectively, and 
We use the notation a, = {aklk E Sa) and p, = {pklk E S,), and similarly for P, and q,. 
For elucidation we expand the sets in the denominator of equation (5.16): 
and 
where ~k is a repeatability index of root a k .  
As in Hetland and Huger [2005b], the inverse Laplace transform of equation (5.16) is 
found by partial fraction decomposition [e.g., Churchill, 1944; Roberts and Kaufman, 19661 
and is 
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where 
and ~ ( ~ 1  are given by the recursion relation in Hetland and Hager [2005b], modified for 
non-constant powers. Likewise, the convolution b(t) * r(t; 1, rn, n) can be found directly from 
equations 34-36 in Hetland and Hager [2005b]. The time scales in equation (5.21) are lak I-', 
which we refer to as mechanical time scales. These mechanical time scales are roots of the 
denominator of the coupling coefficients, hence lak I-' are time scales of the surface relaxation 
due to the mechanical coupling of layers. 
Calculation of ul from equation (5.10) is quite fast; however, calculation of u2 from 
equation (5.11) is considerably more difficult as it involves three, nested sums. Furthermore, 
when q, > 1 and the difference between at least two a ' s  is less than one, calculation of Rkj is 
numerically unstable as it involves division of small numbers raised to positive powers. When 
q, > 1 and the differences between all ak are greater than one, division by small numbers is 
not an issue in the evaluation of okj; however, the numerical evaluation of equations (5.10) 
and (5.11) is still not stable because Rkl grows and alternates for at least one k. In the 
one-layer model, these instabilities almost always arise well before the solution converges 
[Hetland and Hager, 2005bl. In the two-layer model, the solution rarely converges before the 
calculation becomes unstable. 
5.3 Model Evaluation 
As explained above, the calculation of the viscoelastic response from a dislocation in a two- 
layer model is faster and more stable using the finite-element method. For this reason, we 
use the finite-element program Adina (Adina R&D) to calculate the displacements in all of 
the two-layer models. In the instances when we only compare one-layer models to  each other, 
we use the analytic solution of Hetland and Hager [2005b]. When we compare u1 directly 
to up, we calculate t'he displacements of the one-layer model using Adina to  avoid biases 
due to differences between the finite element method and the analytic solution. In both the 
analytic and the finite element models we set d = 0 and D = hl. 
We use a standard finite element model for both ul and u2. Due to  the anti-symmetry 
of an infinite strike-slip fault, we only compute one half of t.he model domain. We apply 
a symmetry boundary condition on the edge containing the fault, set zero displacements 
along the opposite edge and the bottom of the model domain, and specify the top to be 
stress-free. The finite element model is composed of three layers: an upper layer of thickness 
hl , a middle layer of thickness h2, and a lower layer of thickness 399hl - h2. The rheologies 
of the layers are either elastic or linear viscoelastic. At time zero, we prescribe a constant 
displacement of A from the surface to depth hl,  and linearly taper the displacement to zero 
at depth hl + h2/5. We discretize the 400hl by 400hl model using 12,075 four-node linear 
hexahedral elements. We specify a constant node spacing near the fault, and gradually 
increase the spacing toward the outer edges of the model - the element aspect ratio and 
gradation is similar to the finite element models used to benchmark the solution of ul by 
Hetland and Hager [2005b]. We non-dimesionalize time by the Maxwell relaxation time of 
one of the layers, as discussed below, and we use a constant time step of 1/200 of that 
Maxwell relaxation time. 
5.4 Post seismic Relaxat ion 
In the time dependent displacements, there are at least as many time scales as the number 
of distinct phases of viscoelastic relaxation. We refer to the time scales lak I - '  as mechanical 
time scales, or mechanical relaxation times, in order to distinguish them from the material 
relaxation times (T = r j / / ~ ) ,  also referred to as viscoelastic relaxation times. When two 
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non-recoverable materials couple, Gi = Gi s for both layers [e.g., Fliigge, 19671, and thus 
one of factors of Pij, Qij, and Rij is zero. There are at least as many (s - 0) terms in 
the numerator as the denominator of equation (5.15), so these zero roots cancel and do not 
appear as infinite time constants in equation (5.21). 
When equations (5.10) and (5.11) separate into functions that only depend on one of 
the mechanical time scales (i.e., u(t) = u1(r1) + un(r2), where Ti = 1) , we say that the 
displacements are separable in time and that each separable solution results in a phase of 
postseismic surface deformation. The importance of each separable solution varies as the 
terms Qkl and the powers p k  and q k  are not equal in each separable component of the solution 
(see equation (5.21)), hence the phases of deformation are not necessarily equally important 
in the surface displacements. In a two-layer model, when ul and uc are not both separable 
in time, we say that uz is not entirely separable. 
Displacements exhibiting a single phase of relaxation can be adequately described by the 
exponential function 
uexp = A (1 - e - t l r e x p )  (5.23) 
[e.g., Savage et al., 20031. On the other hand, recent parameterizations of postseismic dis- 
placements have shown that two-phases of relaxation are relatively well described by the 
logarithmic function 
[e.g.,Herring, 2003; Svarc and Savage, 20041. As a rough metric to differentiate between one 
and two phases of postseismic relaxation, we introduce the parameter 
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where 
and the summation index i is over the discrete times at which the model is evaluated. When 
p < 0, the exponential function fits the postseismic displacements better than the logarithm, 
roughly indicating a single dominant phase of postseismic relaxation. Alternatively, when 
p > 0, the logarithm describes the displacements better, indicating two relatively distinct 
phases of postseismic relaxation. When p - 0, u,,, describe the displacements as well as 
uln and the displacements exhibit one prominent phase of relaxation, which can also be 
considered two indistinct phases. 
In the following subsections, we discuss postseismic deformation of several one- and two- 
layer models. For brevity, we refer to the models by the rheologies of the layers. For example, 
"Elastic-Maxwell" refers to a one-layer model whose upper layer is elastic and the lower half- 
space is Maxwell viscoelastic, and L~Elastic-Maxwell-Maxwellx refers to a two-layer model 
with an elastic upper layer and a Maxwell viscoelastic middle layer and Maxwell half-space. 
We assume that the instantaneous elastic shear modulus is identical in all model layers. 
We non-dimensionalize distance by hl and time by one of the Il!axwell relaxation times 
in the model. The material relaxation tirnes are not equal to the mechanical time scales, 
and thus are not the time scales of the solution for the surface displacements. However, 
the mechanical time scales are proportional to the Maxwell relaxation times, where the 
proportionality factors are determined by the contrasts in the viscosities and shear moduli 
between the layers and between the elements of the rheologies. It is therefore important 
to note that deformation scales with time onlv for constant ratios of rheological parameters 
between the layers and viscoelastic. elenients [e.g., Hetland and Huger: 2005bl. 
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5.4.1 One-layer models 
5.4.1.1 Elast ic-Maxwell 
In the one-layer model of a vertical fault in an elastic layer overlying a Maxwell half-space, 
there is only one time scale in equation (5. lo), and the postseismic displacements exhibit 
one phase of relaxation [e.g., Savage and Prescott, 1978; Hetland and Hager, 2005bl. The 
displacements are not given by a single exponential with a time constant equal to the material 
relaxation of the Maxwell half-space (Figure 5-3). Rather, the displacements are given by 
an infinite sum of exponentials with uniform time constant, decreasing magnitude, and 
modulated in time [Hetland and Hager, 2005bl. Due to this, there is a slight discrepancy 
between the surface displacements and the best fit exponential function, and the exponential 
coefficients A and Texp vary with the distance away from the fault (Figure 5-3). Moreover, 
the time constant Texp is neither the material nor the mechanical relaxation time. 
5.4.1.2 Elastic-Burgers 
There are two mechanical time scales, lal I-' and la2 I-', in an Elastic-Burgers model (a fault 
in an elastic layer overlying a Burgers viscoelastic half-space), and thus ul (x, t )  = u: (x, rl) + 
u;(x, T ~ ) ,  where ri = tlail [Hetland and Hager, 2005bl. Since both ui and uy depend only on 
one time scale, ul(x, t )  is linearly separable in time and there are two phases of relaxation 
in the postseismic displacements (Figure 5-4a). As the Kelvin element becomes weaker than 
the Maxwell element, the difference between the two time scales becomes larger and the two 
phases of postseismic relaxation are more distinct (Figure 5-4). The distinctness of the phases 
also depends on the ratio of the shear moduli between the Maxwell and Kelvin elements 
in the Burgers half-space. As pxz >> p ~ 2  in an Elastic-Burgers model, the postseismic 
displacements are those of an Elastic-Maxwell model (Figure 5-4). 
The displacements resulting from relaxation of coseismic stresses in a Burgers viscoelastic 
0.05 1 i 
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Figure 5-3: a) Postseismic surface displacements (ul; solid lines) in an Elastic-Maxwell 
model (Maxwell relaxation time TM and uniform shear) with an exponential function fit to  
the displacements (u,,,; dashed lines). b) Difference between the surface displacements and 
the best fit exponential (udifi = u1- uexp) C) The variation of the parameters of u, with 
distance from the fault, black dashed line is lal I-' = 2 ~ ~ ~ .  
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Figure 5-4: a) Postseismic displacements 2hl from the fault in an Elastic-Burgers model, 
with 7 7 ~ 2  = ~ ~ 2 / 1 0  (dark gray lines), 77x2 = 2qM2/5 (medium gray lines), and 77x2 = 7 ~ 2  
(light gray lines), also shown are the displacements in an Elastic-Maxwell model (black line). 
b) The difference between the two mechanical time scales in an Elastic-Burgers model with 
p ~ 2  = pM2/3 (solid line), 2pM2/3 (dashed line), and p ~ 2  (dash-dot line). 
Figure 5-5: Postseismic surface displacements (ul; solid lines) 2hl from faults in an Elastic- 
Maxwell model (a), and Elastic-Burgers models (pK2 = pM2/3) with q ~ 2  = q ~ 2  (b) and 
q~)1~2 = 0 . 4 ~ ~ 2  (c). Also shown are the best fit exponential (u,,; dashed lines) and logarithmic 
(uln; dash-dot lines) functions. 
half-space are not described by a single exponential, rather the displacements can be ade- 
quately described using a logarithmic function (Figures 5-5 and 5-6). When / l ~ 2  = pM2/3 
and qK2 = 7 1 ~ 2  (rK2 = 3rM2), the displacements are fit by a logarithmic function better than 
an exponential (Figure 5-5); however, the two phases are not as distinct as when 7 1 ~ 2  < 77~2. 
The logarithmic time constant is neither the mechanical nor material relaxation times (Fig- 
ure 5-6d). The relative fits of u, and uln depend on the time window over which the 
displacements are considered. For example, when the displacements from an Elastic-Burgers 
model with 1 7 ~ 2  = 7 ) ~ 2  and p ~ 2  = pM2/3 (Figure 5-5b), are considered over 15rM2 as op- 
posed to 30rM2, p changes from 0.24 to -0.31, indicating that only one phase of relaxation is 
dominant in this shorter time window. Likewise, p of the Elastic-Maxwell model shown in 
Figure 5-5a drops from -0.49 to -0.69 when only considered over the first 1 5 ~ ~ 2 ,  indicating 
that the perturbations from a single exponential in ul are less important in early times. 
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Figure 5-6: a) Postseismic displacements 2hl from the fault in an Elastic-Maxwell (black 
dashed line) and Elastic-Burgers ( p K z  = pM2/3 ;  solid lines) models. b) p as a function of the 
ratio of the Maxwell to Kelvin viscosities; solid black line is p for the Elastic-Maxwell model. 
c )  p as a function of distance from the fault in an Elastic-Maxwell model (dashed line) and 
Elastic-Burgers models with w 2 / q M 2  = 0.1 (dark gray line; shading is as in grayscale at 
left), 1.0 (medium gray line), and 2.0 (light gray line). d) Time constant of the best fit 
logarithm (solid lines, line shade is as in panel c )  and the fastest mechanical time scales for 
each model shown (dashed lines). 
5.4.2 Two-layer solution 
5.4.2.1 Elastic-Maxwell-Maxwell 
For a two-layer model of a fault in an elastic upper layer over a Maxwell viscoelastic layer 
(rM2 = qM2/p, p is the shear modulus of the entire model) and a Maxwell half-space (rM3 =
qM3/p), r ( s )  reduces to 
M 7 2- M2TM3 
where = 41 (~M;TZ~+:M~TM~ ) "" (&) m+n, and 
In general, for an Elastic-Maxwell-Maxwell model, P12 = ypI2 (S - a1 ) and P23 = ypa3 (S - a2) S. 
The s term in P23 cancels due to the zero root in Q32, leaving two mechanical time scales of 
212, la1 I-' and la21-', associated with the coupling of the upper two layers and the middle 
layer with the lower half-space, respectively. The coupling coefficients are 
and 
where XI = pM1/pM2, ~2 = pM3/pM2, = rM3/rM1. Since Ia21-' is a time scale of the 
displacements at the surface, it cannot be expressed as dependent only on ~ 2 ,  J ,  and 7 ~ 3 ,  
and thus 1 ~ ~ 1 - l  only scales with 7 ~ 2  for constant ~2 and c. Equation (5.21) decomposes 
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into r(t;O,O,n) - ealt and r ( t ;  l , m  > 0,n) ealt + eazt. Defining Ti = Iailt7 the surface 
displacements can be written as 
The correction term in equation (5.12) is separable in time, but the leading half-space term 
is only a function of ax. The component ug only includes a sum to m + n inside equation 
(5.1 1) , while ub includes an additional summation to 21 + m + n. 
When the material relaxation time of the lower half-space is much shorter than that of 
the middle layer, the displacements in the Elastic-Maxwell-Maxwell model approach those 
of an Elastic-Maxwell model with D = hl and an elastic layer thickness of hl + ha, and are a 
function of a2 only. On the other hand, when the material relaxation time of the half-space 
is much longer than the middle layer, the displacements are due to relaxation only in the 
middle layer, and thus u2 is only a function of al. In both of these limits, the displacements 
are characterized by a single phase of relaxation; however, since u2 is not entirely separable, 
between these limits there is still only one dominant phase of relaxation (Figure 5-7). 
The displacements in an Elastic-Maxwell-Maxwell model are fit adequately by an ex- 
ponential function (Figures 5-7 and 5-8). The metric p is close to zero when Q M ~  > 7 ~ 2 ,  
indicating that both u, and uln fit the deformation about as well near the fault and that 
there is only one dominant phase of relaxation visible over the first 3 b M 2  (Figures 5-7a and 
5-8). That p is zero far from the fault when Q M ~  > Q M ~  is because we only considered the 
displacements over the first 30rM2 and the displacements are small in the far-field (Figure 
5-8). When 11~3 < 7 7 ~ 2 ,  p is always less than zero, similar to an Elastic-Maxwell model 
(Figure 5-8c). 
When the middle layer is much weaker than the lower half-space, coseismic stress relax- 
ation is almost entirely within the middle layer, producing short wavelength deformation 
Figure 5-7: a) Postseismic displacements 2hl from the fault in an Elastic-Burgers model 
( p ~ 2  = pM2/3, 1 7 ~ 2  = 0 . 4 ~ ~ 2 ;  black solid line) and Elastic-Maxwell-Maxwell models 
(hl = h2) with 1 7 ~ 3  = ~M2/10 (dark gray solid line), 1 7 ~ 2  = 1 7 ~ 3  (medium gray solid line), 
and 100vM2 (light gray solid line), shown with the best fit exponential (dashed lines) and 
logarithmic (dash-dot lines) functions. b-d) The variation of the best fit exponential pa- 
rameters with distance from the fault in an Elastic-Maxwell model with 1 7 ~ ~  = vM2/10 (b),  
1 7 ~ 3  = 7 ~ 2  ( c ) ,  and 1 7 ~ 3  = 10017~2 (d). 
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Figure 5-8: a) Postseismic displacements in an Elastic-Maxwell-Maxwell model (hl = h2; 
gray-shaded solid lines), an Elastic-Maxwell model (thick black dashed line) and an Elastic- 
Burgers model ( p ~ 3  = pM3/3, 1 7 ~ 3  = 0.4 . 7 7 ~ 3 ;  thick black line), all with uniform elastic 
shear modulus. b) p as a function of the viscosity contrast in the Elastic-Maxwell-Maxwell 
models, solid line is p for the Elastic-Burgers model, and dashed line is p = 0. c )  p for the 
models in panel a as a function of distance from the fault. d-f) Displacements in an Elastic- 
Maxwell-Maxwell model with qM3/qM2 = 10 (gray solid lines) and the best fit exponential 
(black dashed line) and logarithmic (black dash-dot lines) functions. 
Figure 5-9: Postseismic velocities at 7 ~ 2  (a)and 5rM2 (b) after the earthquake in the models 
shown in Figure 5-8. 
near the fault (Figure 5-9). On the other hand, when the half-space is weaker than the 
middle layer, the relaxation in the half-space dominates that in the middle layer and the 
postseismic deformation at the surface is long-wavelength (Figure 5-9). The time constant 
in the best fit uexp depends on both a1 and a 2 ,  and Texp and A of uexp vary with the distance 
from the fault (Figure 5-7b-d). When r ) ~ 3  < 7 ~ 2  (i.e., long wavelength deformation), the 
parameters of u, vary slowly with distance (Figure 5-7). Whereas, when the deformation 
is short wavelength, A and Texp vary widely. When 1 7 ~ 3  = vM2/10, the exponential time 
constant is near to the mechanical time scale (Figure 5-7b); however, this is a particular 
case. 
The postseismic displacements of an Elastic-Maxwell-Maxwell model can be described 
using those of an Elastic-Maxwell model. Both the apparent mechanical time scale (T*) and 
the amplitude (A*) of the Elastic-Maxwell model fit to the Elastic-Maxwell-Maxwell model 
depend on distance, because the wavelengths of deformation are highly variable for differing 
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qM3/qM2 (Figures 5-9 and 5-10). For instance, the postseismic displacements close to the 
fault in an Elastic-Maxwell-Maxwell model with q ~ 3  = qM2/10 can be described using an 
Elastic-Maxwell model with T* = rM2/2, while at larger distances a slightly shorter time scale 
(i.e., weaker half-space) is required (Figure 5-10). For an Elastic-Maxwell-Maxwell model 
with q ~ 3  = 10qM2, the displacements close the the fault are similar to those of an Elastic- 
Maxwell model with 7 ~ 2  < T* < 2rM2, while T* increase away from the fault. However, at 
distances less than about 5hl from the fault, T* of the Elastic-Maxwell model is less than 
an order of magnitude greater than the relaxation time of the middle layer. In general, the 
mapping between the mechanical relaxation time of a one-layer model and the relaxation 
times in a two-layer model depends on qM2/qM3, the shear moduli, and the layer thicknesses, 
and we have only presented one combination of layer thicknesses and elastic shear moduli 
for demonstration. 
5.4.2.2 Elastic-Maxwell-Burgers 
For a fault in an elastic layer over a Maxwell middle layer and a Burgers viscoelastic half- 
space (an Elastic-Maxwell-Burgers model), P12 = ypI2 (s - a l )  and P23 = p 2 3  (S - a2)  (S - (~3)s. 
As before, the zero root in P23 cancels, and there are three time scales of u2; however, under 
some circumstances, one of the mechanical time scales due to the coupling of the middle 
layer with the lower half-space is identical to the time scale due to the coupling of the upper 
two layers (Figure 5- 11). In general, equation (5.21) decomposes into r ( t ;  0, 0, n) N ealt and 
r ( t ;  I ,  m > 0, n) - ealt + ealt + ea3t, SO that for Ti = lailt, 
As for the Elastic-Maxwell-Maxwell model, the solution is not entirely separable in time. 
When the Maxwell relaxation time of the middle layer is much larger than the mate- 
Figure 5-10: a) Postseismic displacements hl from the fault in an Elastic-Maxwell-Maxwell 
model (hl = h2; solid lines) and Elastic-Maxwell models (dashed lines) that best fit the 
two-layer models; line shading is as in Figure 5-8. b) The effective Maxwell relaxation time 
(r*) of the best fit Elastic-Maxwell models as a function of vM3/vM2 at x/hl = 0.5 (dashed 
line), 1.0 (solid line), 2.0 (dash-dot line), and 4.0 (dotted line). c )  r* as a function of distance 
from the fault. 
Figure 5-11: Mechanical time scales of the Elastic-Maxwell-Burgers model with uniform 
shear modulus; al is a root of P12, whereas a 2  and a3 are roots of P23. 
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rial relaxation times of the half-space, the surface displacements approach those of a one- 
layer model with D = hl and an upper elastic layer of thickness hl + h2. In this limit, 
u; (x, r1), u ~ ( x ,  r1) -+ 0 since the time scale due to the coupling of the upper layer with the 
middle layer is larger than the time scales due to the coupling of the middle layer with the 
lower half-space (Figure 5-11). When 77~2 > q ~ 3 ,  the solution becomes separable in time, 
as u -4 u5(r2) + u;(r3), and the displacements are always described by a logarithm better 
than a single exponential (Figure 5-12). 
When the middle layer is weaker than the half-space, the postseismic displacements near 
the fault mainly reflect relaxation in the middle layer and can be described slightly better by 
an exponential function than a logarithm (Figure 5-12). However, the displacements farther 
from the fault are fit better by ul,, indicating that they reflect the biviscous rheology in the 
lower half-space (Figure 5-12). When hl = h2 and 1 7 ~ 2  = qM3/10, the displacements are 
similar to an Elastic-Maxwell-Maxwell model close to the fault, while at greater distances the 
displacements are similar to an Elastic-Burgers model (Figures 5-12a and b). The far-field 
postseismic velocities are larger than those from an Elastic-Maxwell-Maxwell model with 
a weak middle layer, further indicating that substantial postseismic deformation occurs in 
the lower half-space of the Elastic-Maxwell-Burgers model compared to the Elastic-Maxwell- 
Maxwell model (Figure 5- 13). 
As the thickness of the middle layer decreases, the two phases of relaxation become more 
distinguishable in the surface displacements and the model approaches an Elastic-Burgers 
model (Figure 5-14a). The number of phases of relaxation at the surface also depends on the 
distance from the fault, and far from the fault the displacements are more sensitive to the 
biviscous rheology of the lower half-space. The distance at which p -- 0 scales with hl /h2, 
and when hl > 2h2 the displacements are always described by a logarithmic function better 
than an exponential (Figure 5- 14b). 
Figure 5-12: a and b) Postseismic displacements in an Elastic-Maxwell-Burgers model 
(hZ = h3; shaded solid lines), an Elastic-Maxwell model (qM3 = 10qM2; black dashed line), 
and an Elastic-Burgers model (pK = pM3/3, q ~ 3  = 0 . 4 ~ ~ 3 ;  thick black line); also shown 
is the Elastic-Burgers model arbitrarily re-scaled (black dotted line). c and d) p for the 
displacements in panel a ( c )  and b (d); shaded dots correspond qM2/qMs in the Elastic- 
Maxwell-Burgers models, and black solid and dashed lines are p of the Elastic-Burgers and 
Elastic-Maxwell models shown at left, respectively. e)  p with distance from the fault for an 
Elastic-Burgers model (black) and for Elastic-Maxwell-Burgers models with qM3/qM2 = 0.1 
(dark gray; shading corresponds to grayscale), 1.0 (medium dark gray), 10 (medium gray) 
and lo4 (light gray). 
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Figure 5-13: Postseismic velocities T M ~  (a) and STM3 (b) after a rupture for the models in 
Figure 5-12. 
Figure 5-14: a) Postseismic displacements 2hl from the fault in Elastic-Maxwell-Burgers 
models with various h2/hl. b) p for each hl /hz as a function of distance from the fault. 
5.4.2.3 Elastic-Burgers-Maxwell 
For a fault in an elastic layer overlaying a Burgers viscoelastic layer and a Maxwell viscoelastic 
half-space there are four mechanical time scales: two resulting from the coupling between the 
upper two layers, P12 = ypI2(s - a l ) ( s  - a?), and two from the coupling of the middle layer 
and lower half-space, P23 = yPZ3(s - a3)(s - a4)s  (the zero root cancels and does not appear 
as a mechanical time scale). Equation (5.21) decomposes into r ( t ;  0, 0, n) N e"lt + eazt and 
F(t; 1, m > 0, n) ealt + e"2t + ea3t + e"", so that for ri = Iailt, 
which can be grouped as 
Hence, the solution is completely separable with respect to a1 and a 2  (the roots associated 
with the coupling of the elastic layer to  the Burgers layer), while only the correction term 
depends on a3 and ad. 
The initial transient deformation associated with the Kelvin element in the middle layer 
is localized near the fault (Figure 5-15). Far from the fault, the transient Kelvin relaxation 
is not apparent and the steady deformation of the Maxwell elements of the middle layer 
and lower half-space dominates. The steady deformation in the far-field, as well as late in 
time, is similar to the deformation from an Elastic-Maxwell-Maxwell model, as the transient 
Kelvin stress relaxation is confined to the thin middle layer (Figures 5-15 and 5-16). In 
fact, when the Burgers rheology is confined to the middle-layer, p > 0 close to  the fault, 
while at larger distances an exponential function fits the deformation adequately (Figure 
5-17). On the other hand, when the Burgers rheology is only in the lower half-space, the 
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Figure 5-15: Postseismic displacements in an Elastic-Burgers-Maxwell model (hl = h2, 
P K ~  = ~ ~ 2 1 3 ,  and 7 ~ 2  = 0 .47~2)  with = 7 ~ 2 1 5  (dark gray line), 7 ~ 3  = r 7 ~ 2  
(medium gray line) and q ~ 3  = 5qM2 (light gray line) with those from an Elastic-Burgers 
model (PK2 = p ~ 2 / 3  and qrt2 = 0.4qM2; black line) and an Elastic-Maxwell-Maxwell 
model (qM3 = 7 ~ 2 / 5 ;  dark gray dashed line), 1 7 ~ 3  = 7 ~ 2  (medium gray dashed line), and 
7 ~ 3  = 5 m 2  (light gray dashed line). 
near-field deformation is exponential-like, while away from the fault the deformation exhibits 
the two-phases of relaxation captured by ul, (Figure 5-17). 
5.4.2.4 Elastic-Burgers-Burgers 
For a fault in an upper elastic layer overlying a viscoelastic middle layer and lower half-space 
both with Burgers rheologies (an Elastic-Burgers-Burgers model), there are five mechanical 
time scales in the solution for the displacements. Two time scales arise from the coupling of 
the upper elastic layer with the Burgers viscoelastic middle layer, while the remaining are 
due to the coupling of the lower two layers. As in the Elastic-Burgers-Maxwell model, the 
leading term (u l )  is separable in time and the deformation at the surface is not characterized 
Figure 5-16: Postseismic velocities in an Elastic-Burgers-Maxwell model; parameters and 
line-style is as in Figure 5-15. 
Figure 5-17: p with distance from the fault in an Elastic-Burgers model (hl = h2; black 
solid line), an Elastic-Maxwell model (black dashed line), an Elastic-Maxwell-Burgers model 
(qMs = 7 ~ 3 ;  black dashed-dot line) and for Elastic-Burgers-Maxwell models with rheological 
properties, and line shade, as in Figure 5-15. 
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by an exponential function (Figure 5-18). In the models in (Figure 5-18), we set hl = h2 
and the ratio of Maxwell to Kelvin relaxation times identical in both layers. Hence, in these 
examples, the combination of the two Kelvin elements leads to a larger delayed elasticity, 
which is greater when the Kelvin element is weakest in the lower half-space (Figure 5-18a). 
Furthermore, the distinction of the relaxation phases in the lower half-space is only apparent 
in the far-field when 1 ) ~ 3  < 1 ) ~ 2  (Figures 5-18b-d). Finally, the deformation is better 
described by a logarithm than an exponential at distances less than about 10hl (Figure 5- 
18d). When 7~7~2 < 7 7 ~ 3 ,  because the dominant transient deformation of the weakest Kelvin 
element is confined to the lower crust, the displacements are characterized by an exponential 
as well as a logarithm far from the fault (Figure 5-18e). 
5.5 Effects of Model Dimensions 
All of the models we have considered so far have been two-dimensional. Clearly, such ge- 
ometries are not realistic. Three dimensional features of faults, such as finite length ruptures 
and fault geometry, strongly affect interseismic deformation [e.g . , Rund le and Jackson, 1977; 
Hetland and Hager, 2003; Smith and Sandwell, 2004; Meade and Hager, 20051. We compare 
the postseismic displacements from a finite fault (a 3D model) to those of an infinite fault 
(a 2D model) to illustrate the effect of neglecting the third dimension. Additionally, we 
compare the 3D and 2D model displacements to those from models that only consider the 
rheological response to stresses (ID models). So as not to complicate these comparisons by 
the effects of complex fault geometry, we use straight, strike-slip, finite length ruptures in 
the 3D models. 
We compute the 3D postseismic displacements using a finite element model composed of 
a fault in an upper elastic layer over a viscoelastic region. The model coordinates are as in 
the 2D models, with the fault trending in the x direction (Figure 5-2). We set the upper and 
Figure 5-18: Postseismic displacements (a and b), velocities (c and d) and p (e) for Elastic- 
Burgers-Burgers models (hl = hz, p ~ i  = pMi/3, and q ~ i  = 0 . 4 7 ~ ~  in both layers) with 
qM3/qM2 = 5.0 (light gray) 1.0 (medium gray), and 0.2 (dark gray). The displacements and 
velocities for an Elastic-Maxwell model are shown for reference (black dashed line). 
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lower layers to be hl and 99.5hl thick, respectively. We consider both Maxwell and Burgers 
viscoelastic rheologies of the lower layer. The slip on the fault is uniform from the surface 
to x = hl and x = f 2.9hl, while the displacements taper linearly to zero at x = 1. 125hl 
and x = f 3hl. Note that the fault slip extends into the viscoelastic region. Due to the 
symmetries of the model, we only compute the displacements for x > 0. We set the model 
boundaries a distance 100hl from the fault trace in the y direction and 99.5h1 from the fault 
tip in the x direction. We specify a symmetry boundary condition on the face of the model 
(x = 0 plane) and zero displacements on the bottom and outer edges of the model, while the 
surface is stress free. We discretize the finite element model using 40,000 linear hexahedral 
elements, and we grade the mesh such that the nodes are closely spaced near the fault. As 
in the 2D models, we use the finite element program Adina. 
We compare the postseismic displacements in the 3D model to displacements of the 1D 
and 2D models. For the 2D model, we use the one-layer model geometry described above, 
with the rheology of the lower half-space that of the 3D model. In the 1D models, we use 
the exponential and logarithmic functions of equations (5.23) and (5.24). The exponential 
function describes the response of a Maxwell viscoelastic medium to instantaneous stressing 
[e.g., Findley et al., 19761, and is often taken as a 1D model to describe postseismic deforma- 
tion due to Maxwell viscoelastic relaxation [e.g., Savage et al., 20031. There is no standard 
1D model corresponding to a Burgers rheology. The relaxation of a Burgers material is given 
by a sum of two exponentials [e.g., Findley et al., 19761, and two exponentials is a candidate 
1D model [e.g., Pollitt, 20031. However, as we have shown, the logarithm is a fairly good 
proxy for the postseismic deformation in models with Burgers rheologies, and we choose to 
use the logarithmic function as the 1D model equivalent to postseismic relaxation models 
with Burgers rheologies. The logarithm has been proposed as a 1D model describing the 
deformation due to frictional sliding on a fault [Marone et  al., 19911, and it  is important to 
note that we are merely using the logarithm as a proxy model. More complex 1D models 
have been proposed, for instance those of Montksi [2004] and Perfettini and Avouac [2004]. 
Those models were proposed to describe stress-dependent after-slip and are parameterized 
by more parameters than the 1D proxy models we consider. In this paper, it is our inten- 
tion only to use the exponential and logarithmic functions to contrast including one spatial 
dimension with including two. 
We fit the displacements of 1D and 2D models to the fault-parallel displacements at 
17 positions relative to the finite fault (Figure 5-19). In the 1D models, we constrain the 
time-constant to be the same at all locations, while the amplitudes vary with location. In 
the 2D models, we use hl /D = 1.0 and 1.2 and we vary the rheological parameters, with the 
exception of pm1/pm2, which we set to  one for simplicity. We constrain the geometric and 
rheological parameters of the 2D models to be the same at all locations; however, similar 
to  the 1D models, we allow the amplitudes of the 2D models to vary independently at each 
location. The motivation for this ad hoc scaling is that the elastic horizontal deformation 
due to a finite length fault has a smaller wavelength than that due to an infinite length fault 
[e.g., Hetland and Hager, 20031. Additionally, the displacements due to an infinite fault are 
constant along the strike of the fault, whereas in a model of a finite fault, the displacements 
decrease toward the fault tips, decreasing to zero beyond the ends of the fault (Figure 5-20). 
We do not simultaneously fit the coseismic and postseismic displacements. So that we can 
sweep out a large range of parameters in the 2D models, we use the computationally efficient, 
analytic solution of Hetland and Hager [2005b]. In the analytic 2D calculations we do not 
account for the fault slip taper in the 3D models, nor do we allow fault slip to extend into 
the lower viscoelastic region of the 2D model. These geometric differences are important, 
but they are less important than the effect of the finite length of the fault. 
We vary the Maxwell relaxation time of a 2D Elastic-Maxwell model, and fit the predicted 
displacements to those of a 3D model with a lower Maxwell viscoelastic layer. We use 
the superscript 2 0  to signify parameters of the 2D models (e.g., T&<), while we use no 
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Figure 5-19: Locations where the displacements in the 3D model are compared to the 1D 
and 2D models; circle shading corresponds to the fault-parallel distance, and solid circles are 
the locations plotted below. Black solid line is the surface trace of the finite length fault, 
and the black dashed line is x = 0. 
superscript for parameters of the 3D model (e.g., rM2). We find that a 2D model with 
D = hl and a Maxwell relaxation time roughly 20% larger than that in the 3D model 
produces displacements that fit the 3D model displacements at the 17 locations we consider 
(Figure 5-21). We find that the time constant of the best fit 1D model (T,) is roughly 
four times larger than the Maxwell relaxation time in the 3D model (Figure 5-21). The 
displacements in the 3D model are not as well described by the 1D models as compared to 
the 2D models (the misfit of the 1D models is roughly 20 times larger than the misfit of 
the 2D models). The amplitudes of the ID and 2D models vary with location roughly in 
the same way as the variation of the ratio of coseismic displacements in 3D and 2D models 
(Figures 5-20 and 5-21). The values of the amplitudes are not identical to  the ratios of 
coseismic displacements; however, the trend with position is strikingly similar. When we fit 
1D and 2D models to the magnitudes of the horizontal displacements of the 3D model, we 
b) Ilu u Illu, 
x' Y 
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Figure 5-20: a) Ratio of the fault-parallel coseismic displacements due to a finite length fault 
(fault trace is black line) and an infinite length fault (located at y = 0 and trending in the x 
direction). b) Ratio of the magnitudes of the coseismic displacements ( I  lu,, u,11 = ,/-I. 
infer similar model parameters, but the fit of all of the displacements is nearly five times 
worse than when we fit the fault-parallel displacements. 
We next consider a 3D model whose lower layer is described by a Burgers viscoelastic 
rheology, with pV2/pM2 = 113 and qv2/qM2 = 0.4. In the best fit 2D model, we find both 
p$:/pv2 = 113, q$:/qz2 = 0.4, and T & ~ / T ~ ~  = 1.26 (Figures 5-22 and 5-23). The variation 
of amplitudes of the 2D model with location is similar to the variation of the ratio of coseismic 
displacements in 2D and 3D models (Figure 5-23). The logarithm that we use as a proxy 
for a 1D model fits the displacements following the finite length rupture fairly well, and the 
amplitudes of the logarithms vary similar to  those of the 2D models (Figure 5-23g). The 
time scale of the best fit logarithmic model is five times as large as the Maxwell relaxation 
time in the 3D model. 
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Figure 5-21: a-f) Postseismic displacements at six locations in the 3D finite fault model with 
Maxwell rheologies (gray circles), with the displacements from the best fit 2D (black solid 
lines) and 1D (black dashed lines) models. g) Amplitudes of the 1D models ( A )  at each 
location considered in the 3D model (circles, shading is as in Figure 5-19). f) Amplitudes of 
the 2D models (A2D; circles) and the ratio of the 3D to 2D coseismic displacements (stars; 
Figure 5-20) at each location in the 3D model. T, is the time constant of the 1D models 
and T&? is the Maxwell relaxation time of the 2D models. 
Figure 5-22: Root mean square error (RMSE) as a function of 11$t/77g2 for p$:/pF2 = 116, 
213, 112, and 213; best fit solution is indicated a star. 
5.6 Discussion 
5 -6.1 Phases of postseismic relaxation 
There are indeed multiple time scales in layered models with only Maxwell rheologies, but 
the surface displacements exhibit only one phase of postseismic relaxation. When a weak 
Maxwell middle layer separates a faulted elastic layer from a Burgers viscoelastic lower 
region, the surface postseismic displacements near the fault are shielded from the transient 
deformation of the Burgers rheology. The transient deformation due to the Kelvin element in 
the Burgers rheology is only apparent at distances greater than about twice the thickness of 
the middle layer. On the other hand, when the middle Maxwell layer is stronger than the non- 
recoverable relaxation of the lower Burgers material, the surface displacements exhibit two 
phases of relaxation at all distances, with significant velocities of deformation up to several 
tens of locking depths from the fault (i.e., long wavelength deformation). Alternatively, when 
a Burgers middle layer separates the upper elastic layer from a Maxwell viscoelastic lower 
region, there is pronounced transient surface deformation close to the fault, due to relaxation 
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Figure 5-23: a-f) Postseismic displacements at six locations in the 3D finite fault model 
with Burgers rheologies (gray circles), with the displacements from the best fit 2D (black 
solid lines) and 1D (black dashed lines) models. g) Amplitudes of the 1D models (B) at each 
location (circles, shading is as in Figure 5-19). f) Amplitudes of the 2D models (A2*; circles) 
and the ratio of the 3D to 2D coseismic displacements (stars; Figure 5-20) at each location in 
the 3D model. q, is the time constant of the 1D models and T&% is the Maxwell relaxation 
time of the 2D models; 77$:/77r2 and ,u$</,ug2 of the best fit 2D model are indicated. 
of the Kelvin element in the middle layer. Farther from the fault, a single phase of relaxation 
prevails, as the deformation is dominated by the Maxwell rheology of the lower half-space. 
The surface postseismic displacements always exhibit multiple phases of relaxation when 
there are two Burgers viscoelastic layers below a faulted elastic layer. Near the fault, the 
relaxation is similar to  that of an Elastic-Burgers model regardless of the relative strengths 
of the non-recoverable components of relaxation between the layers. When the Maxwell 
relaxation time of the middle layer is greater than that of the lower region, the transient 
deformation is larger in the near field, and there is only one prominent phase of relaxation 
farther from the fault. On the other hand, when the steady component of deformation in 
the middle layer is stronger than the lower region, the transient deformation is larger farther 
from the fault. 
Pollitz [2003] modeled the postseismic deformation following the 1999 Hector Mine earth- 
quake in southern California using a 3D model of a fault in an upper elastic layer over 
a Maxwell viscoelastic lower crust and a Burgers viscoelastic mantle. He found that the 
Maxwell relaxation time of the lower crust was much larger than that of the mantle, and 
determined relatively weak transient and steady viscous phase in the mantle (rM2 x 2 years 
and r ~ 2  "2 25 days) [Pollitz, 20031. In a 2D model with such rheologies, the transient defor- 
mation would be significant up to ten locking depths from the fault. When the finite length 
of the rupture is considered, the magnitude of the deformation is increasingly damped with 
distance from the fault [e.g., Hetland and Huger, 20031, and in a 3D model the deformation 
would not be nearly as large at great distance. Regardless, with a biviscous mantle separated 
from the elastic upper crust by a univiscous lower crust, the lower crust would need to be 
stronger than the mantle to predict the two phases of postseismic relaxation observed within 
a locking depth of the the Hector Mine rupture. 
Models with lateral changes in rheology also produce multiple time scales. At a given 
location, the surface displacements depend on the material relaxation time of the material 
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directly below, as well as the ratio of the relaxation times of the adjacent materials, ex- 
pressed through lateral coupling coefficients. In some geometries, the surface postseismic 
displacements above lateral transitions of rheologies may exhibit multiple phases. In the 
case when two univiscous materials are randomly distributed, the surface displacements do 
exhibit two phases of relaxation [Ivins and Sammis, 19961. When a weaker Maxwell ma- 
terial is confined to zones whose width is of order, or greater, than the locking depth, the 
deformation only exhibits one relaxation phase [e.g., Pollitz, 200 1; Kenner and Segall, 20031. 
The analytic solution for postseismic deformation in models with laterally heterogeneous, 
albeit idealized, distributions of linear viscous rheologies follows directly from the theory of 
Hetland and Hager [2005b], and is a topic of ongoing research. 
5.6.2 The effects of model dimensions 
In our comparisons between 2D and 3D models, the 2D model fits to the displacements from 
the finite fault model, require longer material relaxation times than those of the 3D models. 
This is expected given that the fault slip extends into the lower viscoelastic region of the 
3D models. This extra slip at  depth produces larger coseismic stresses in the viscoelastic 
region, and thus produces greater postseismic deformation at the surface. The fault rupture 
in the 2D models is entirely constrained to the upper elastic layer, hence the models require 
larger viscoelastic relaxation times in order to describe the larger postseismic displacements 
predicted by the 3D models. 
Models of increasing spatial dimension incorporate increasing geometric complexity [e.g., 
Rundle and Jackson, 1977;Hetland and Hager, 2003; Smith and Sandwell, 20041. One- 
dimensional models contain all model geometry into the amplitude of the model [e.g., Marone 
et al., 1991; Montdsi, 2004; Perfettini and Avouac, 20041. Typically, only the thickness of 
the deforming region is explicitly accounted for, while it is assumed that the displacements 
with distance from the fault are sensitive to differing thicknesses of relaxation [e.g, Marone 
et al., 19911. Two-dimensional models explicitly account for the depth dependence of stress 
relaxation, in addition to the distance from the fault. In the models in this paper, there 
are no lateral variations of rheologies normal to the fault trace, although 2D models can 
include lateral distributions of rheologies. However, 2D models always ignore geometry and 
variations of rheology along the strike of the fault. Similar to 2D models, in 3D models the 
mechanical time scales of the postseismic displacements are only dependent on the model 
rheologies [e.g., Smith and Sandwell, 20041. Therefore, as long as there is no rheologic varia- 
tion along strike, 2D models can implicitly include t'he third spatial dimension into a scaling 
factor for postseismic displacements. 
5.6.3 Possible physical interpretation of Kelvin viscoelasticity 
Logarithmic functional forms have been proposed to describe postseismic deformation due 
to  frictional after-slip [e.g., Marone et al., 19911, as well as low temperature creep [Lomnitz, 
19561. That postseismic displacements at the surface due to  stress relaxation in a Burgers 
viscoelastic material can be parameterized by a logarithm indicates that inferences of ei- 
ther post seismic after-slip or Burgers viscoelastic relaxation may be non-unique. However, 
consideration of all three components of deformation in 3D models may resolve the non- 
uniqueness [e.g., Hearn 2003; Pollitz, 20031. The Kelvin element is used to  describe time 
dependent grain boundary sliding in response to the stresses due to  seismic wave propa- 
gation [e.g., Jackson et al., 20021, and it has been noted that relaxation times within the 
absorption band of Earth can be up to several decades [e.g., Anderson and Given, 19821. 
On a crustal scale, the transient Kelvin deformation may be an analogue for grain readjust- 
ment and distributed slip in the frictional-viscous transition region observed at the base of 
exhumed faults [e.g., Stewart et al., 20001. Finally, as argued by Pollitz [2005]. the initial 
t,ransient deformation of the Burgers rheology may be a proxy for the low temperature creep. 
The transient deformation in the Burgers rheology is recoverable, and while seismic st'udies 
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assume that the transient rock deformation is completely recoverable, distributed after-slip 
is likely not fully recoverable 
5.6.4 Implications for int erseismic deformat ion 
The two dimensional model of of Savage and Prescott [1978], has been used to make inferences 
of the rheology of the continental lithosphere [e.g., Segall, 2002; Hilley et al., 2005; Meade 
and Hager, 20051. The model of Savage and Prescott [I9781 is of repeated ruptures on a fault 
in an elastic layer over a Maxwell viscoelastic half-space. The estimate of the viscosity that 
comes out of this one-layer model is an effective viscosity, which depends on the rheologies 
of the entire model. The mapping of the rheological parameters in one-layer models, with 
repeated earthquakes, to those in multiple layer models is beyond the scope of this paper, 
but a rough estimation can be made from the illustrations we present. 
When the middle layer is weaker than the lower half-space, the apparent Maxwell relax- 
ation time in the one-layer model is roughly one and a half to two times that of the Maxwell 
relaxation time of the middle layer. Additionally, the deformation is more concentrated near 
the fault in two-layer models, and thus the deformation throughout a seismic cycle would 
require a smaller locking depth in one-layer models. On the other hand, when the lower 
region is weaker than the middle layer, the apparent Maxwell relaxation time of the one- 
layer model is about one half that of the middle layer; additionally the deformation is longer 
wavelength, requiring a larger locking depth in the one-layer models. 
Hilley et al. [2005] estimated a viscosity of 1 0 ' ~ - 1 0 ~ ~  Paesec by fitting the one layer 
model of Savage and Prescott [I9781 to the interseismic deformation across the Kunlun fault 
in Tibet. Assuming that the mantle lithosphere is much stronger than the lower crust under 
Tibet, they argued that the half-space viscosity represents the viscosity of the lower crust. 
To justify this inference of the strengths of the lower crust and mantle, they referenced one 
of our previous papers [Hetland and Hager, 20041. While we did indeed demonstrate that 
postseismic relaxation in the presence of a weak lower crust is dominated by the relaxation 
in that layer (by no means a novel contribution), we did not address the mapping between 
the viscosity in a one-layer model to those in a two layer model. If the mantle lithosphere is 
stronger than the lower crust, the deformation in Tibet would be much shorter wavelength 
than a one-layer model, and thus the locking depth of the one-layer model would need to be 
shallower than the actual. If the locking depth Hzlley et al. [2005] estimated is appropriate 
for the Kunlun fault, it may indicate that a one-layer model is a good approximation to the 
lithosphere under Tibet, and that the strengths of the mantle lithosphere and lower crust 
are not greatly different. However, strains across the fault are greater early in the seismic 
cycle and lower late in the cycle, and the apparent locking depth of an equivalent elastic 
model increases throughout the seismic cycle [e.g., Hetland and Hager, 2005al. Hence, there 
is a trade-off between locking depth and time within the seismic cycle, and if the mantle is 
much stronger than the lower crust, Hzlley et al. [2005] may have inferred that the Kunlun 
fault is later in the cycle than it is. Finally, as noted by Hzlley et al. [2005], the data they 
studied are located to the west of a recent large rupture on the Kunlun fault, and neglecting 
3D effects of the fault ruptures may strongly bias their findings. The study of Hzlley et al. 
[2005] is an excellent illustration that a large parameter space can be rigorously explored 
using computationally cheap models that overly simplify the geometry and rheology of the 
lithosphere. However. to accurately draw inferences of the parameters in more complex 
models, the mapping between the models needs to be addressed. 
5.7 Conclusions 
In this paper we examine postseismic deformation in models of an elastic layer over a vis- 
coelastic layer and a viscoelast,ic half-space. To understand deformation in layered models, 
we generalize the theory of Hetland and Hager [2005b] from one layer over a half-space to two 
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layers over a half-space. We also use finite element models to demonstrate the differences 
between models with one and two layers over a half-space. We consider both univiscous 
Maxwell rheologies and biviscous Burgers rheologies. In layered viscoelastic models, there 
are multiple mechanical time scales of the postseismic deformation. However, not all of these 
times arise as distinct phases of postseismic relaxation observed at the surface. The surface 
displacements in layered models with only univiscous, Maxwell viscoelastic rheologies always 
exhibit one phase of relaxation. Layered models containing biviscous rheologies may produce 
multiple phases of relaxation; however, the relative strengths of the layers, in addition to 
the number of viscous phases in each layer, affect the distinctness of the phases of surface 
deformation. In the case when a faulted elastic layer is directly over a multiviscous rheology, 
multiple phases of relaxation are always visible near the fault. Farther from the fault, the 
postseismic displacements are influenced by the rheology of the material below the biviscous 
layer. In general, as the deformation at increasing distance from the fault is dependent 
on the rheologies at increasing depths in layered viscoelastic models, the time scales of the 
postseismic displacements vary with distance from the fault. 
In models of postseismic deformation, the mechanical time scales of the surface deforma- 
tion are independent of the geometry, and only related to the rheological parameters [e.g., 
Savage and Prescott, 1978; Smith and Sandwell, 2004; Hetland and Huger, 2005bl. Thus, 
2D models of postseismic deformation can be used to describe deformation following a finite 
length rupture, where the fault-parallel geometry is incorporated into scaling factors of the 
2D model, as long as the 2D model shares a common geometry and rheology with the 3D 
model. These scaling factors are similar to the ratio between coseismic displacements due 
to an infinite fault and a finite fault. 
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Chapter 6 
Rheologic Constraints from Models of 
Geodetic Observations Before and 
After the 28 September 2004 
Parkfield, CA, Earthquake 
Abstract 
We examine the interseismic deformation before and after the 28 September 2004 Parkfield, 
CA, earthquake ( M ,  = 6) using two-dimensional models of an infinitely long fault in an 
elastic crust over a linear viscoelastic half-space, in order to constrain the rheology of the crust 
in the Parkfield region. The observed postseismic deformation is best described by a model 
with two transient viscous phases, where the time scales of the initial and secondary phases of 
transient deformation are about one month and 3-12 months, respectively. The interseismic 
velocities observed before the earthquake require a model with a steady relaxation time 
greater than 20 years. The results of these 2D models provide initial constraints for more 
complex 3D models. 
6.1 Introduction 
The Parkfield segment of t'he San Andreas fault (PSAF), located in central California, is 
one of the most densely instruniented and closely monitored faults in the world. From 
1999 through 2002, continuous GPS stations were installed near Parkfield, while one station 
(PKDB) was installed in 1997 (Figure 6-1). In this paper, we consider 12 of the stations 
near the PSAF, and refer to this subset as the Parkfield network. Coseismic offsets from 
the magnitude 6.5 San Simeon earthquake on 22 December 2003 and the magnitude 6.0 
Parkfield earthquake on 28 September 2004 were detected at the GPS stations. Additionally, 
significant postseismic deformation was recorded at all of the sites following both of these 
earthquakes. The San Simeon eart,hquake ruptured a reverse fault with a SE-NW strike, 
and was located about 50 km to the southwest of the PSAF. Approximately 31 kilometers of 
the SE-NW trending San Andreas fault ruptured during the Parkfield strike-slip earthquake 
(see http://quake.wr.usgs.gov/research/parkfield) . The PSAF is located between a creeping 
region of the SAF to the northwest [Savage and Burford, 19711 and a locked portion to 
the southeast, which last ruptured in a M8 earthquake in 1857 [Sieh, 19781. The Parkfield 
segment has ruptured seven times in the last 150 years, with an average recurrence rate of 
about 20 years and a fairly constant rupture magnitude of about 6 [e.g., Segall and Harris, 
19871. It is important to note that the PSAF does not rupture periodically, in fact the most 
recent rupture occurred nearly 30 years after the previous 1966 rupture. Murray et al. [2001] 
estimated that the slip-rate of the PSAF is about 30-33 mm/yr, while Sieh and Jahns [I9841 
determined a geologic slip-rate of about 34 mm/yr. 
In this paper, we fit the postseismic deformation following the Parkfield earthquake using 
an analytic two-dimensional model of a faulted elastic layer over a linear viscoelastic half- 
space [Hetland and Hager, 2005cl. Viscoelastic rheologies are commonly described in t'ernis 
of rliechanical models, where a. spring represents elastic behavior and a dash-pot represents 
viscous behavior [e.g.. F1,ugge. 19671. A spring in series with a dash-pot is the conceptual 
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Figure 6-1: Location of GPS stations near the Parkfield section of the San Andreas fault: 
solid triangles are the geodetic stations, line is the approximate trend of the San Andreas 
fault, and star is the epicenter of the 28 September 2004 earthquake. 
model of a bfaxwell viscoelastic rheology, and due to the viscous creep of the dash-pot, 
deformation of a A4axwell rheology is non-recoverable with time. A st'andard linear solid 
(SLS) is formed by a spring in series wit'h a Kelvin element (a  spring and dash-pot in 
parallel), and the deformation of the SLS is recoverable. A Kelvin element in series with a 
bfaxwell model is the conceptual model of a biviscous Burgers rheology. 
Our 2D models are of an infinite length fault, and since the length of the PSAF is about 
twice it,s locking depth it is important to consider the limitations of the 2D approximation. 
The result of ignoring the finite length of a rupture is that the amplitudes of the postseismic 
displacernents are damped by increasing amounts away from the fault, similar to  the damping 
of offsets predicted by a 2D coseismic model compared to those of a 3D model [Hetland and 
Huger, 2005al. We intend these results to provide initial constraints for more complex, 
three-dimensional models. 
6.2 Geodetic Data 
We use the raw, unfiltered daily position estimates of the 12 GPS stations near the PSAF, 
calculated by the Scripps Orbit and Permanent Array Center (SOPAC). The observed in- 
terseisniic deformation is relatively steady over the four to  eight year period preceding the 
San Sinieon rupture, and we remove the steady loading of the PSAF from the geodetic 
time series by subtracting a linear trend fit to the position estimates made before the San 
Simeon earthquake (Figure 6-2). At these stations, the postseismic transients following the 
San Sirneon rupture are fairly well described by a constant velocity change after the rupture 
(Figure 6-2). On the other hand. the transient deformation following the Parkfield rupture 
cannot be characterized by a constant velocity change, as the position estimates through 
time show large decelerations (Figure 6-2). To remove the postseisnlic transients due to the 
San Sinieon rupture from those due to the Parkfield earthquake. we assume that over the 
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1.5 years since the San Simeon rupture, the transients at the stations near the PSAF can 
be approximated by a constant velocity change (Figure 6-2). We subtract a linear trend fit 
to the position estimates made between the San Simeon and Parkfield ruptures from the 
geodetic time series after 22 December 2003. We then rotate the east and north components 
into components parallel and normal to the approximate trace of the PSAF (Figure 6-2). We 
estimate annual and semi-annual signals at  each station from the geodetic time series before 
the Parkfield event, and remove the estimated signals from the entire series. We arbitrarily 
remove the coseismic offsets due to the San Simeon and Parkfield ruptures by setting the 
mean of each segment of the time series that is before, between, and after the ruptures to 
zero (Figure 6-2). 
From the interseismic velocities observed at these stations, as well as several campaign 
GPS stations, prior to the San Simeon earthquake, Murray et al. [2001] inferred significant 
steady creep at the northern end of the PSAF, while the southern end is fully locked. The 
majority of the GPS stations we consider lie above a portion of the fault that is creeping 
between zero and about 15 mm/yr [Murray et al., 20011. We construct a 2D approximation 
of the model of Murray et al. [2001] by assuming that the interseismic velocities represent 
the sum of elastic strain accumulation on the PSAF and steady creep on the fault, with 
no depth dependence. We use the classic elastic half-space model (CEHM) of Savage and 
Burford [1973], where the fault is loaded by steady sliding on the fault below the locking 
depth. The CEHM is equivalent to a viscoelastic model with a fault loaded by far-field shear 
and a relaxation time much greater than the seismic repeat time [Hetland and Huger, 2005~1. 
Constraining the total slip-rate of the PSAF to be 34 mm/yr, we find 11.5 mm/yr of steady 
fault creep, while the rest of the fault slip is released seismically on a fault locked to 18.4 
km. 
The coseismic offsets detected by the Parkfield network are also well described by a 2D 
elastic half-space model (Figure 6-3b); however, the inferred locking depth is 9.5 km. A 
CAND raw time series rotated series cleaned series 
HOGS raw time series rotated series cleaned series 
Figure 6-2: Geodetic time series at  stations CAND and HOGS: the raw position estimates 
are shown in the left column, the de-trended time series rotated into the fault-parallel and 
normal components are shown in the middle column, and the cleaned time series (all offsets, 
as well as annual and semi-annual signals removed) are in the right column: u . ~  and u~ 
are the north and east position estimates, respectively? up and u, are the fault-parallel and 
fault-normal positions, respectively, and gray dots are the upper and lower la error bounds. 
Time is relative to  the Parkfield earthquake, and the times of the San Simeon and Parkfield 
ruptures are indicated with black dashed lines. Light gray and dark gray lines are the slopes 
of the position estimates before the San Sinieon rupture and between the San Simeon and 
the Parkfield ruptures, respectively. 
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Figure 6-3: Estimated interseismic velocities as a function of distance from the PSAF before 
(a) and coseismic offsets during (b) the Parkfield 28 September 2004 rupture (solid circles 
are the fault-parallel velocities and offsets, and open diamonds are the fault-normal com- 
ponents), and elastic half-space models fit to the interseismic velocities and the coseismic 
offsets (solid lines). See text for a description of the 2D models; the fault-normal velocities 
and displacements are zero in the 2D models. Fault trace is at  x = 0, and the coseismic 
offsets are from the SOPAC model (errors are not shown, but are generally smaller than the 
size of the circles). 
locking depth of 9.5 km is about two thirds of the geodetic locking depth determined by 
Murray et al. [2001], as well as the brittle-ductile transition determined by Eaton et al. 
[I9701 and Eberhart-Phillzps and Mzchael [1993]. Our smaller apparent locking depth is most 
likely due to our lack of consideration of the finite length of the rupt,ure in the 2D elastic-half 
space model. 
6.3 Postseismic Displacements 
We use a locking depth of 9.5 km in our 2D models. This value is smaller than appropriate 
for the PSAF [e.g., Eaton et al., 1970; Eberhart-Phillips and Mzchael, 19931; however, the 
2D model of the Parkfield coseismic offsets requires this smaller locking depth, and thus we 
take 9.5 km to be the locking depth of a 2D approximation of the PSAF. For simplicity, we 
assume that the elastic shear modulus of the upper layer (pc) is equal to  that of the lower 
region (pM) in all models. 
We first fit a 2D model of a fault in an elastic layer over a Maxwell viscoelastic half-space 
(the Maxwell model) to the cleaned, de- trended fault-parallel postseismic displacements. We 
vary the depth of the upper elastic layer (H) .  while we keep the locking depth (D) constant. 
For each value of H I D  we search for the optimal Maxwell relaxation time ( rM)  such that 
the postseisniic displacements predicted by the h~laxwell model best describe the observed 
postseismic displacements (Figure 6-4a). The best fitting model is found when H = D and 
m i  = 19.8 days (Figure 6-5). The fit to the data improves as H I D  decreases, although the 
improvement in fit is negligible for H < 1 .40  (Figure 6-4a). When H = 1 .30 ,  a Maxwell 
model with ~ ~ 1 1  ==: 9 days predicts postseismic deformation that fits the observed almost as 
well as the best model. 
We next fit a model of a fault in an elastic layer over a standard linear solid (SLS) half- 
space (the SLS model) to the postseismic displacements. We set D = H and vary the ratio 
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Figure 6-4: a) Misfit of the deformation predicted by Maxwell models to the observed 
postseismic deformation after the Parkfield earthquake as a function of HID. b) Misfit 
of the SLS models to the postseismic deformation as a function of pM/pK. C) Misfit of the 
Burgers models to the postseismic deformation as a function of pM/pK and qM/qK. Misfit 
= (4 - q5b)/4b, where 4 is a weighted root mean square error of all the position estimates 
and is the best fit (indicated on all panels by a star). 
Figure 6-5: De-trended and cleaned fault-parallel postseismic position estimates following 
the Parkfield earthquake, relative to the initial postseismic positions (light gray circles, 10 
errors shown) with the best fitting Maxwell ( T ~  = 19.8 days; black dashed lines), SLS 
( p M / p K  = 2.2 and TK = 3.7 months; grey dash-dot lines) and Burgers ( m u M / p K  = 1.4, 
TK = 36.0 days, and TM = 3.3 months; black solid lines) models. The displacements from 
the Maxwell and SLS models essentially over-plot each-other. 
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of the elastic shear modulus (pM) to the shear modulus of the Kelvin element (pK), finding 
the optimum transient Kelvin relaxation time (rK) for each model realization (Figure 6-4b). 
We find the best fit to the data when pM/pK = 2.2 and TK = 3.7 months in the SLS model 
(Figure 6-5). SLS models with pM/pK < 3 predict postseismic displacements that fit the 
observed about as well as the best SLS model (Figure 6-4b). pM/pK trades off with TK 
linearly, such that when pM/pK is 1.0 or 3.0, TK is about 2.9 or 4.2 months, respectively. 
The postseismic displacements from both the Maxwell and SLS models fit the observed 
postseismic deformation comparably (Figure 6-5). There is a systematic variation with 
time in the differences between the observed displacements and those from the Maxwell 
and SLS models (Figure 6-6a). The consistency of the residuals indicates that not all of 
the postseismic deformation from the Parkfield rupture can be described with the single 
phase of relaxation predicted by these univiscous models. In order to better describe the 
observed postseismic deformation, we fit the displacements from a 2D model of a fault in 
an elastic layer over a Burgers viscoelastic half-space (the Burgers model) to the observed 
deformation. We set D = H and vary both pM/pK and the ratio of the Maxwell viscosity 
(qM) to the transient Kelvin viscosity (m), finding the optimum Maxwell relaxation time for 
each model realization (Figure 6-4c). We find that a Burgers model with TM = 3.3 months, 
pM/pK = 1.43 and qM/qK = 5 (making TK = 36.0 days) fits the observed deformation 
best (Figures 6-4 and 6-5). As in the SLS models, there is a relatively broad minimum in 
the fit surface, and displacements predicted by Burgers models with TM = 2.3-12.8 months 
and TK = 32-39 days fit the observed displacements within 5% of the best fitting model. 
With the two phases of postseismic relaxation predicted by this biviscous Burgers model, 
the systematic trend in the residuals of the Maxwell and SLS models is removed (the x2 
per degree of freedom of the fit drops from 1.57 and 1.71 in the Maxwell and SLS model, 
respectively, to 1.29 in the Burgers model, with two and one additional model parameters, 
respectively). 
Figure 6-6: Residuals of the observed postseismic deformation (uobs) and the predicted 
deformation (urnod) of the preferred SLS (a) and Burgers (b) models. 
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6.4 Interseismic Velocities 
In the above analysis, we ignored the interseismic velocities observed before the 2004 rupture. 
The recurrence time of ruptures on the PSAF is about 20 years, and with material relaxation 
times of 0.05 years in the Maxwell model, the effects of the previous ruptures are negligible 
late in a seismic cycle. Likewise, the steady relaxation time in the best fit Burgers model 
is much smaller than the duration of the interseismic period. We assume that the PSAF 
ruptures periodically with a repeat time of 20 years and slip-rate of 22.5 mm/yr, which is 
the amount of slip released seismically in our 2D elastic model above (Figure 6-3). With 
rheologies of the best fit Maxwell or Burgers models and accounting for repeated earthquakes, 
the interseismic velocities late in the seismic cycle are those of simple shear (Figure 6-7). 
Even if we allow a variable amount of fault creep, the interseismic velocities in the Maxwell 
model do not match the observed (Figure 6-7). 
In order to have strain concentrated across the fault late in a seismic cycle, the steady 
component of the rheology must have a relaxation time comparable, or longer, than the 
seismic recurrence time [e.g., Hetland and Huger, 2005bl. In a Burgers model with TK = 3.7 
months and pM/pK = 2.2, as the value of TM increases the velocities are larger late in the 
cycle (Figure 6-7). The interseismic velocities sufficiently the observed when TM = 100 years 
in the Burgers model and we allow the fault to creep at 11.6 mm/yr (Figure 6-7). As TM 
in the Burgers model increases, the predicted velocities match the observed better and the 
required rate of fault creep decreases (Figure 6-7 inset). When TM = 1 year, the predicted 
interseismic velocities from the Burgers model fit the observed about 50% worse than when 
TM = 100 years, and the model requires 14 mm/yr of fault creep. When TM = 10 year, the 
model requires 12.0 mm/yr of creep, and the fit is 7.4% worse, and when TM 2 20 years, the 
creep rate is about 11.6 mm/yr and the model fits the observations within 1% of the best 
fit. As TM decreases, the Burgers model predicts greater postseismic deformation through 
time (Figure 6-8). Continued observations of postseismic deformation are needed to further 
interseismic velocity 
+Max-llmo: , o ,  . ,$  ;* + 1 
Burgers models 
X Maxwell model, vo = 15.1 mm/yr 
-lo Burgers model (c = 100 yrs), v = 11.6 rnm/yr 
-14 -12 -10 -8 -6 -4 -2 0 2 4 6 
x (km) 
Figure 6-7: Fault-parallel interseismic velocities estimated at the stations in the Parkfield 
network before the 2004 rupture (dots) with the interseismic velocities, assuming no fault 
creep, from a Maxwell model (rM = 19.8 days) and Burgers models (rK = 3.7 months and 
TM = 1, 5, 10, 20, 50, and 100 years; gray to black diamonds, shading as in Figure 6-8). Also 
shown are the interseismic velocities from the Maxwell model and the Burgers model with 
TM = 100 years, allowing the fault to creep at v,. Inset shows the misfit of the predicted 
interseismic velocities, allowing fault creep, from Burgers models (circles) as a function of 
TM in the Burgers rheology (dashed line is the misfit of the Maxwell model allowing fault 
creep). 
constrain TM . 
6.5 Discussion 
We found that a Burgers model with TK = 3.7 months and TM > 20 years approximates 
the observed postseismic deformation and interseismic velocities. This is roughly consistent 
with the Maxwell relaxation time estimated by Johnson and Segall [2004] of 24-622 years. 
The model of Johnson and Segall (20041 contained a second phase of deformation due to 
stress relaxation on a lower crustal shear zone with a viscosity of about 0.5-8.2~ 1017 Pa-sec. 
The viscosity of the Kelvin element required to fit the postseismic displacements is about 
1-6x10'~ Paesec, roughly consistent with the shear zone viscosity of Johnson and Segall 
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Figure 6-8: Fault-parallel position estimates at st ation HOGS (gray circles, la errors shown) 
with the best fitting Burgers models models with periodic ruptures and TK = 3.7 months 
and the indicated TM. Data and all models were de-trended using the velocities prior to the 
rupture. 
The postseismic displacements predicted by the Burgers models that fit the interseismic 
velocities do not adequately describe the two phases of observed postseismic deformation 
(Figure 6-5). Ignoring the interseismic velocities, we modeled the postseismic deformation 
using a Burgers model with TK M 1 month and TM M 3 months. However, to describe the 
interseismic velocities, a Maxwell relaxation time at least 10-20 years is required, and thus 
both phases of the observed postseismic deformation are transient. A model with a triviscous 
rheology (two transient viscous phases and a steady viscous phase with a steady relaxation 
time much longer than 20 years) would be more appropriate to describe the geodetic data at 
Parkfield. Multi-viscous rheologies are possible in the theory of Hetland and Huger [2005c]; 
however, in this paper we do not investigate them. 
While the evidence for two phases of postseismic relaxation is compelling, it is hardly 
conclusive. The period of the systematic variation of the residuals of the Maxwell and SLS 
models is roughly one year, indicating that these residuals might be seasonal signals unrelated 
to postseismic deformation. However, no corresponding annual signals were detected in 
the data covering the four years before the rupture. As stated above, we assume that 
the postseismic deformation from the San Simeon rupture is described by constant velocity 
changes at each geodetic station, and the residuals may reflect un-modeled postseismic effects 
from the San Simeon rupture. The residuals are of opposite sign across the fault (i.e., the 
model under-predicts the absolute value of the displacements on both sides of the fault; 
Figures 6-5 and 6-6) and postseismic relaxation from the San Simeon rupture would not 
produce postseismic deformation with a sign change across the PSAF. 
Other processes of postseismic relaxation may produce deformation that resembles that of 
a Burgers model. For instance, the postseismic relaxation from a Burgers model can be ade- 
quately described by a logarithmic function [Hetland and Huger, 2005a], which also describes 
low temperature creep [Lomnitz, 19561. Additionally, a logarithm is the 1D model describing 
postseismic deformation due to frictional after-slip [Marone et al., 19911. In fact, Marone 
et al. [1991] were able to describe the postseismic deformation following the 1966 Parkfield 
earthquake using their 1D after-slip model. After-slip models that consider rheologies other 
than friction are also based on logarithmic functions, [e.g., Montdsi, 2004; Perfettini and 
Avouac, 20041, and may describe the postseismic deformation following the 2004 Parkfield 
earthquake as well. The region below the locking depth of the SAF may support significant 
slip, both localized on the fault plane [e.g., Scholz, 19981 and distributed below the fault 
[e.g., Stewart et al., 20001. The Kelvin element has been proposed to describe time depen- 
dent grain boundary sliding in response to the stresses due to seismic wave propagation [e.g., 
Jackson et al., 20021, and on postseismic time scales, the transient Kelvin deformation may 
be an analogue for grain readjustment and distributed slip on joints in a heavily damaged 
zone below the fault. 
Additionally, frictional after-slip on the fault near the surface is probably significant. 
Indeed, damping of the displacements in the 2D models decreases with distance from the 
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fault at a faster rate than in comparisons of these 2D models to  3D models containing finite 
length ruptures [Hetland and Hager, 2005a1, leading us to agree that deformation due to 
near surface after-slip is significant at  the PSAF. Although we allow for a steady fault 
creep, we neglect stress dependent slip. Stress dependent slip can be incorporated into the 
models of Hetland and Hager [2005c] following the analysis of Johnson and Segall [2004]. 
Three dimensional modeling of the postseismic deformation will be required to distinguish 
possible viscoelastic relaxation from after-slip [e.g., Pollitz, 2003; Fialko, 20041. That there 
is significant postseismic deformation within a locking depth of the PSAF, argues that the 
deformation is dominated by stress relaxation in the crust [e.g., Hetland and Hager, 2005al. 
Finally, the effects of irregular fault rupture occurrence on the PSAF might contribute 
to the large velocities observed across the PSAF. During periods of heightened (quiescent) 
fault activity, interseismic velocities are always larger (lower) than during periodic seismic 
cycles [Meade and Hager, 2004; Hetland and Hager, 2005b], and with steady viscoelastic 
relaxation times as large as inferred, the effects of irregular rupturing of the PSAF will be 
significant [Hetland and Hager, 2005bl. If the PSAF has ruptured more frequently over the 
past century than the geologic average, then the interseismic velocities will be larger than in 
a periodic sequence, and our inferences of the steady relaxation time will be larger than the 
actual, and vice a versa. 
6.6 Conclusions 
In this paper, we examine the surface deformation before and after the 28 September 2004 
Parkfield, CA, earthquake (Mw = 6) using the 2D models of Hetland and Hager [2005c]. 
These two-dimensional models are of an infinitely long fault in an elastic upper crust over a 
linear viscoelastic half-space, and overly simplify the geometry of the Parkfield segment of 
the San Andreas fault (PSAF). The effects of finite length ruptures can be approximated by 
scaling factors of the modeled postseismic displacements [Hetland and Hager, 2005al. More- 
over, the rheologies in our 2D ~nodels may not be appropriate for the Parkfield region, as we 
cannot account for the complex? three-dimensional strain accumulation near the PSAF [e.g., 
Murray et al., 20011, and after-slip on the fault is most likely significant [e.g., Marone et al., 
19911. Nevertheless, we use these 2D models to place constraints on the rheology of the crust 
in the Parkfield region. Namely, we find that there are two phases of postseismic deforma- 
tion following the Parkfield earthquake. The time scale of the initial transient deformation 
is about one month, while the time scale of the second phase of postseismic deformation is 
3-12 months. These time scales are consistent with the transient time scale of 25 days found 
by Pollztz [2003] from modeling postseismic deformation following the 1999 Hector Mine 
earthquake in southern California. That there is significant postseismic deformation within 
a distance of one locking depth of the PSAF, argues that the deformation is dominated by 
the rheology of the crust. 
The velocities observed preceding the 2004 Parkfield rupture indicate that the steady 
relaxation time scale of the lithosphere is greater than the repeat time of ruptures on the 
PSAF. Both the interseismic velocities and the postseismic displacements can be described 
by a model of periodic ruptures on a fault in an elastic layer over a Burgers half-space, with 
transient and steady relaxation times of about 3.7 months and greater than 20 years, allowing 
for 11.6 nim/yr of steady creep on the PSAF. These relaxation times are consistent with 
those inferred by Johnson and Segall 120041 using a 2D model with Maxwell viscoelastic 
rheologies and a lower crust viscous shear zone. However, the single phase of transient 
postseismic deformation in this Burgers model does not capture the two phases of observed 
postseisniic deformation, indicating tha,t more than one transient component of relaxation is 
import ant over geodetic time scales. F ~ ~ r t h e r  constraints on the behavior of the lithosphere 
will be possible with continued observation of the postseismic deformation. In order to 
gain accura.te constraints on the rheology of the crust, any model of the deformation at 
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Parkfield should consider the full rupture history of the PSAF and simultaneously describe 
the multi-phase behavior of the postseismic deformation and the interseismic velocities. 
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Chapter 7 
A Consistent Model of Geodetic 
Observations Before and After the 17 
August 1999 Izmit Earthquake: 
Constraints on the Rheology of the 
Lithosphere 
Abstract 
We examine the interseismic deformation around the North Anatolian fault (NAF) zone 
in the region of the 1999 1zmit earthquake using two-dimensional models of a strike-slip 
fault repeatedly breaking an elastic layer over Maxwell, standard linear solid, and Burgers 
viscoelastic half-spaces. We ignore the rapid transient deformation observed during the 
first three months following the 1zmit rupture. The interseismic velocities and the later 
postseismic deformation can be described simultaneously using a model with a Burgers 
rheology, with transient (rK) and steady (rM) relaxation times of 3 years and greater than 
about 500 years, respectively. The inferred relaxation times depend on the assumed rupture 
recurrence time, as well as the shear moduli, and for reasonable ranges of these parameters, 
TK 2-5 years and TM is a t  least 400 years. Continued geodetic observations of postseismic 
deformat ion are needed to further bound the rheology of the lithosphere. 
7.1 Introduction 
On 17 August 1999, a magnitude 7.4 right-lateral strike-slip earthquake ruptured the north- 
ern strand of the North Anatolian fault zone, with the epicenter near the town of ~zrnit ,  
Turkey (Figure 7-1). Almost three months later, on 12 November, a magnitude 7.2 earth- 
quake occurred direct,ly to the east of the 1zmit rupture (Figure 7-1). The epicenter of the 
second earthquake was near the tourn of Diizce, Turkey, and the fault was loaded in part 
by postseisrnic deformation following the 1zmit rupture [Biirgrnann et al., 20021. The two 
earthquakes were the latest of a series of earthquakes that together have ruptured over 1000 
kilometers of the NAF in the last 100 years [Toksoz et al., 1979; Barka, 1996; Stein et  al., 
1997; Reilin,ger et al., 20001. 
Several GPS monuments were established around the North Anatolian fault zone starting 
in 1990, allowing interseismic velocities to be estimated prior to the 1999 1zmit rupture 
[McClusky et al., 2000; Meade et al., 20021. At the longitude of the 1zmit rupture, the 
North Anatolian fault zone is split into two strands, and throughout this paper we refer 
to the northern strand simply as the North Anatolian fault (NAF). Based on the pre-lzmit 
geodetic velocities, the slip rate of the NAF is about 22-24 mm/yr [e.g., Straub et al., 1997; 
McClusky et a,l., 2000; Meade et al., 20021. Geologic estimates of the NAF slip-rate generally 
range from 14 to 22 mm/yr [e.g., Westaway, 1994; Straub et al._ 19971, although geologic slip- 
rates as low as 5-8 mm/yr have been proposed [Barka and Kadinsky-Cade, 19881. Meade et 
al. 120021 described the interseismic geodetic velocities, observed before the 1zmit rupture, 
using a block model, inferring a locking depth of the NAF of 17 km, which is relatively 
coincident with the depth of seisniicit,y [e.g., . . . I .  The model of Meade et al. [2002] also 
estimates a,bout 5 mrn/yr of right-lateral slip on the southern stra,nd of the NAF (Figure 
7-1). The block model assumes that the fault slip-rate is constant through time and that the 
steady relaxation time scale of the lit'hosphere is much greater than the seismic repeat time, 
and thus that t,he interseismic velocities do not vary throughout the seismic cycle [Meade et 
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Figure 7-1: GPS stations (blue circles; red stars are the stations considered in this paper) 
in the region of the North Anatolian fault zone, and the approximate surface trace of the 
17 August 1999 1zmit (green lines; [Reilinger et al., 20001) and 12 November 1999 Diizce 
(magenta lines; [Burgmann et al., 2002bl) earthquakes. Coastlines (black lines), boundaries 
of fault bounded blocks from the model of Meade et al. [2002] (gray lines), the 2D approx- 
imations of the northern (green dashed line) and southern (gray dashed line) strand of the 
NAF, and the maximum range of the sub-network considered in this paper (cyan lines) are 
shown for reference. 
al., 20021. 
Geodetic observations following the 1zmit earthquake revealed significant postseismic 
transient deformation [e.g., Ergintav et al., 2002; Reilinger and McClusky, 20031. Burgmann 
et al. [2002] inverted the postseismic deformation observed over the time span between the 
1zmit and Diizce earthquakes for the distribution of slip along the fault plane at depth, 
determining that rapid post seismic slip at seismogenic depths was complementary to the 
coseismic slip distribution of Reilinger et al. [2000], with after-slip extending down to the 
base of the crust. Hearn et al. [2002] determined that models of viscoelastic flow were 
incompatible with the postseismic deformation observed during the first 298 days following 
~zmit,  and that the surface deformation was most likely caused by frictional after-slip on 
the extension of the fault at depth. Similarly, Montksi [2004] was able to describe the first 
87 days of postseismic deformation using a model of stress relaxation in a non-linear vis- 
cous shear zone, and inferred that fault reloading is important during this brief postseismic 
period. All of these models of postseismic deformation consider only the initial rapid tran- 
sient postseismic deformation. Continued observations reveal a second, less rapid, phase of 
postseismic deformation [Reilinger and McClusky, 20031, suggesting the need for postseismic 
models incorporating another transient relaxation mechanism. 
In this paper, we investigate the interseismic deformation around the NAF using mod- 
els with linear viscoelastic rheologies. We do not attempt to fit the transient postseismic 
deformat ion immediately following the 1zmit rupture that has been attributed to after-slip 
[Burgmann et al., 2002; Hearn et al., 2002; Montksi 20041. We use the analytic solutions of 
Hetland and Hager [2005c] to compute the interseismic deforrriation in models of a faulted 
elastic layer over Maxwell, standard linear solid (SLS), arid Burgers viscoelastic half-spaces. 
We repeat fault ruptures until the surface deformation is cycle invariant and no longer de- 
pends on the fault loading conditions [Hetland and Hager, 2004 and 2005bl. The 1zmit 
earthquake ruptured just over one hundred kilometers of the NAF [e.g., Reilinger et al., 
20001, and thus a 2D approximation is fairly reasonable. Hetland and Hager [2005a] demon- 
strated the effectiveness of using these 2D models to describe postseismic deformation from a 
three-dimensional viscoelastic model containing a finite length rupture, inferring rheological 
parameters consistent with those of the 3D model. The along-strike variation in geometry 
of 3D models results in damping of the displacements of the 2D models, where the damping 
factors are similar to the ratio of coseismic displacements due to an infinite rupture to those 
due to a finite rupture [Hetland and Hager, 2005al. We intend these 2D models to ~~rovide 
initial constraints for more realistic 3D models. 
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Figure 7-2: Fault-parallel velocities (red circles, 10 shown) before the 1zmit rupture and the 
best fit elastic interseismic strain accumulation model neglecting the SNAF (blue solid line), 
as well as approximating the strain accumulation on the southern strand of the NAF (SNAF) 
by an infinite length fault (usl = 4 mm/yr, D = 16 km; cyan line) located at x = -31 km: 
the cyan dashed line is the velocities of only the approximated SNAF. The orange triangles 
are the velocities corrected for the approximate strain accumulation on the southern strand. 
The NAF is located at x = 0, x < 0 is south, and velocities are from Meade et al. [2002]. 
Green symbol is the assumed interseismic velocity at station TUBI. 
7.2 Observed Interseismic Deforrnat ion 
We use data primarily from GPS stations that were operational both before the 1zmit earth- 
quake and for several years following (i.e., sites with interseismic velocity estimates and 
post seismic time series). We use the geodetic interseismic velocities estimated by Meade et 
al. [2002] and the postseismic geodetic time series of Reilinger and McClusky [2003]. The 
continuous GPS station TUBI was installed after the 1zmit rupture, and in order to use the 
continuous geodetic time series at TUBI, we assume a fault-parallel velocity based on an elas- 
tic strain accumulation model fit to the interseismic velocities at all of the nearby stations, 
assigning a 3 mm/yr error (Figure 7-2). Finally, we do not use the geodetic data during 
the three months following the 1zmit earthquake, since, in this paper, we do not attempt to 
model the initial, rapid transient deformation that is attributed to after-slip [Burgmann et 
al, 2002; Hearn et al., 2002; Montksi, 20041. 
, , 
Since the trend of the NAF is approximately east-west in the region of the 1znlit rupture 
(Figure 7-I), we take the west component of the geodetic deforrrlation to be fault-parallel. 
East of about 30.65'E (towards the eastern end of the 1zmit rupture), the surface trace of 
the 1zmit rupture deviates slightly to the north, and we only consider geodetic data west 
of this longitude (Figure 7-1). This constraint also minimizes the postseismic effects due 
to the later Diizce rupture. We do not rrlodel geodetic observations made at stations west 
of the 1znlit rupture, except for TUB1 (Figure 7-1). We separate the interseismic velocities 
from the postseismic displacements by removing a linear trend fit with slope given by the 
int erseismic velocities. 
The block model of Meade et al. [2002] resolved about 5 mm/yr of slip on the southern 
strand of the NAF. The southern strand does not run parallel to the northern strand and 
its geometry is rruore complex (Figure 7-I), and thus to fully account for the southern strand 
a three dimensional model is required. However, here we assume that the southern strand 
can be approximated by an infinite length fault, parallel to and 31 kilometers to the south of 
the northern strand (Figure 7-1). We then use the classic elastic half-space model (CEHM) 
of Savage and Burford [I9731 to calculate the velocities due to this proxy fault, assunling a 
slip-rate of 4 mnl/yr with the fault locked to 16 km depth (Figure 7-2). When we do not 
account for the southern strand and use a CEHM to estimate a locking depth and slip-rate 
of the northern strand, we find a larger slip-rate than has been proposed for the NAF [e.g., 
Westaway, 1994; Straub et al., 1997 McClusky et al., 2000; Meade et al., 20021. However, if 
we account for the strain accunlulation on the southern strand using the 2D approximation, 
we find a smaller, more realistic, slip-rate of the northern strand (Figure 7-2). We correct 
the observed velocities using this approximat ion of the southern strand (Figure 7-2). 
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7.3 Interseismic Deformation Models 
We repeat constant magnitude ruptures regularly through time until the interseismic defor- 
mation is cycle invariant [Hetland and Huger, 2005bl. We use a rupture recurrence time of 
300 years, which is consistent with the recurrence time of recent ruptures [e.g., Klznger et 
al., 20031. We use a locking depth of 16 km and assume that the fault ruptures the entire 
elastic layer. For simplicity, we assume that the shear modulus of the upper elastic layer, 
pc, is equal to the elastic shear modulus of the lower half-space, p ~ .  
We consider models with Maxwell, standard linear solid (SLS), and Burgers viscoelastic 
rheologies, which we simply refer to as Maxwell, SLS, and Burgers models. Both Maxwell 
and SLS rheologies are univiscous, where viscous relaxation of Maxwell or SLS rheologies is 
non-recoverable or recoverable, respectively (Figure 7-3). The Burgers viscoelastic rheology 
is biviscous, with both non-recoverable and recoverable viscous phases (Figure 7-3). We vary 
the viscoelastic material relaxation times in each model. We also vary the ratio of the elastic 
to the transient shear modulus in the SLS models, although we assume a value for pM/pK 
in the Burgers models. For each model realization, we fit the predicted postseismic displace- 
ments to the observed displacements. Similar to the observed postseismic deformation, we 
de-trend the modeled postseismic deformation by removing a linear trend fit to the modeled 
displacements prior to the rupture. We judge the model fit by a weighted average of the 
individual fits of the postseismic displacements and the interseismic velocities. We choose 
the weighting factor such that the fit to the postseismic displacements is more important 
than the fit to the interseismic velocities. 
We find that a Maxwell model with a relaxation time (rM) of about 6 months satisfies 
our fit criterion best, and we refer to this model as model M1 (Figure 7-4a and Table 7.1); 
however, the best fit to the interseismic velocities is for a Maxwell model with TM = 100 years 
(model M2; Figure 7-4a). An SLS model best describes the observations when p M / p K  = 5 
and the Kelvin relaxation time (rK) is about four years (model S1; Figure 7-4b and Table 
Figure 7-3: Conceptual models of a Maxwell (a), standard linear solid (b), and Burgers 
( c )  viscoelastic materials: springs and dash-pots represent elastic and viscous deformation, 
respectively, with shear moduli and viscosities p and 7. The Maxwell and Kelvin relaxation 
times are TM = =l)MpM and TK = qK/pK, respectively. 
Table 7.1: Rheologic parameters of the models discussed in this paper, and the X2/ f of their 
fit to the observed postseismic displacements ((t) and ($) mark the X2/ f of the fit to the 
postseismic displacements at all of the stations and only those at the campaign stations, 
respectively) and interseismic velocities assuming v,l = 24 mm/yr (number in parentheses 
assumes the SLS and Burgers models have the same degree of freedom). The elastic shear 
modulus is uniform in all models and H = D. 
7.1). The interseismic deformation predicted by SLS models with other values of pM/pK 
Illode1 
M l  
M2 
M3 
S1 
S2 
B1 
fit the data about as well, and when pM/pK = 1, 2, or 3, TK = 1.96, 2.61, or 3.16 years, 
postseismic 
x2 / f ( t )  x2/f($)  
0.75 1.93 
2.21 3.00 
2.22 3.01 
0.75 2.05 
0.76 2.08 
0.76 2.15 
rheolog~ PM/PK T K ( Y ~ ~ )  T M ( Y ~ ~ )  
Maxwell 0.46 
Maxwell 100.00 
Maxwell 3162.3 
SLS 5 4.22 
SLS 3 3.16 
Burgers 3 3.16 3162.3 
respectively (Figure 7-4b). Assuming that pM/pK = 3 in the Burgers models, we find that 
interseismic 
x2/f 
23.42 
1.36 
3.04 
3.86(4.50) 
2.25(2.63) 
2.64 
a model with TK z 3 years and TM = 3000 years best satisfies the fit criterion (model 
B1; Figure 7-4c and Table 7.1). However, Burgers models with 7~ > 500 years all predict 
interseismic deformation that fits the observed within 10% of the preferred model (Figure 
7-4c). We refer to the Maxwell and SLS models with TM and TK as in model B1, as models 
M3 and S2, respectively (Table 7.1). 
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misfit 
Figure 7-4: Misfit of the interseismic deformation predicted by the 2D models (H = D and 
pc = p M )  to the geodetic observations near the NAF (circles) : misfit = (4 - 4 b )  /$b, where 
$ is a weighted mean of the misfits to the postseismic displacements (diamonds) and the 
interseismic velocities (triangles), and $b is the best fit (gold star). The individual fits are 
not shown for all models. a) Misfit of the Maxwell models as a function of TM. b) Misfit 
of the SLS models as a function of TK for three values of pM/pK. C) Misfit of the Burgers 
models ( p M / p K  = 3) as a function of TM and TK: upper and right panels are profiles of the 
fit surface along the dashed lines; dash-dot line in upper panel is the misfit 10% worse than 
the best fit. 
The postseismic deformation predicted by all of the models with optimum rheological 
parameters (models MI, S1, S2, and B1) describe the observed postseismic deformation 
equally well, with a x2 per degree of freedom (x2/ f )  of about 0.75 (Figure 7-5 and Table 
7.1). On the other hand, Maxwell models M2 and M3 both predict steady postseismic 
deformation that does not adequately describe the observations (Figure 7-5) : the x2/ f of 
the postseismic displacements predicted by models M2 and M3 fit to the observed is 3.0 
(Table 7.1). 
The interseismic deformation predicted by model M1 late in the seismic cycle is that of 
simple shear, and is unable to describe the observed interseismic velocities (x2/ f = 23.4; 
Figure 7-6). On the other hand, model B1 predicts larger interseismic velocities, as well as 
a larger concentration of strain near the fault (x2/f = 2.6; Figure 7-6). The interseismic 
velocities from model M2 best predict the observed (x2/ f = 1.4; Figure 7-6), while the de- 
formation predicted by model M3 has too much strain concentrated near the fault compared 
to the observations (Figure 7-6). 
7.4 Discussion 
Any model with a Maxwell viscoelastic half-space is unable to explain both the observed 
interseismic velocities and post seismic displacements. A Maxwell model that predicts inter- 
seismic deformation with strain concentrated on the fault, also predicts postseismic defor- 
mation that differs from the observed systematically (Figure 7-5). This systematic deviation 
is most apparent in the continuous data at TUBI, and less apparent at the non-continuous, 
campaign stations; however, there is a reduction in the x2/ f when non-steady postseismic 
displacements are fit to all of the observations, as well as when the observations at TUBI 
are ignored (Table 7.1). 
Model B1 is able to describe both the postseismic displacements and the interseismic 
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Figure 7-5: Postseismic displacements following the 1zmit earthquake (red and blue circles 
are the campaign and continuous time series, respectively, and grey circles are data not 
used in our models; lo error bars shown) with those predicted by models B1 (black solid 
lines), S1 (black dash-dot lines), M1 (black dashed lines), and M2 (green dashed lines). All 
displacements are de-trended using the interseismic velocities. 
model M2 X 
. 
. . 
model M3 X 
h 
L 1 .  
E d< 
E 
E 
Y 
' 5 -  
9 fault parallel velocities 
10- corrected velocities 
* model B1 
15- 
100 50 0  50 
x (km) 
Figure 7-6: Fault-parallel velocities prior to the 1zmit rupture corrected for $train accumu- 
lation on the 2D approximation of the southern strand of the NAF (blue circles, lo errors 
shown; except for TUBI, velocities are from Meade e t  al. [2002]) with the predicted inter- 
. seismic velocities from models MI,  M2, M3, and B1, all with v,l = 24 mm/yr. Yellow circles 
: are the uncorrected, observed velocities. The NAF is located at x = 0 and x < 0 is to the 
south. See Table 7.1 for model parameters. 
. 
- . .  
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velocities near the NAF (Figures 7-5 and 7-6). In the Burgers models, the fit criterion 
is minimized in model B1 (rK = 3 years and TM = 3000 years), although with TK = 3 
years and TM > 500 years, the fit is within 10% of the best fit (Figure 7-4c). Given the 
approximation of the correction for the strain accumulation due to the southern strand, we 
feel that a 10% range of fits is reasonable. In the models of Hetland and Huger [2005c], as 
the Maxwell relaxation time of a Burgers model becomes infinite, the deformation becomes 
that of an SLS model. The interseismic velocities predicted by model S2 fit the observed 
velocities better than those predicted by model B1 (Table 7.1). Models S2 and B1 have 
the same transient viscosity and fit the postseismic observations equally well, and assuming 
that model S2 represents a Burgers model with infinite Maxwell relaxation time, the X2/ f of 
model S2 is comparable to that of model B1; hence, with these data we are unable to place 
an upper bound on the steady relaxation time scale. Assuming a Maxwell shear modulus 
(pM) of GOGPa, when p~ = 3pK, TK = 3 years, and TM = 500 in a Burgers model, q~ = 10lg 
Pa-sec and 7~ = lo2' Pansec. Tighter constraints on TM will require analysis of a longer 
duration of post seismic deformation. 
7.4.1 Dependence on assumed model parameters 
7.4.1.1 Dependence on depth dependent rheologies 
We assume that pc  = p~ in all of the models in this paper, although Hearn et al. [2002] 
demonstrated that the depth variation of the shear modulus is important in models of the 
Izmit rupture. If we assume that p~ = 3pK and pC/pM = 0.5, we predict that interseismic 
deformation from Burgers models with TM = 2635 years and TK = 2.6 years will fit the 
observed deformation as well as model B1, whereas if pc/pM = 2, TM = 3477 years and 
TK = 3.8 years. When pc/pM = 0.5, 1.0, and 2.0, Burgers models with TM = 417, 500, and 
555 years and TK = 2.6, 3.2, and 3.8 years, respectively, all fit the observations as well. 
The depth dependence of the viscous component of the rheologies also affects the inter- 
seismic deformation, and if the lower crust is weaker than the mant'le, strain will be more 
localized on the NAF, while a stronger lower crust will result in less localized strain [Sav- 
age, 2000; Hetland and Hager, 2005bl. As these models with a lower viscoelastic half-space 
slightly under-predict the amount of interseismic strain concentrated on the NAF prior to 
the 1zmit rupture (Figure 7-6): it is unlikely that the mantle is orders of magnitude weaker 
than the lower crust. 
In layered models containing only Maxwell viscoelastic rheologies, there are multiple time 
scales [e.g., Piersanti et al., 19951, and one may wonder whether the two relaxation times 
inferred here are due to  Maxwell viscoelastic relaxation in the lower crust and mantle, as 
opposed t,o a biviscous lower half-space. However, surface postseismic deformation from 
models with only TvIaxwell viscoelasticity show only one exponential-like phase of relaxation 
[e.g., Savage, 2000; Hetland and Hager, 2005~1. While we do not doubt that the strength of 
the lithosphere is depth dependent [e.g., Kohlstedt et al., 19951, these data appear to require 
a rheology capable of two phases of relaxakion. 
7.4.1.2 Dependence on the fault rupture history 
We assume a constant rupture recurrence time of T = 300 years in these calculations, which 
is close to the paleoseismologic estimates of t'he recent fault activity on the NAF [e.g., Klinger 
et a1 20031. In these models, if the rupture recurrence time, T ,  changes, the mechanical 
time scale of the steady deformation needs t'o change opposite to T in order for the model 
interseismic velocities to  be the same [e.g., Savage and Prescott, 1978; Hetland and Hager, 
2005~1. On the other hand, the mecha,nical time scale of the transient deformation must 
remain the same in order to  cont,inue to describe the postseismic deformation [Hetland and 
Hager, 2005~1. Burgers models with p c  = PA,, p,~, = 3pK, TK = 3 years and T ~ T  = 2107 
(333); 3162 (500), and 4216 (667) years; corresponding to T = 200: 300 and 400 years, 
respectively, all describe the def~rmat~ion ahout as well, where ~ ~ 1 4  in parentheses is the lower 
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bound. As TM becomes close to the recurrence time, the steady Maxwell relaxation of the 
Burgers rheology becomes more important during the early postseismic period, and these 
simple scaling estimations break down. 
With Maxwell relaxation times as long as those we infer in this paper, temporal clustering 
of ruptures on the NAF (i.e., several ruptures occurring over a relatively short time period 
followed by a period of little to no fault activity) may result in interseismic velocities sub- 
stantially different than those during a periodic rupture sequence. The amount of difference 
between interseismic velocities for clustered and periodic rupture sequences depends on the 
degree of clustering, as well as the model rheologies [Hetland and Hager, 2005bl. In general, 
during periods of heightened (quiescent) fault activity the interseismic velocities will always 
be higher (lower) than those during a periodic rupture sequence [Meade and Hager, 2004; 
Hetland and Hager, 2005bl. Hence, if the NAF has been recently more active than the long 
term geologic average, the viscoelastic relaxation times we infer will be slightly higher than 
the actual. 
7.4.2 Strain-accumulation on the southern strand of the NAF 
In the above analysis, we have approximated the velocities due to the strain accumulation 
on the southern strand of the NAF. If we do not correct the observed interseismic velocities, 
we find that a Burgers model with pK/pM = 3, TM = 500 years, and TK = 3.16 years is able 
to match the observed deformation if the slip-rate on the northern strand of the NAF is 36 
mm/yr (postseismic displacements x2/ f = 0.72, and interseismic velocities x2/ f = 1.72). 
Moreover, we find TM = 500 years to be the lower bound of permissible steady relaxation 
time scales. A slip-rate of 36 mm/yr is far higher than has been proposed for the NAF 
[e.g., Westaway, 1994; Straub et al., 1997 McClusky et a!., 2000; Meade et al., 20021; without 
correcting for the strain accumulation of the southern strand, the cumulative slip of the NAF 
zone is mapped onto the northern strand. While our correction for the southern strand is 
approximate, a more realistic correction of the velocities, accounting for the 3D geometry of 
the southern strand, will likely yield the same conclusions that we have reached. 
7.4.3 Consideration of postseismic after-slip 
Montisi [2004] described the first three months of postseismic deformation using a one- 
dimensional model of relaxation on a shear zone below the fault. Additionally, Hearn et 
al. [ZOO21 described the first 298 days of deformation using a 3D finite element model with 
frictional aft er-slip, ruling out viscous relaxat,ion as a deformat ion mechanism during this 
time span. However, their conclusion that viscoelastic deformation was implausible was 
largely based on the rapid transient deformation during the first three months following the 
Izmit rupture [Hearn et al., 20021. 
The postseismic deformation predicted by a model with Burgers viscoelastic rheologies 
can be described by a logarithmic function [Hetland and Hager, 2005a; Pollitz, 20051. One- 
dimensional models of postseismic deformation due t,o after-slip are also described by loga- 
rithmic forms, whether the after-slip is on a frictional surface [Marone et al., 19911, a shear 
zone with a non-linear rheology [Montisz, 20041, or brittle creep in a fault zone [Perfettini 
and Auouac, 20051. This coincidence led both Hetland and Hager [2005a] and Pollitt 120051 to 
speculate that postseismic displacements due to Burgers viscoelastic relaxation or after-slip 
are non-unique, but they only considered the steady phase of postseismic deformation im- 
mediately followed the transient phase. In this paper, we constrain the transient and steady 
phases of viscous relaxation using the postseismic displacements and interseismic velocities, 
respectively. 
We do not argue that the transient deformation observed immediately following the 
Izmit rupture is due to viscoelastic relaxation. Additionally, we cannot conclude that, after- 
slip is not responsible for the four years of postseisniic observations we consider. Hearn 
et al. [2002] predicted that postseismic deforma,tion due t,o frictional after-slip would fall 
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below GPS detection limits within five years, and thus continued geodetic observation will 
help to differentiate between the two mechanisms of postseismic deformation. Most likely, 
after-slip and viscous relaxation are occurring simultaneously, but with different time scales. 
Models considering both after-slip and viscous relaxation are required to  explore the trade- 
offs between these two mechanisms. Following the analysis of Johnson and Segall [2004], it 
is possible to  include stress dependent, viscous slip on the faults in the models of Hetland 
and Hager [2005c], while frictional after-slip might be incorporated following the method of 
Marone et al. [1991]. Finally, three dimensional models will be needed to discern between 
not only these two processes, but also other mechanisms of postseismic deformation [e.g., 
Hearn et al., 2002; Pollitz, 20031. 
7.5 Conclusions 
In this paper, we examine the interseismic deformation around the North Anatolian fault 
(NAF) zone in the region of the 1999 1zmit earthquake, using the two-dimensional models 
of Hetland and Hager [2005c]. These models are of a strike-slip fault repeatedly breaking an 
elastic upper layer overlying a viscoelastic half-space. We ignore the rapid transient defor- 
mation observed during the first 3 months following the izmit rupture, as this deformation 
has been largely attributed to  after-slip [Burgmann et al., 2002; Hearn et al., 2002; Montisi, 
20041. We neglect strain accumulation on the southern strand of the NAF, even though the 
geodetic data require about 5 mm/yr of slip on this fault [Meade et al., 20021. We assume 
that the shear modulus of the elastic seismogenic crust (pc) is equal to  that of the lower half 
space (pM), and we consider Maxwell, standard linear solid (SLS), and Burgers viscoelastic 
rheologies. 
We find that the interseismic velocities and the postseismic deformation can only be 
simultaneously described using a model with a Burgers rheology, with transient ( rK)  and 
steady (rM) relaxation times of 3 years and greater than about 500 years (i.e., VM greater 
than about respectively, assuming a recurrence time (T) of 300 years. As TM increases 
in the Burgers models, the fit to the interseismic velocities improves slightly. In these models, 
the steady relaxation time trades off with the assumed recurrence time, and Burgers models 
with TK = 3 years, TM = 333, 500, or 667 years and T = 200, 300, or 400 years, respectively, 
will predict similar deformation. Likewise, the optimum TK and TM varies with pC/pM, as 
well as the ratio of the transient to the steady shear moduli of the Burgers rheology, and for 
reasonable ranges of the ratios of the shear moduli, TK x 2-5 years and TM = 400 years or 
more. Consideration of the strain accumulation on both the northern and southern strands of 
the NAF within a three-dimensional model may place tighter constraints on the rheological 
parameters. Additionally, continued geodetic observations of postseismic deformation are 
needed to further constrain TM. 
An understanding of the trade off between after-slip and the viscoelastic relaxation con- 
sidered in this paper is crucial if the rheology of the lithosphere over seismic cycle time scales 
is to be better understood, and three-dimensional models are required to discern between 
different mechanisms of postseismic relaxation that may be important [e.g., Hearn et al., 
2002; Pollztz, 20031. These results will help to constrain rheologies that are needed to be 
considered in more realistic, computationally expensive three-dimensional models. 
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Chapter 8 
Conclusion 
I present a solution for the deformation near an infinite strike-slip fault in an elastic layer 
overlying a linear viscoelastic half-space. The solution is valid for any linear viscoelastic 
rheology and any earthquake sequence. Furthermore, I extend and generalize this solution 
to models with two layers over a half-space, with any layer being either elastic or viscoelas- 
tic. This analysis represents a partial generalization of the work of Savage and colleagues 
[Savage and Prescott, 1978; Savage and Lisowski, 1998; Savage, 20001, and is based on the 
transformation of elastic mechanical coupling coefficients to viscoelastic coefficients. The 
general form of these transformations were not known previously. The application of this 
transformation method to existing fault models, as well as to three dimensional models, 
follows directly. 
Using these analytic models, as well as finite element models, I examine models of inter- 
seismic deformation near infinite length strike-slip faults during the spin-up to a mature state 
and at a mature state. The time that a fault model takes to reach a mature state depends 
on the fault loading conditions, the presence of other faults, and the rheology, but is largely 
dominated by the non-recoverable viscous phase. When the model rheologies are capable 
of non-recoverable relaxation (i.e., viscoelastic rheologies containing a Maxwell element in 
series with one or more Kelvin elements) and the loading rate is constant in time, the mature 
deformation does not depend on the fault loading conditions [e.g., Li and Rice, 1987; Roy 
and Ro yden, 2000; Zatman, 2000], as well as demonstrated throughout this dissertation. 
Over enough cycles such that the cumulative deformation is block-like, the mature shear 
stresses average to a level determined by the fault slip-rate, the model rheologies, the fault 
loading conditions, and the initial stresses. For linear rheologies, the change in shear stress 
during spin-up is independent of the initial stresses. The initial velocities of the model 
are determined by the fault loading conditions, while over a time window for block-like 
deformation, the mature interseismic velocities average to the interseismic velocities of the 
equivalent elastic model, which I also refer to as the primary velocities. During a periodic 
rupture sequence, the cumulative deformation is block-like at  the end of one seismic cycle, 
and thus the interseismic velocities average to the primary velocities over one seismic cycle. 
When the elastic shear modulus of the model is uniform, the equivalent elastic model is 
the classic elastic half-space model of Savage and Burford [1973]. When the fault ruptures 
periodically, the mature interseismic deformation is cycle invariant (i.e., the same in all 
cycles). When the fault rupture sequence is composed of the periodic repetition of clusters 
of similar ruptures, the mature interseismic deformation is cluster invariant (i.e., the same 
in all identical clusters). 
When the fault ruptures randomly, the fault spins-up to a mature state that is the same 
as if the fault had ruptured periodically with t,he mean repeat. time and mean rupture offset. 
The evolution of interseismic deformation during periods when the fault,-slip rate changes, 
can be understood in terms of evolution to a new cycle invariant state. For example, around 
a, fault whose slip-rate has been faster than the long term average, interseismic velocities 
are larger than the invariant velocities and increase from cycle to cycle, as they build up 
toward the cycle invaria.nt velocities for the new, faster slip-rate. During the fault spin-up, 
periods of non-periodic fa.ult ruptures, a,nd when slip-rates repartition on adjacent faults, the 
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interseismic velocities are not cycle invariant, and the average interseismic velocities over one 
seismic cycle are not the primary velocities. 
Except in a few isolated rheological cases, heightened strain rates across faults is a con- 
sequence of repeated earthquakes. Only when the relaxation time scales of the lithosphere 
are much shorter than the rupture repeat times, is simple shear the correct preseismic de- 
formation model and can postseismic velocities be considered independent of all previous 
earthquakes [e.g., Savage and Prescott, 19781. When the relaxation time scales are much 
longer than the repeat times, the cycle invariant velocities are nearly those of the equivalent 
elastic model at all times during the seismic cycle [e.g., Savage and Prescott, 19781. 
There are multiple mechanical time scales in models with layered viscoelastic models 
[e.g., Peltier, 1974; Fang and Hager, 1995; Piersanti et al., 19951. However, not all of these 
times result in distinct phases of postseismic relaxation observed at the surface. For infinite 
length strike-slip faults, the surface displacements in layered models with only univiscous, 
Maxwell viscoelastic rheologies always exhibit one phase of relaxation. Layered models 
containing biviscous rheologies may produce multiple phases of relaxation; however, the 
relative strengths of the layers, in addition to the number of viscous phases in each layer, 
affect the distinctness of the phases of surface deformation. In the case when a faulted elastic 
layer is directly over a multi-viscous rheology, multiple phases of relaxation are always visible 
near the fault. As the deformation at increasing distance from the fault is dependent on the 
rheologies at increasing depths, the time scales of the postseismic displacements vary with 
distance from the fault. 
I demonstrate that the interseismic deformation both before and after the 2004 Parkfield, 
CA, and 1999 ~zmi t ,  Turkey, earthquakes, can be explained using a viscoelastic model with 
more than one viscous phase - a steady, non-recoverable viscous phase with a relaxation 
time decades to centuries, and one or more transient viscous phases with time scales on the 
order of months to a year. These transient viscoelastic rheologies may be proxies for grain 
readjustment and distributed slip in a heavily damaged zone below the fault, analogous to 
the conceptual models of time-dependent grain boundary sliding in response to the stresses 
due to seismic wave propagation [e.g., Jackson et al., 20021. Additionally, a transient viscous 
phase in combination with a steady phase (i.e., a Burgers rheology) can be described by 
a logarithmic function, which has also been proposed to explain low temperature creep 
[Lomnitz, 19561, as well as multiple forms of stress dependent after-slip [e.g., Marone et al., 
1991; Montkssi, 2004; Perfettini and Avouac, 20041. 
These simple two-dimensional models yield significant insight into how interseismic defor- 
mation is related to the rheologies and the fault rupture history. Researchers must consider 
the rupture history in order to  get accurate assessments on model parameters, whether using 
dynamic models of postseismic relaxation or kinematic models of interseismic velocities. 
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Appendix A 
Chapter 3 Appendicies 
A. 1 Finite Element Model Description 
We compute the deformation resulting from repeated earthquakes in two-dimensional models 
driven by far-field shear using the finite element program GeoFEST 4.5 [Lyzenga et al., 
20001. The models are composed of strikeslip faults breaking an elastic upper layer overlying 
viscoelastic middle and lower layers. The viscosities and shear moduli of the middle and lower 
layers are either identical (a one-layer model) or distinct (a two-layer model). The two- 
dimensionality of the model implies that the fault is infinite in length. The fault uniformly 
breaks the upper elastic layer, and the fault offset tapers linearly to zero over one element 
in the lower viscoelastic region. The thickness of the upper layer and middle layer is D and 
H ,  respectively. We vary both D and H ,  and the nominal thickness of the upper layer is Do. 
The distance from the fault to the sides of the models is variable, while we use a constant 
model thickness of 1200,. 
We use a graded element mesh, such that the node spacing is 0.20, over the upper and 
middle layers near the fault, and the node spacing increases by a factor of 1.2 towards the 
edges of the model. In depth, the mesh grading begins at the bottom of the middle layer, 
while laterally grading begins 2 0  from the fault. When there are two faults in the model, 
the node spacing is constant between the faults. We construct all of our models such that 
the upper a.nd middle layers are resolved by at least two elements each; however, we only 
use these low resolution models in some calculations in Section 3.2.3, while in other models 
we ensure that the upper two layers are each resolved by at least five elements. When the 
upper layer is resolved by five elements, the thickness of the layer is Do. 
When the model contains one fault the deformation is antisymmetric, a,nd we only model 
one half of the model, specifying a zero velocity boundary condition on the edge of the model 
containing the fault. When the model contains two faults, we compute the deformation in 
the entire model, and apply velocity boundary conditions on both sides of the model. In all 
models, we apply constant velocity boundary conditions on the sides not containing faults, 
while the top and bottom of t'he model are free-slip. 
A.2 Coupling Coefficients in Two-Layer Models 
In two-dimensional models of an elastic layer over a Maxwell viscoelastic middle layer and 
a nilaxwell viscoelastic lower half-space, there are two time scales in the solution for the 
surface displacements due to coseismic stress relaxation [Piersanti et al., 1995; Hetland and 
Hager, 2005bI. In the two-dimensional models in this paper, these two time scales arise from 
the two mechanical coupling coefficients from hhe elastic image solution of Chinnery and 
Jovanovich [1972] [Hetland and Hager, 2005hl. Defining the subscripts "ul" , "ml" , and "hs" 
to  signify the rheological parameters of the upper layer, middle layer, and lower half-space, 
the coupling coefficients are 
and 
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Figure A-1: a) Ratio of the coupling coefficients between the upper and middle layers (al)  
and. the middle layer and lower half-space (a2) normalized by 4 = (pul + pml) /pul as a 
function of rhs/rml; b ack dashed line is rhs = r d  . . .  b) a2/a1 for . rhS/rml . = 1 as a function of 
~ u l l ~ m l .  . . 
. . . . . .  
where = p,~/pd, ~2 = phs/pml, J = r h S / r d  and r, = q X / h  [Hetland and Hager, 2005bl. 
The ratio of the coupling coefficients is 
. . . . . . . . . . . . . .  , . . . . . .  
1 :  . * . .  
When the middle layer is weaker than the lower half-space, rh, > ?* and a2/a1 < 4, wheree' 
. . . .  . . . .  , . . . . .  > .  ' 1:  = ( h i +  prm),pui (Figure A-1). For instance, when p , ~  = p d ,  a2/al < 2 corresponds to a 
1. weak middle layer. 
